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Eutrophication-induced hypoxia in the coastal oceans has increased in spatial 

extent, duration, and severity since at least the 1950s. The sources of organic matter 

that fuels microbial degradation remain an issue closely related to the policy-making 

and management strategies. The Pearl River Estuary and the Chesapeake Bay, two of 

the largest estuaries in the world, both suffer from eutrophication and subsequent 

hypoxia with different severity under distinct hydrological settings and physical 

forcing. We conducted field surveys in these two large eutrophic estuaries to reveal 

the spatial distributions of carbonate system and oxygen, to distinguish the main 

biogeochemical control, and to quantify the relative contributions of allochthonous 

(terrestrial) and autochthonous (marine) organic matter to oxygen consumption in the 

hypoxic zones. Eutrophication can also enhance ocean acidification in the coastal 

regions. However, less is known about how eutrophic and seasonally hypoxic and 

anoxic water bodies resist coastal acidification. Based on a spatially-decoupled 

patterns of removal and addition of Ca2+, TA, and DIC along the main stem of the 

Chesapeake Bay as well as mineralogical evidence, we reveal that the recovering 

submerged aquatic vegetation induced by sustained nutrient reduction can serve as an 

efficient factory to produce CaCO3 solids, which are subsequently transported into the 

downstream corrosive subsurface waters, and dissolve to buffer pH decrease. This 

positive feedback to coastal restoration can shed light on eutrophication and 

acidification studies in coastal systems emerging with recovery signs.
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INTRODUCTION 

1.1 Coastal eutrophication and hypoxia 

Eutrophication is defined as an increase in the rate of supply of organic matter 

to an ecosystem (Nixon, 1995). Nutrient enrichment is recognized as the most 

important cause of eutrophication among other drivers, such as water turbidity 

declines, water residence time increases, and declines in grazing pressure on 

phytoplankton (Nixon, 2009). Excessive nutrient inputs to the coastal areas stimulate 

primary production and consequently fuel the microbial degradation of phytoplankton-

derived organic material, which consumes oxygen and produces carbon dioxide (CO2) 

(Fennel and Testa, 2018). Once the dissolved oxygen (DO) concentration decreases to 

< 2 mg L-1, it meets a threshold commonly defined as hypoxia (Vaquer-Sunyer and 

Duarte, 2008; Rabalais et al., 2010). Eutrophication-induced hypoxia in the coastal 

oceans has increased in spatial extent, duration, and severity since at least the middle 

of the twentieth century (Diaz and Rosenberg, 2008; Zhang et al., 2013; Rabalais et 

al., 2014). There are more than 500 hypoxic sites in the coastal waters reported since 

1950, and few of them (< 10%) were ever known to have hypoxia before 1950 

(Breitburg et al., 2018). Coastal hypoxia is detrimental to a variety of aquatic and 

benthic organisms and habitats, causing mass mortality, habitat loss, and enhancement 

of benthic nutrient efflux to the overlying water column, which would further degrade 

the coastal environments (Breitburg, 2002; Rutger et al., 2002; Wu, 2002). The 

increase of eutrophication-induced hypoxia and its subsequent detrimental effects on 
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ecosystems have made hypoxia a focus of scientific research and applied science in 

recent decades (Rabalais et al., 2014).  

1.2 Principle of hypoxia formation 

Coastal hypoxia in systems subject to anthropogenic perturbations can have 

different temporal and spatial scales of variability. Time scales vary from hours and 

days (diel or episodic) to weeks and months (seasonal) to year-round and decades 

(persistent), while spatial scales vary from small tributaries to rivers and estuaries to 

bays and inland seas to inner shelves (Diaz and Rosenberg, 2008; Kemp et al., 2009; 

Rabalais et al., 2010). Although hypoxic conditions span wide temporal and spatial 

ranges, the principles of hypoxia formation are fundamental (Fig. 1.1) (Rabalais et al., 

2010; Cai et al., 2011). Typically, thermohaline stratification provides a physical 

barrier to impede oxygen replenishment from the surface to the bottom water (Kemp 

et al., 2009). The rich nutrients in riverine inputs usually stimulate high primary 

production in the estuarine/coastal regions, supplying large amounts of organic matter 

to the isolated bottom water. Then, the microbial degradation of organic matter may 

consume oxygen at a faster rate than reaeration of the bottom water, eventually 

resulting in the occurrence of hypoxia (Kemp et al., 2009; Rabalais et al., 2010; Zhang 

et al., 2010). In other words, the organic matter is the ultimate cause of hypoxia under 

favorable physical settings (Rabouille et al., 2008; Rabalais et al., 2014).  
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Figure 1.1: A conceptual model for eutrophication-induced hypoxia and enhanced 

acidification in the coastal subsurface water (Cited from Cai et al. (2011)). 

River runoff delivers nutrient and organic matter from the land to the 

coastal ocean, and nutrient enrichment stimulates high primary 

production in the surface water. Subsequent settling and respiration of the 

organic matter below the pycnocline consumes oxygen and produce CO2 

and acid, resulting in the concurrence of hypoxia and enhanced 

acidification in the coastal subsurface water.  

1.3 Debate about the sources of oxygen-consuming organic matter  

The oxygen-consuming organic matter may come from outside the aquatic 

system (i.e., allochthonous source) or be internally generated within the system (i.e., 

autochthonous source) (Paerl, 2006; Rabalais et al., 2010). The allochthonous organic 

matter (Alloc-OC) is usually derived from the land, including not only natural inputs 

such as vascular plant detritus, soil leaching and erosion, but also anthropogenic inputs 

such as municipal and industrial wastewater, and agricultural runoff. In contrast, 

autochthonous organic matter (Autoc-OC) usually refers to the eutrophication-

stimulated primary production of phytoplankton in the estuaries/bays/coastal oceans. 
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The Autoc-OC is conventionally considered to be more labile (i.e., higher quality) 

than the Alloc-OC. A main reason is that algae do not require the carbon rich 

polymeric materials (e.g., lignin, cellulose and hemicellulose) included in physical 

support structures as the terrestrial vascular plants, and are thus more nitrogen and 

aliphatic rich than terrestrial organic matter (Hedges and Oades, 1997; Baldock et al., 

2004). Therefore, a large amount of literature suggests that Auto-OC dominates 

oxygen consumption in the coastal hypoxia (Zimmerman and Canuel, 2000; Boesch et 

al., 2009; Carstensen et al., 2014; Rabalais et al., 2014).  

However, recent studies propose a changing paradigm that the terrestrial 

organic matter is less degraded than what we previously thought (i.e., terrestrial 

organic matter represents highly degraded remnants of vascular plant sources that have 

aged in soils), and can be even more labile due to a priming effect (Bianchi, 2011). 

The priming effect means the enhanced degradation of recalcitrant organic matter in 

the presence of possible priming substrates, such as phytoplankton exudates, 

heterotroph metabolites and high nutrient cycling (Bianchi 2011), which eventually 

leads to the enhanced release of OM-derived carbon and nutrient as well as the 

enhanced consumption of oxygen. For instance, on the Louisiana continental shelf, 

evidence from long gravity cores suggested that enhanced river discharge and 

associated terrestrial organic matter input significantly contributed to the formation of 

recurring, natural bottom water hypoxia over at least the last 1000 14C years 

(Swarzenski et al., 2008). Moreover, isotopic and chemical biomarkers indicated that 

terrestrial organic matter from the Mississippi River and adjacent coastal marshes was 

comparatively less degraded, and experienced enhanced post-depositional decay in the 

fluid muds across the Louisiana shelf, which might thus be an important source to 



 

 

 

5 

oxygen consumption (Bianchi et al., 2011). Additionally, Wang et al. (2018a) 

illustrated that terrestrial organic matter contributed significantly to oxygen 

consumption in river-dominated low salinity regions, while marine organic matter 

overwhelmingly fueled microbial degradation and drove the formation of hypoxia in 

the high-salinity shelf area in the northern Gulf of Mexico (Wang et al., 2018a). 

Quantifying the relative contributions from Alloc-OC vs. Autoc-OC to oxygen 

consumption is closely related to the policy-making and management strategies that 

aim to reverse the negative effects of eutrophication and consequent hypoxia. 

Therefore, it is very important to quantify the distinct fractions of oxygen-consuming 

organic matter pool, because reducing the organic loading from land would require 

different management strategies relative to reducing nutrient loads (Rabalais et al., 

2010).  

1.4 Eutrophication and hypoxia in the Pearl River Estuary 

The Pearl River is the second largest river in China and ranks the thirteenth in 

the world in terms of freshwater discharge (Cai et al., 2004; Dai et al., 2008). It 

consists of three tributaries, and discharges into the northern South China Sea through 

three sub-estuaries via eight outlets (Guo et al., 2008). Lingding yang, the largest sub-

estuary, is conventionally regarded as the Pearl River Estuary (PRE), which is 

surrounded by several large urban areas including Guangzhou, Shenzhen, Zhuhai, 

Hongkong, and Mecau. The large human population, rapid economic development and 

urbanization have contributed to a series of environmental problems, such as 

eutrophication (Huang et al., 2003; Dai et al., 2008), harmful algae blooms (Huang et 

al., 2004), and hypoxia in the PRE (Yin et al., 2004; Dai et al., 2006; Ye et al., 2012; 

He et al., 2014; Qian et al., 2018).  
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In the upper estuary (i.e., upstream of Humen Outlet), dissolved inorganic 

nitrogen concentration of the freshwater endmember could reach up to 760 mol L-1, 

570 mol L-1 and 380 mol L-1 in winter, spring and summer, respectively (Dai et al., 

2014). Hypoxia occurs year-round throughout the water column in the severely 

polluted, turbid and well mixed upper estuary (He et al., 2014). Oxygen budget 

analysis demonstrated that microbial respiration of allochthonous organic matter and 

nitrification of ammonia from sewage discharge and local urban runoff are the two 

major processes responsible for the severe oxygen depletion, while benthic respiration 

and primary production appeared to be minor contributors (Dai et al., 2008; He et al., 

2014). The mid-estuary (i.e., inner Lingdingyang) is dominated by physical mixing 

between river water and seawater, thus hypoxia is commonly absent in this region 

(Guo et al., 2009; Qian et al., 2018). 

In the lower estuary (i.e., outer Lingdingyang and adjacent coastal waters), 

dissolved inorganic nitrogen concentration decreases rapidly to below ~50-100 mol 

L-1 in all seasons, due to mixing and dilution by seawater and utilization by 

phytoplankton primary production as the turbidity decreases and light availability 

increases (Dai et al., 2014). Geochemical and microfaunal evidence showed that 

severe oxygen depletion in the bottom water likely began to appear since the late 

1970s (Ye et al., 2012). In contrast to the year-round hypoxia in the upper estuary, the 

hypoxia in the lower estuary was reported as an episodic phenomenon in summer (Yin 

et al., 2004; Rabouille et al., 2008; Ye et al., 2012; Qian et al., 2018), due to its 

shallow depth, short water residence time and relatively strong physical forcings (e.g., 

current, tide, wind-driven mixing, typhoon) (Rabouille et al., 2008). A recent study 

revealed that eutrophication and primary production have been increasing and the 
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annual minimum bottom water DO has been declining over the past 25 years, 

suggesting that the lower PRE has emerged as a seasonal hypoxic zone (Qian et al., 

2018). Several studies have used the bulk composition parameters (C/N, 13C and 

15N) and biomarkers to explore the distribution and sources of organic matter in 

surface sediments of the lower PRE and the adjacent coastal water (Hu et al., 2009; He 

et al., 2010; Yu et al., 2010). However, no studies have focused on tracing the origin 

of oxygen-consuming organic matter, which really participates in the oxygen 

consumption and drives hypoxia formation. These studies are essential to gain our 

knowledge of hypoxia formation in a highly eutrophic estuary under dynamic physical 

settings, and are urgently needed by policy-makers to recognize the key drivers of 

hypoxia and take efficient and sufficient measures to reverse the passive effects of 

eutrophication and hypoxia. 

1.5 Eutrophication and hypoxia in the Chesapeake Bay 

The Chesapeake Bay is the largest estuary in the United States. Due to a large 

watershed area and long dendritic bay shorelines, the Chesapeake Bay is susceptible to 

human perturbations, and suffers from long-term eutrophication and hypoxia/anoxia 

(Kemp et al., 2005). Eutrophication in the Chesapeake Bay began after European 

colonization in the 17th and 18th centuries (Brush, 2009), and the nutrient loading 

increased steadily from the 1950s through the late-1980s (Hagy et al., 2004), after 

which loads stabilized and declined as a result of sustained management actions 

(Lefcheck et al., 2018). Seasonal bottom water hypoxia and anoxia begin to develop in 

the deep main channel in late spring and decline in late summer or early fall (Hagy et 

al., 2004; Murphy et al., 2011). Based on a long-term dataset during 1950 to 2001, 

Hagy et al. (2004) revealed that the summer hypoxic volumes in the Chesapeake Bay 
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have increased significantly and dramatically, with a trend expanding more southward 

and closer to the water surface. Through analyzing more recent data (1984-2009), 

Murphy et al. (2011) further demonstrated that hypoxic volume significantly increased 

in early summer (June to the first half of July), which is largely controlled by 

enhanced water stratification, and slightly decreased in late summer (late July to 

August), which is mainly regulated by the reducing nutrient loading. Moreover, a 

recent study has attributed the earlier hypoxia peak and breakup in 2000-2015 (vs. 

1985-1999) to the winter-ward and north-ward migration of the spring bloom (Testa et 

al., 2018).  

There is a distinct regional trend of net ecosystem metabolism (production 

minus respiration) along the salinity gradient in the Chesapeake Bay, with net 

heterotrophy prevailing in the upper bay, balanced metabolism in the mid-bay and net 

autotrophy in the lower bay (Kemp et al., 1997). The net heterotrophy is caused by the 

allochthonous organic matter input from river runoff and high turbidity, which 

enhances respiration and inhibits photosynthesis (Smith and Kemp, 1995). As the 

turbidity decreases seaward, the nutrient-stimulated primary production dominates the 

organic matter pool from the mid- to lower bay (Flemer, 1970; Smith and Kemp, 

1995; Kemp et al., 1997). Many studies have discussed the source and fate of the 

existing organic matter in the surface sediment or suspended particulate organic matter 

in the Chesapeake Bay (Biggs, 1970; Biggs and Flemer, 1972; Roden et al., 1995; 

Kemp et al., 1997; Fisher et al., 1998), among which some were based on bulk 

composition parameters or/and biomarkers (Horrigan et al., 1990; Canuel and 

Zimmerman, 1999; Canuel, 2001; Sigleo and Macko, 2002; Zimmerman and Canuel, 

2002; Bratton et al., 2003; Loh et al., 2006). Despite these extensive studies, none of 
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them have included direct quantitative measurements of the relative contributions of 

Autoc-OC vs. Alloc-OC to oxygen consumption in the hypoxic zone of the 

Chesapeake Bay. Such studies are necessary to reinforce budget analyses and to 

improve our understanding of hypoxia drivers, within the context of climate change 

(Najjar et al., 2010; Orth et al., 2017) and recent nutrient reductions (Lefcheck et al., 

2018; Testa et al., 2018). 

1.6 Indicators for the source of the existing organic matter 

Bulk organic 13C and C/N ratios are widely used as powerful indicators to 

trace the origin and flow of organic matter in the estuaries and marshes (Fig. 1.2) 

(Peterson et al., 1985; Cifuentes et al., 1988; Fogel et al., 1989; Thornton and 

McManus, 1994). Terrestrial plants are typically depleted in nitrogen compounds with 

C/N > 14, while freshwater/marine phytoplankton and bacterioplankton OM sources 

are characterized by higher nitrogen content with C/N < 8 (Goñi et al., 2003). 

Moreover, C3 vascular plants are characterized by an isotopic composition that is 

relatively depleted in 13C with 13C < -25‰, while C4 plants such as Spartina show 

significantly more enriched 13C values (~ -13‰) (Peterson and Fry, 1987). Marine 

phytoplankton exhibits intermediate values (-21~ -18‰) (Fry and Sherr, 1989). 

However, freshwater algae is characterized by a broader range of 13C (-30~ -25‰)  

due to the different concentrations and sources of DIC in these environments (Lamb et 

al., 2006).  
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Figure 1.2: Typical ranges of 13C and molar C/N ratio for organic inputs to coastal 

environments, modified from Fig. 2 in Lamb et al. (2006). Note that 

weight ratio adopted in the original figure was converted into molar ratio 

by multiplying by 1.17. 

More recently, proxies based on biomarker (e.g., lipid, sterol, pigment and 

lignin) contents and ratios provide an alternative approach to distinguish the origins of 

organic matter (Meyers, 1997; Hu et al., 2009; Xing et al., 2011). Although the 

biomarker molecules can convey detailed information of individual sources and 

diagenetic pathways, they only account for a very small fraction of the total organic 

mixture and cannot represent the whole mixture. On the contrary, the organic 13C and 

C/N ratio can represent the bulk composition of the entire mixture and are used more 
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prevalently in studies examining the source and fate of organic matter in the coastal 

environments (Meyers, 1997; Lamb et al., 2006). 

Most source partitioning studies in the estuarine and coastal sediments build on 

the assumptions that the isotopic ratios are conservative, and the isotopic distributions 

of organic matter are completely determined by the physical mixing of different 

endmember sources (Cifuentes et al., 1988). One can use the measured organic 13C 

only or 13C plus C/N of the samples, and those of the terrestrial and marine 

endmembers, to calculate their relative contribution fractions via a simple two 

endmember isotopic mixing model (He et al., 2010; Yu et al., 2010). However, these 

fractions can only represent the source information of the existing organic matter pool, 

but may not be able to represent that of the oxygen-consuming organic matter pool, 

which has already been oxidized by oxygen (i.e., this portion has disappeared after the 

microbial degradation). Whether organic matter is remineralized mainly depends on its 

quality rather than its quantity. Therefore, tracing the origin of oxygen-consuming 

organic matter cannot be resolved in a manner similar to that is widely used to 

differentiate the terrestrial/marine sources of the existing organic matter. A novel 

approach is needed to resolve the above question. 

1.7 DIC and 13C-DIC based method to trace the origin of the “disappeared” 

oxygen-consuming organic matter 

In the process of aerobic respiration of organic matter (e.g., 

(CH2O)106(NH3)16H3PO4+138O2→106CO2+16HNO3+H3PO4+122H2O), the organic 

matter (substrate) consumes oxygen and produces CO2 (product). Then CO2 is further 

dissociated into other inorganic carbon species (CO2(gaseous) ↔ CO2(aqueous) ↔ H2CO3 ↔ 

HCO3
- ↔ CO3

2-), increasing the pool of total dissolved inorganic carbon (DIC). Since 
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aerobic respiration of organic matter typically produces DIC with minor isotopic 

fractionation from the substrate organic matter (Hullar et al. 1996; Breteler et al. 2002; 

Lehmann et al. 2002), the 13C value of the added DIC should be identical to the 

isotopic composition of the respired organic matter (13COCx), which is more 13C-

depleted as a mixture of terrestrial (< -25‰) and marine (-21~ -18‰) organic sources. 

Once one determines the 13COCx, one can calculate the relative contributions from 

terrestrial and marine origins with 13COCx, 
13Cterrestrial and 13Cmarine based on a two 

endmember isotopic mixing model. Overall, the big challenge of this method is to 

accurately quantify the portion of the added DIC and its stable carbon isotope (13C-

DIC) released from aerobic respiration of organic matter.  

The DIC concentration and its stable isotope composition (13C-DIC) have 

been extensively applied to understand the sources and cycling of carbon in reservoirs 

(Barth et al., 2017), lakes (Quay et al., 1986; Herczeg, 1987), streams (Doctor et al., 

2008), rivers (Hélie et al., 2002; Brunet et al., 2005; Schulte et al., 2011; Sun et al., 

2011), estuaries (Hellings et al., 1999; Ahad et al., 2008; Samanta et al., 2015), coastal 

seas (Alling et al., 2012; Hu et al., 2016; Wang et al., 2016), and the open ocean 

(Quay et al., 2007; Racapé et al., 2014; Quay et al., 2017). The isotopic composition 

of carbon released during aerobic respiration can be calculated through mass balance 

of DIC and its stable isotope. In an exchange-restricted water body, one can assume 

that the respired carbon is added to water that initially had a uniform DIC and 13C-

DIC (Fry et al., 1991), and get a mass balance equation as below: 

𝛿13𝐶-𝐷𝐼𝐶𝑚𝑒𝑎𝑠 × 𝐷𝐼𝐶𝑚𝑒𝑎𝑠 = 𝛿13𝐶-𝐷𝐼𝐶𝑖𝑛𝑖 × 𝐷𝐼𝐶𝑖𝑛𝑖 + 𝛿13𝐶-𝐷𝐼𝐶𝑟𝑒𝑠𝑝 × (𝐷𝐼𝐶𝑚𝑒𝑎𝑠 − 𝐷𝐼𝐶𝑖𝑛𝑖) 

where the subscripts meas, ini and resp indicate measured value, initial value and 

respired carbon. This equation can be rearranged: 
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𝛿13𝐶-𝐷𝐼𝐶𝑚𝑒𝑎𝑠 = (𝛿13𝐶-𝐷𝐼𝐶𝑖𝑛𝑖 − 𝛿13𝐶-𝐷𝐼𝐶𝑟𝑒𝑠𝑝) × 𝐷𝐼𝐶𝑖𝑛𝑖 ×
1

𝐷𝐼𝐶𝑚𝑒𝑎𝑠
+ 𝛿13𝐶-𝐷𝐼𝐶𝑟𝑒𝑠𝑝 

A linear regression of measured 13C-DIC against the reciprocal of measured 

DIC (i.e., 1/DIC) will give the 13C value of the respired organic matter as the y-

intercept (Fry et al., 1991). This method has been used to trace the sources of respired 

organic matter in hydrologically stable waters, such as incubation experiments (Wang 

et al., 2018b), permanently stratified fjord (van Breugel et al., 2005), and subsurface 

water in the Black Sea and the Cariaco Trench (Fry et al., 1991).  

However, the 13C-DIC vs. 1/DIC method cannot be applied to hydrologically 

dynamic environments like estuaries and coastal waters where large salinity gradients 

exist, because in such systems the physical mixing (e.g., river water - seawater 

mixing) usually dominates and other biogeochemical processes (e.g., carbonate 

dissolution and sulfate reduction) may also contribute to the distributions of DIC 

concentration and its stable isotope. Thus, several steps need to be achieved before 

deriving the 13C of the respired organic matter. First, one needs to predict the 

background values resulting from physical mixing via the endmember mixing model. 

Second, one needs to check if the total non-conservative values (measured-predicted) 

are induced only by aerobic respiration or not. If not, it is necessary to further 

decompose the total non-conservative values into multiple components affected by 

each biogeochemical process. Finally, one can derive 13C value of respired organic 

matter from the slope of the regression between Δ(DIC×13C-DIC) and ΔDIC, where 

ΔDIC is the portion of biological DIC addition solely caused by aerobic respiration 

(Wang et al., 2016; Su et al., 2017; Wang et al., 2018a). An example of this approach 

was presented by Wang et al. (2016) in the hypoxic zone of the East China Sea off the 

Changjiang Estuary. They used a three endmember mixing model to remove the 
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influence of water mass mixing, then confirmed aerobic respiration as the predominant 

process controlling DIC and oxygen, and finally derived the 13C value of respired 

organic matter as -18.5‰. Thus, they concluded that marine organic matter 

overwhelmingly contributed to the oxygen consumption in the hypoxic zone. 

Considering the dynamic estuarine circulation in both the Pearl River Estuary 

and the Chesapeake Bay, we applied a three endmember mixing model to the lower 

Pearl River Estuary and a two endmember mixing model to the Chesapeake Bay 

following previous work (Han et al., 2012; Cai et al., 2017). Multiple biogeochemical 

tracers (O2, Ca2+, H2S) were used to quantify the fractions of DIC influenced by 

aerobic respiration, carbonate dissolution, and sulfate reduction in the sub-pycnocline 

waters. The 13C value of the respired organic matter was then derived based on mass 

balance of DIC and its stable isotope. Note that we also developed a novel analysis 

approach that can simultaneously measure DIC and 13C-DIC with high accuracy and 

precision comparable to the traditional methods of non-dispersive infrared absorption 

(NDIR) for DIC analysis and isotope ratio mass spectrometry (IRMS) for 13C-DIC 

analysis (Appendix A). By combining those analyses with an examination of the bulk 

composition (C/N, 13C) of the suspended particulate organic matter in the surface 

water along the full salinity gradient, we were able to quantify the sources of oxygen-

consuming organic matter. Finally, we compared the source partitioning results in the 

hypoxic zones of the Chesapeake Bay with the Pearl River Estuary, in order to gain 

new insights on the formation and maintenance of hypoxia. The case studies on source 

partitioning of oxygen-consuming organic matter in the lower Pearl River Estuary and 

the Chesapeake Bay are presented in Chapter 2 and Chapter 3, respectively.   
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1.8 Ocean acidification vs. coastal acidification 

The CO2 emission from fossil fuel combustion and land use changes have 

increased the atmospheric CO2 concentrations from ~280 ppm in the pre-industrial era 

to above 400 ppm at present (www.esrl.noaa.gov/gmd/ccgg/trends/) (Canadell et al., 

2007; Le Quéré et al., 2015). Meanwhile, the global ocean has captured approximately 

30% of the anthropogenic CO2 emissions from the atmosphere (Sabine et al., 2004), 

lowering average surface water pH by 0.1 unit and aragonite saturation state (Ωarag) by 

0.5 unit. This process, known as ocean acidification (Gattuso et al., 2015; Feely et al., 

2017), is harmful to many marine organisms and ecosystems (Orr et al., 2005; Fabry et 

al., 2008; Kroeker et al., 2013). 

In contrast, pH in the coastal ocean has more intense variability and more 

controls than the classic ocean acidification (see Fig. 1.3), which is primarily caused 

by the increasing oceanic uptake of anthropogenic CO2 emission. For instance, the diel 

changes of pH can reach as high as 1.0 unit over the average in the metabolic-intense 

ecosystems (e.g., salt marshes, seagrass meadows, mangroves and coral reefs) (Duarte 

et al., 2013), which is significantly larger than that of the open ocean (~0.1 unit). The 

regulation of pH in coastal waters is much more complex as it depends on the 

processes affecting pH in the open ocean as well as watershed/river inputs, the 

upwelling of CO2 enriched deep water, hydrological mixing, atmospheric acid 

deposition, and ecosystem metabolism (Feely et al., 2010; Duarte et al., 2013; Wallace 

et al., 2014). As a result, the observed trends in surface water pH in coastal ecosystems 

display a variety of patterns, including periods of stable, increasing and decreasing pH 

(Waldbusser et al., 2011; Duarte et al., 2013). 
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Figure 1.3: Conceptual diagram showing the multiple processes regulating pH in a 

wide range of spatial and temporal scales (Cited from Duarte et al. 

(2013)). The characteristic change rate of pH increases as the spatial 

scale decreases. 

1.9 Enhanced coastal acidification  

As mentioned in section 1.1, nutrient enrichment in coastal waters has caused 

the accumulation of algal biomass, and the subsequent microbial degradation of this 

labile organic matter consumes oxygen and contributes to the formation of hypoxia. 

The same aerobic respiration process 

((CH2O)106(NH3)16H3PO4+138O2→106CO2+16HNO3+H3PO4+122H2O), however, 

also produces CO2 and acid, lowering the pH in the hypoxic zone (see Fig. 1.1). Thus, 

the eutrophication is also regarded as an important regulator controlling the pH 

dynamics or acidification in the coastal ocean (Sunda and Cai, 2012; Wallace et al., 

2014; Feely et al., 2017). The effects of eutrophication on carbonate chemistry can 

exceed that of the classic ocean acidification from anthropogenic CO2 by either 
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increasing pH where primary production dominates (Borgesa and Gypensb, 2010), or 

decreasing pH where respiration dominates (Cai et al., 2011), the latter of which is 

usually associated with coastal hypoxia (Feely et al., 2010; Feely et al., 2017). For 

instance, Cai et al. (2011) revealed that the present pH in the oxygen-depleted sub-

pycnocline waters of the northern Gulf of Mexico has decreased as much as 0.45 unit 

relative to the pre-industrial condition, in which classic ocean acidification contributes 

0.11 unit and organic matter respiration contributes 0.29 unit, and the additional drop 

of 0.05 unit is caused by the decreasing buffering capacity of CO2-enriched waters. 

Overall, acidification in the coastal waters can be enhanced by eutrophication and 

subsequent hypoxia/anoxia via the accumulation of CO2 and acid, and the weakening 

of buffering capacity below the pycnocline (Egleston et al., 2010; Feely et al., 2010; 

Cai et al., 2011; Sunda and Cai, 2012; Hu and Cai, 2013; Hagens et al., 2015; Feely et 

al., 2017). 

1.10 Eutrophication-hypoxia induced CaCO3 dissolution 

The addition of CO2 from the atmosphere and respiration can increase the 

hydrogen ion and bicarbonate concentrations but decrease the carbonate ion and the 

saturation state (Ω) of CaCO3 minerals (Feely et al., 2017), which threatens many 

marine calcifying organisms (Doney, 2006; Doney et al., 2009). The related chemical 

reactions are described by the equations below: 

CO2(aqueous) + H2O + CO3
2- ↔ 2HCO3

2- 

Ω = [Ca2+][CO3
2-]/Ksp

* 

where [Ca2+] and [CO3
2-] are the concentrations of dissolved calcium and 

carbonate ions, and Ksp
* is the stoichiometric solubility product at saturation for 

CaCO3 (Feely et al., 2017). When Ω>1, CaCO3 precipitation or preservation is 
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thermodynamically favored; when Ω=1, CaCO3 minerals are in equilibrium with the 

surrounding water; and when Ω<1, CaCO3 dissolution is favored (Mucci, 1983). The 

CaCO3 dissolution induced by acidification would otherwise increase the alkalinity of 

water, and is thus proposed as a buffer to neutralize anthropogenic CO2 uptake 

(Andersson et al., 2005; Macreadie et al., 2017). A recent study has demonstrated that 

CaCO3 dissolution can offset a significant proportion of the metabolic CO2 in the 

Chesapeake Bay, thus providing a substantial negative feedback to coastal 

acidification (Cai et al., 2017). 

1.11 CaCO3 formation 

Very few studies, however, have linked CaCO3 dissolution to the timing and 

location of its formation in coastal waters (Abril et al., 2003; Waldbusser et al., 2013). 

These dynamics are essential to understand, given their capacity to mediate pH and 

atmospheric CO2 concentrations (Ware et al., 1992; Cai et al., 2017). While CaCO3 

dissolution generates alkalinity and buffers against acidification, the formation of one 

mole of CaCO3 consumes two moles of bicarbonate and generates one mole of CO2 

(Ca2++2HCO3
-↔CaCO3+CO2+H2O), which alternatively has the potential to enhance 

acidification and CO2 evasion to the atmosphere. In coastal waters, CaCO3 can be 

formed via abiotic precipitation or biotic production, which are usually associated with 

coral reefs, calcareous algae (Borowitzka and Larkum, 1987), molluscs (Chauvaud et 

al., 2003), bacteria (Lesley A. Warren, 2001), fish (Perry et al., 2011) and aquatic 

plants (Borowitzka, 1984). Recently, seagrass meadows have been shown to be major 

sites for CaCO3 accumulation and storage in high salinity waters (Mazarrasa et al., 

2015). In addition to the seagrass-calcifying algae, infauna and epibiont community, 

the seagrass Thalassia testudinum itself can accumulate needle-like aragonite crystals 



 

 

 

19 

within its cell walls and externally on the blade surface through biologically induced 

precipitation (Enríquez and Schubert, 2014).  Inside seagrass meadows, the CO2 

released from CaCO3 formation could be utilized by plant photosynthesis and thus not 

released to the ambient water or atmosphere. Once the CaCO3 crystals escape the 

seagrass beds (Koch, 1999; Corlett and Jones, 2007), they have a potential to be 

transported to carbonate-undersaturated water where they can dissolve, increase 

alkalinity, and reduce the concentration of H+. 

1.12 Acidification and CaCO3 dynamics in the Chesapeake Bay 

The Chesapeake Bay is one of the most studied estuarine systems in the world, 

and has long-term biogeochemical records and an abundant literature on 

eutrophication, hypoxia/anoxia and organic carbon budgets (Kemp et al., 1997; Kemp 

et al., 2005; Murphy et al., 2011; Testa et al., 2017). However, the studies on the 

carbonate system and acidification were quite limited though more related 

publications have been coming out in recent several years. Two earlier studies 

examined the CO2 system and pH in the James and York sub-estuaries and 

surrounding regions (Wong, 1979; Raymond et al., 2000). Waldbusser et al. (2011a, b) 

revealed that polyhaline surface water has suffered a long-term pH decline related to 

eutrophication, and lower pH in the bay waters could reduce oyster biocalcification 

rate and increase shell dissolution rate, especially for fresh shells. Cai et al. (2017) 

found a pH minimum at mid water depth where acids were generated as a 

consequence of oxidation of reduced chemical species (e.g., H2S, Mn2+, Fe2+) in 

waters mixed upward from the anoxic depths. They also suggested that a large 

synergistic effect from river-ocean mixing, global and local atmospheric CO2 uptake, 

and CO2 and acid production from respiration and other redox reactions has led to a 
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weak acid buffering capacity, severe acidification and increased CaCO3 dissolution in 

the Chesapeake Bay. Brodeur et al. (2019) presented for the first time the observation-

based seasonal and spatial distributions of DIC, TA and pH along the main stem of the 

Chesapeake Bay, and suggested that the large DIC addition in the mesohaline water 

was likely due to respiration and CaCO3 dissolution. A recent modeling study revealed 

that reductions in riverine nutrient loading would decrease the acid water volume 

(pH<7.5) and reduce the duration of acidic events when bottom pH<7.5 in the mid-bay, 

but increase the duration in the upper bay (Shen et al., 2019). 

As an eutrophic estuary, the Chesapeake Bay supports a productive shellfish 

industry (Schulte, 2017) and a diverse assemblage of submerged aquatic vegetation 

(SAV) (Lefcheck et al., 2018). Waldbusser et al. (2013) revealed that oyster 

calcification (and subsequent shell recycling) had significant impacts on the bay-wide 

alkalinity budget, but only accounted for a small fraction of the estimated bay-wide 

alkalinity loss. The SAV beds, as potential hot spots of CaCO3 formation (section 

1.11), may account for an important portion of the remaining alkalinity loss. 

Anthropogenic perturbations have altered the distribution, abundance and diversity of 

SAV in the shoals of the bay and its tributaries (Orth and Moore, 1983; Moore et al., 

2000; Orth et al., 2010), including a bay-wide decline of SAV that began in the 1960s, 

accelerated in the early 1970s, and continued through 1980 (Orth and Moore, 1984). 

From 1984 to 2015, SAV was restored with a 316% increase in coverage due to the 

successful nutrient reduction (section 1.5) (Lefcheck et al., 2018). In particular, there 

have been widespread SAV resurgences throughout the tidal fresh and oligohaline 

portions of the mainstem Bay and its tributaries over the last decade (Orth et al., 

2010). Brodeur et al. (2019) examined the TA to DIC ratio in the upper bay and 
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speculated about a link between the removal of DIC, TA in the salinity <5 zone and 

the photosynthesis and CaCO3 formation in the SAV-inhabited tidal fresh flats. 

Overall, the Chesapeake Bay is an ideal system to study CaCO3 dynamics 

because it suffers from hypoxia/anoxia-enhanced acidification and associated bottom-

water CaCO3 dissolution, but also supports abundant calcifying organisms. To reveal 

how a large estuary responds to the dual-stresses of eutrophication and acidification, 

we examined the spatial and temporal patterns of CaCO3 formation and dissolution in 

the Chesapeake Bay. A cruise was conducted along the bay channel in August 2016, at 

a time of peak hypoxia and anoxia and SAV biomass. Supplementary cruises were 

conducted in the Susquehanna Flats to collect solid samples of surface sediments and 

SAV leaves. Electron microscopy and X-ray energy dispersive microanalysis were 

applied to confirm the existence of CaCO3 solids precipitated on the leaf surface 

within the SAV beds. Non-conservative behaviour of calcium ions (Ca2+), dissolved 

inorganic carbon (DIC) and TA in the water column was derived using a two 

endmember mixing model. We also quantified the contributions from different 

biogeochemical processes to non-conservative DIC and TA, and pH changes based on 

appropriate chemical proxies and stoichiometry. Finally, we estimated the supply-

consumption relationship of CaCO3 and proposed a bay-wide self-regulated pH buffer 

mechanism. The case study on acidification and CaCO3 dynamics in the Chesapeake 

Bay is presented in Chapter 4.   
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TRACING THE ORIGIN OF THE OXYGEN-CONSUMING ORGANIC 

MATTER IN THE HYPOXIC ZONE IN A LARGE EUTROPHIC ESTUARY: 

THE LOWER REACH OF THE PEARL RIVER ESTUARY, CHINA1 

2.1 Abstract 

We assess the relative contributions of different sources of organic matter, 

marine vs. terrestrial, to oxygen consumption in an emerging hypoxic zone in the 

lower Pearl River Estuary (PRE), a large eutrophic estuary located in Southern China. 

Our cruise, conducted in July 2014, consisted of two legs before and after the passing 

of Typhoon Rammasun, which completely de-stratified the water column. The 

stratification recovered rapidly, within one day after the typhoon. We observed algal 

blooms in the upper layer of the water column and hypoxia underneath in bottom 

water during both legs. Repeat sampling at the initial hypoxic station showed severe 

oxygen depletion down to 30 mol kg-1 before the typhoon and a clear drawdown of 

dissolved oxygen after the typhoon. Based on a three end-member mixing model and 

the mass balance of dissolved inorganic carbon and its isotopic composition, the 13C 

of organic carbon remineralized in the hypoxic zone was -23.2±1.1 ‰. We estimated 

that 65±16 % of the oxygen-consuming organic matter was derived from marine 

sources, and the rest (35±16 %) was derived from the continent. In contrast to a 

                                                 

 
1 Su, J., Dai, M., He, B., Wang, L., Gan, J., Guo, X., Zhao, H. and Yu, F., 2017. 

Tracing the origin of the oxygen-consuming organic matter in the hypoxic zone in a 

large eutrophic estuary: the lower reach of the Pearl River Estuary, China. 
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recently studied hypoxic zone in the East China Sea off the Changjiang Estuary where 

marine organic matter stimulated by eutrophication dominated oxygen consumption, 

here terrestrial organic matter significantly contributed to the formation and 

maintenance of hypoxia. How varying amounts of these organic matter sources drive 

oxygen consumption has important implications for better understanding hypoxia and 

its mitigation in bottom waters.  

2.2 Introduction 

The occurrence of hypoxia has been exacerbated worldwide (Nixon, 1995; 

Diaz and Rosenberg, 2008; Rabalais et al., 2010; Zhang et al., 2013). In recent 

decades, more than 400 coastal hypoxic systems have been reported with an 

exponential growth rate of 5.5±0.23 % yr-1, demonstrating their persistence and 

complexity with respect to both science and management (Diaz and Rosenberg, 2008; 

Vaquer-Sunyer and Duarte, 2008). Hypoxia may not only reduce biodiversity and 

endanger aquatic and benthic habitats, but also alter the redox chemistry in both the 

water column and the underlying sediments, triggering the release of secondary 

pollutants (Breitburg, 2002; Rutger et al., 2002). Moreover, the management and 

recovery of these systems are complicated due to the hysteresis of hypoxic conditions, 

and the varying timescales of biological loss (within hours to weeks) and recovery 

from hypoxia (from months to years) (Steckbauer et al., 2011). 

  Coastal hypoxia usually occurs in stratified water columns where the 

downward mixing of oxygen from the surface is impeded (Kemp et al., 2009). Below 

the pycnocline, aerobic respiration is usually the predominant sink of oxygen. Organic 

matter, which consumes dissolved oxygen (DO) as it becomes oxidized, is thus the 

ultimate cause of hypoxia under favourable physical settings (Rabouille et al., 2008; 
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Rabalais et al., 2014; Qian et al., 2017). The organic carbon (OC) that fuels 

respiration-driven reduction of oxygen in these systems could originate from either 

eutrophication-induced primary production (marine OC; OCmar), or naturally and/or 

anthropogenically driven delivery from terrestrial environments (terrestrial OC; OCterr) 

(Paerl, 2006; Rabalais et al., 2010). 

  The question of how much OC in hypoxic zones is supplied from on-site 

primary production versus the quantity derived from terrestrial sources has been an 

issue of debate (Wang et al., 2016). A number of the phytoplankton-centric hypoxia 

literature suggests that OCmar dominates oxygen consumption in hypoxic zones, owing 

to its higher microbial availability than OCterr (Zimmerman and Canuel, 2000; Boesch 

et al., 2009; Carstensen et al., 2014). Wang et al. (2016) quantified for the first time 

the relative contributions of particulate OCmar (POCmar) and particulate OCterr (POCterr) 

in consuming DO in the bottom waters of the East China Sea (ECS) off the 

Changjiang Estuary (CJE), and found that POCmar dominated DO consumption. 

However, other studies suggest that POCterr may also play an important role 

(Swarzenski et al., 2008; Bianchi, 2011; Bianchi et al., 2011). It is thus very important 

to quantify the relative contributions of organic matter (OCmar vs. OCterr) driving the 

onset and maintenance of hypoxia in coastal systems, since reducing organic matter vs. 

nutrient inputs requires a different set of management strategies.  

  The Pearl River Estuary (PRE, 21.2° N–23.1° N, 113.0° E–114.5° E) is 

surrounded by several large cities including Hong Kong, Shenzhen and Guangzhou 

and has received very high loads of nutrients from the drainage basin in the last three 

decades.  As such, eutrophication has increasingly become an issue of concern (Huang 

et al., 2003; Ye et al., 2012). Dissolved inorganic nitrogen (DIN) concentrations in the 
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PRE have increased approximately 4-fold from 1986 (19.3 mol L-1) to 2002 (76.1 

mol L-1)  (He and Yuan, 2007). This DIN increase has been attributed to increased 

inputs of domestic sewage, industrial wastewater, agricultural runoff and aquaculture 

in the watershed (Huang et al., 2003). 

  Recent observations based on monthly surveys between April 2010 and 

March 2011 and long term monitoring data from 1990 to 2014, have suggested that the 

lower PRE has emerged as a seasonal hypoxic zone (Qian et al., 2018). This is 

supported by our current study, as two relatively large hypoxic zones (> 300 km2) 

were observed in the lower PRE with DO < 2 mg L-1. However, the origin of the 

organic matter driving hypoxia in the lower PRE has not previously been examined. 

Here, we quantified the relative proportions of OCmar and OCterr contributing to DO 

drawdown in bottom waters of the lower PRE, an economically important coastal 

region. This study has important biological, societal and managerial implications for 

the region, particularly relating to water quality in the vicinity of Hong Kong in the 

lower PRE. For example, the government of Hong Kong is examining the efficacy of 

its costly Harbour Area Treatment Scheme project and if additional treatment should 

be implemented (http://www.gov.hk/en/residents/environment/water/harbourarea.htm).  

2.3 Materials and Methods 

2.3.1 Sampling and analysis 

Interrupted by Typhoon Rammasun during 17-18 July 2014, our cruise was 

divided into two legs (Fig. 2.1). During Leg 1 between 13 and 16 July, we sampled 

Transects F4, F5 and Stations A08–A18. During Leg 2 between 19 and 27 July, we 

sampled Stations A01–A10, Transects F3 and F4, Stations A11–A17 and Transects F5, 
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F6, F1, and F2, in sequence. In order to monitor the development of hypoxia before 

and after the passage of the typhoon, we revisited Station A10 three more times (13, 

20 and 27 July). 

 

Figure 2.1: Map of the Pearl River Estuary and adjacent coastal waters. The open 

circles denote Leg 1 stations visited on 13–16 July 2014, and the crosses 

represent Leg 2 stations visited on 19–27 July 2014. Note that the filled 

diamond is the location of Station A10. 

  According to the gauge in the upper Pearl River, water discharge peaked in 

June and July. Typhoon Rammasun increased discharge during 15-18 July, with daily 

average values of 19480, 26115, 22981 and 17540 m3 s-1, respectively. Nevertheless, 
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the freshwater discharge was 18908 m3 s-1 in leg 1 and 15698 m3 s-1 in leg 2, 

comparable to the long-term (2000–2011) monthly average. 

  Temperature and salinity were determined with a SBE 25 Conductivity-

Temperature-Depth/Pressure unit (Sea-Bird Co.). Water samples were collected using 

4 L Go-Flo bottles (General Oceanics). DIC and DO was measured at all stations with 

depth profiles. Samples for 13CDIC were collected primarily along Transect A as well 

as at depth in low oxygen layers.  

  The DO concentrations in discrete water samples were measured on board 

within 8 h using the classic Winkler titration method (Dai et al., 2006). In addition, we 

conducted on-deck incubation experiments using unfiltered water taken from the 

hypoxic zone on 27 July, 2014 following He et al. (2014). Bottom water from ~2 m 

above the sediment surface was collected and incubated for 24 hours in 65 mL BOD 

bottles in dark at ambient temperature controlled by the flowing surface water. Note 

that the maximum difference in temperature between the bottom and surface water 

was 3 ℃ during the incubation. Total oxygen consumption rate was determined by 

comparing the DO concentration at the initial and end point of the experiment. 

  DIC was measured with an infrared detector after acidifying 0.5–0.7 mL of 

water sample with a precision of 0.1 % for estuarine and sea waters (Cai et al., 2004). 

Dissolved calcium concentrations (Ca2+) were determined using an EGTA titration 

with a Metrohm 809 TITRANDO potentiometer, which has a precision better than ± 5 

mol kg-1 (Cao et al., 2011). 

  For 13CDIC analysis, an ~20 mL DIC sample was converted into gaseous CO2 

and progressively purified through a vacuum line. The pure CO2 sample was analyzed 
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with an isotope ratio mass spectrometer (IRMS, Finnigan MAT 252, Bremen, 

Germany). The analytical precision was better than 0.1 ‰. 

  Water samples for TSM (total suspended matter), POC and 13CPOC analysis 

were concentrated onto preweighed and pre-combusted 0.7 m Whatman GF/F filters 

after filtering 0.2–1.0 L of water under a mild vacuum (~ 25 kPa). Filters were washed 

with distilled water and stored at -20 °C. Prior to analysis, all filters were freeze-dried. 

TSM was determined using the net weight increment on the filter and the filtration 

volume. Filters were decarbonated with 1.0 mol L-1 HCl and dried at 40 °C for 48 h 

(Kao et al., 2012) and analyzed for POC and 13CPOC on an elemental analyzer 

coupled with an IRMS (EA-IRMS). The analytical precision for 13CPOC was better 

than 0.1 ‰. Chl-a was measured with a Turner fluorometer after extracting filters with 

90 % acetone (He et al., 2010). Calibrations were performed using a Sigma Chl-a 

standard.  

2.3.2 Three end-member mixing model 

We adopted a three end-member mixing model to construct the conservative 

mixing scheme among different water masses (Cao et al., 2011; Han et al., 2012):    

FRI+FSW+FSUB=1 (2.1) 

θRI×FRI
+θSW×F

SW
+θSUB×FSUB=θ (2.2) 

SRI×FRI
+SSW×F

SW
+SSUB×FSUB=S (2.3)

  

where θ and S represent potential temperature and salinity; the subscripts RI, SW, and 

SUB denote the three different water masses (Pearl River plume water, offshore 

surface seawater and upwelled subsurface water); and FRI, FSW, and FSUB represent the 

fractions that each end-member contributes to the in situ samples. These fractions 
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were applied to predict conservative concentrations of DIC (DICcon) and its isotopic 

composition (13CDICcon) resulting solely from conservative mixing. 

DICRI×FRI+DICSW×FSW+DICSUB×FSUB=DICcon (2.4) 

δ
13
CDICRI×DICRI×FRI+δ

13
CDICSW×DICSW×FSW+δ

13
CDICSUB×DICSUB×FSUB

DICcon
= δ

13
CDICcon (2.5) 

The difference () between measured and conservative DIC values represents the 

magnitude of the biological alteration of DIC (Wang et al., 2016). 

2.4 Results 

2.4.1 Horizontal distribution 

Although the average freshwater discharge rate during our sampling period 

(16369 m3 s-1) was slightly higher than the multi-year (2000–2011) monthly average 

(15671 m3 s-1), typhoon Rammasun modified the system to some extent as shown 

from the evolution of chemical species at Station A10 before and after the typhoon 

(See Sect. 3.4). The interruption of Leg 1 due to the typhoon (July 17-18) led to a 

smaller survey area, covering only outside Lingdingyang Bay (traditionally regarded 

as the PRE), while Leg 2 covered Lingdingyang Bay from the Humen Outlet to the 

adjacent coastal sea.    

  As depicted in Fig. 2.2, the sea surface temperature (SST) during Leg 1 (28.9-

32.2 ℃) was slightly higher than during Leg 2 (28.9-31.0 ℃).  Sea surface salinity 

(SSS) measurements showed that plume water was restricted more landward during 

Leg 2 than Leg 1.  However, a steeper gradient to higher SST offshore during Leg 1 

was likely induced by the upwelling of bottom water, featuring by relatively high SSS 

(18.6), high DIC (1789 mol kg-1) and low DO saturation (DO%, 86 %). During Leg 

1, the region with the most productivity was found east of the Wanshan Islands, 
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characterized by high concentrations of Chl-a (8.0 g kg-1), low concentrations of DIC 

(1607 mol kg-1), and DO supersaturation, with the highest DO% greater than 160 % 

at Station F503. During Leg 2, there were three patches of high productivity, south of 

Huangmaohai, at the PRE entrance, and off Hong Kong. The central region of high 

productivity had the highest DO%, greater than 140% at Station A14, and was 

characterized by relatively high concentrations of Chl-a (7.8 g kg-1) and low 

concentrations of DIC (1737 mol kg-1). 
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Figure 2.2: Surface water distribution of temperature, salinity, DO, Chl-a, DIC and 

13CDIC during Leg 1 (a–c, g–i) and Leg 2 (d–f, j–l). 

  As shown in Fig. 2.3, bottom water hypoxia during Leg 1 was located more 

centrally in the study area relative to the surface phytoplankton bloom. The center of 

the hypoxic zone was found at Station A10, characterized by the lowest observed DO 

concentrations (as low as 30 mol kg-1) and a relatively high concentration of DIC 
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(2075 mol kg-1). During Leg 2, hypoxic conditions were no longer found at Station 

A10, and instead the largest hypoxic zone was discovered to the southwest of the 

Wanshan Islands, where the lowest DO values were observed (as low as 7 mol kg-1 at 

F304), and once again coincided with relatively high concentrations of DIC (2146 

mol kg-1). We were unable to precisely constrain the areas of the regions impacted by 

bottom water hypoxia due to the limited spatial coverage, but our results suggest it 

covered an area of > 280 km2 during Leg 1 and > 290 km2 during Leg 2 according to 

the definition of hypoxia as DO < 2 mg L-1 or 63 µM, or an area of > 900 km2 during 

Leg 1 and > 800 km2 during Leg 2 assuming the threshold of the oxygen-deficit zone 

was < 3 mg L-1 or 95 µM (Rabalais et al., 2010; Zhao et al., 2017). 
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Figure 2.3: Bottom water distribution of temperature, salinity, DO, Chl-a, DIC and 

13CDIC during Leg 1 (a–c, g–i) and Leg 2 (d–f, j–l). Note that the black 

lines in (c) and (f) indicate DO contours of 63 µM and 95 µM. 

2.4.2 Vertical distribution 

During Leg 1, plume water reached 50 km offshore from the entrance of the 

PRE, forming a 5–10 m thick surface layer (Fig. 2.4b). Both the thermocline and 

halocline contributed to the stability of the water column structure, which favoured the 
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formation of bottom water hypoxia. The thickness of the bottom water hypoxic layer 

was ~ 5 m. The region of highest productivity, however, was not observed in the same 

location as the hypoxic zone, but further offshore. 

  During Leg 2, although the passing of the typhoon would be expected to 

absorb large amounts of potential heat and cause extensive mixing of the water 

column, the enhanced freshwater discharge could rapidly re-stratify the water column 

and facilitate the re-formation of hypoxia. This time, the primary region of hypoxia 

was observed directly below the bloom, with a thickness of 3 m (Fig. 2.4i). 

Additionally, near the Humen Outlet we observed low DIC (1466 mol kg-1) and 

moderately low DO (89 mol kg-1), which reflected the input of the low DO water 

mass from upstream as reported previously (Dai et al., 2006; Dai et al., 2008a; He et 

al., 2014). 
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Figure 2.4: Profiles of temperature, salinity, DO, Chl-a, DIC and 13CDIC along 

Transect A during Leg 1 (a–f) and Leg 2 (g–l). Note that the black lines 

in (c) and (i) indicate DO contours of 63 µM and 95 µM. 

2.4.3 Isotopic composition of DIC and POC 

The 13C values of DIC became progressively heavier from stations dominated 

by freshwater (~ -11.4 ‰) to off-shore seawater (~ -0.6 ‰), with a relatively wide 
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range of values beyond a salinity of 13 (Fig. 2.5). Owing to a malfunction of the 

instrument, 13CPOC data from our cruise were not available. Instead, we reported a 

valid 13CPOC dataset from a 2015 summer cruise in approximately the same region. 

13CPOC values showed a similar trend with 13CDIC, i.e. 13C enriched seaward, from ~ -

28 ‰ to ~ -20 ‰.  In the bloom, where the DO% was above 125 %, the mean 13C 

value for POC was -19.4±0.8 ‰ (n=8), which was within the typical range of marine 

phytoplankton (Peterson and Fry, 1987). As shown in Fig. 2.5, there was a large 

13CPOC decrease near a salinity of 15. Geographically, it was located at the mixing 

dominated zone in inner Lingdingyang Bay, where intense resuspension of 13C 

depleted sediments may occur (Guo et al., 2009).  
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Figure 2.5: Distribution of 13C DIC and 13C POC with respect to salinity in the PRE. 

The up-facing and down-facing triangles denote surface and subsurface 

13C DIC data, respectively, from July 2014, while the open circles 

represent 13C POC values in surface water from July 2015. Additionally, 

the plus signs and crosses show the 13C DIC and 13C POC data, 

respectively, from the Changjiang Estuary (CJE) in Wang et al. (2016). 

2.4.4 Reinstatement of the hypoxic station after Typhoon Rammasun 

Typhoon Rammasun made landfall at Zhanjiang, located 400 km to the 

southwest of the PRE, at 20:00 LT (Local Time) on 18 July, and was dissipated by 

05:00 LT on 20 July. The typhoon completely de-stratified the water column during its 

passing. However, the associated heavy precipitation and runoff appeared to re-

establish stratification rather quickly, within one day, as suggested by the salinity 

gradient (18–30) from 0–10 m depth during Leg 2 at 15:20 LT on 20 July (Fig. 2.6b). 

In order to capture the evolution of DO between the disruption and reinstatement of 

stratification, we resumed our cruise and revisited Station A10 (Fig. 2.6). On 13 July, 

the bottom water at Station A10 was the hypoxic core, with the lowest observed DO 
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(30 mol kg-1) and highest DIC (2075 mol kg-1) concentrations. On 20 July, the 

results showed that the temperature homogeneous layer in the bottom water (9–13 m) 

might reflect the remnants of typhoon-induced mixing (Fig. 2.6a), while the reduction 

in salinity at <9 m depicted the rapid re-establishment of stratification as a result of 

enhanced freshwater discharge (Fig. 2.6b). Bottom water DO increased to 153 mol 

kg-1 and DIC decreased to 1901 mol kg-1 as a result of the typhoon-induced water 

column mixing and aeration. In addition, TSM increased sharply from 20.2 before the 

typhoon to 36.6 mg kg-1, suggesting large volumes of sediment had been resuspensed 

during its passing. On 27 July, one week after the typhoon, strong thermohaline 

stratification was re-established in the whole water column. Along with the 

intensifying stratification, bottom water DO decreased to 99 mol kg-1 indicating 

continuous DO depletion and the potential for hypoxia formation. Meanwhile, bottom 

water DIC concentrations increased to 2000 mol kg-1 and dissolved inorganic 

phosphate (DIP) rose from 0.28 to 0.57 mol kg-1. Moreover, bottom-water TSM 

returned to pre-typhoon (13 July) levels. 
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Figure 2.6: Profiles of (a) temperature, (b) salinity, (c) DO, (d) DIC, (e) DIP, (f) 

TSM and their evolution during repeated sampling at Station A10. 

2.5 Discussion 

2.5.1 Selection of end-members and model validation 

The potential temperature-salinity plot displayed a three end-member mixing 

scheme over the PRE and adjacent coastal waters (Fig. 2.7a), consisting of Pearl River 

plume water, offshore surface seawater and upwelled subsurface water. During the 

summer, a DIC concentration of ~1917 mol kg-1 was observed at S=33.7, which can 

be regarded as the offshore surface seawater end-member (Guo and Wong, 2015). 

Here, by choosing S=34.6 as the offshore subsurface water salinity end-member, we 

obtained a DIC value of ~2023 mol kg-1, similar to the value at ~100 m depth 

adopted by Guo and Wong (2015). For the plume end-member, it was difficult to 

directly select from the field data, because biological alteration might lead to altered 

values within the plume influenced area. Therefore, we first assumed that the plume 
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water observed on the shelf consisted of a mixture of freshwater and offshore surface 

seawater. Then, we compiled 3 years of surface data from the summer (August 2012, 

July 2014 and July 2015) to extrapolate the relatively stable freshwater end-member 

and examine the biological effect on DIC-salinity relationships. By constraining DIC 

end-members (freshwater and offshore surface seawater), we observed that DIC 

remained overall conservative when salinity was <10.8 but showed removal when 

salinity was >10.8 (Han et al., 2012). Thus, we derived plume end-member values 

(1670±50 mol kg-1) from the DIC-salinity conservative mixing curve at S=10.8. 

Furthermore, S=10.8 was observed at the innermost station (A08) during Leg 1, which 

agreed well with the spatial and temporal scale of the actual water mass mixing in our 

survey. To confirm our results, we also used a freshwater end-member (S=0), but the 

output of the model showed little difference from that based on the plume end-member 

at S=10.8.  
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Figure 2.7: (a) Potential temperature () (°C) vs. salinity in the PRE and adjacent 

coastal waters (open circles) based on data collected during the July 2014 

cruise. The three end-members are shown as different coloured symbols. 

The blue triangles represent data collected during the August 2011 cruise 

in the Changjiang Estuary (CJE) (Wang et al., 2016); (b) Correlation 

between the field-observed Ca2+ (Ca2+
obs) and conservative Ca2+ 

(Ca2+
con). The straight line denotes a linear regression line of both surface 

(square) and subsurface (diamond) data; (c), (d) Relationship between 

observed and conservative DIC and 13C DIC values. The straight line 

represents a 1:1 reference line. Note that the grey dots in (c) identify data 

also in (d); and (e) Correlation of DIC vs. AOU for all subsurface water 

data. DIC is the difference between the field-observed and conservative 

DIC concentrations. Also shown is the data from Wang et al. (2016). The 

straight and dashed lines indicate linear regressions of data from the PRE 

and CJE, respectively. 
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  The 13CDIC value was 0.6±0.2 ‰ in the offshore surface seawater at 

S=~33.7, where nutrient (NO3
-+NO2

- and DIP) concentrations were close to their 

detection limits and DO was nearly saturated, indicating little biological activity. As 

DIC remained overall conservative when salinity was < 10.8, the 13CDIC value of -

11.4±0.2 ‰ at S < 0.4 is representative of the freshwater source. Assuming the plume 

water is a mixture of freshwater and offshore surface seawater, the initial plume end-

member of 13CDIC at S=10.8 can be calculated via an isotopic mass balance (-7.0±0.8 

‰). A summary of the end-member values used in this study is listed in Table 2.1. 

Table 2.1: Summary of end-member values and their uncertainties adopted in the 

three end-member mixing model. 

Water 

Mass 
θ (℃) Salinity 

  DIC 

(mol kg-1) 

13C DIC 

 (‰) 

  Ca2+ 

(mol kg-1) 

Plume 30.6±1.0 10.8 1670±50a -7.0±0.8b 3670±16c 

Surface 31.0±1.0 33.7±0.2 1917±3 0.6±0.2 9776±132c 

Subsurface 21.8±1.0 34.6±0.1 2023±6 0.1±0.1 10053 
a In order to derive a proper plume end-member value, we took advantage of 3 years of 

surface dataset from summer cruises (see Sect. 2.4.1). For DIC, the data is from 

cruises during August 2012, July 2014 and July 2015.  
b See details in Sect. 2.4.1. 
c The Ca2+ values of the plume and surface seawater end-member are derived from a 

conservative mixing calculation (Ca2+ vs. S) based on 3 years of surface data during 

the summer (August 2012, July 2014 and July 2015). 
 

  We calculated the fractions of the three water masses based on potential 

temperature and salinity equations, so as to predict conservative DIC (DICcon) and its 

isotopic composition (13CDICcon) solely from conservative mixing. We chose the 

concentration of Ca2+ as a conservative tracer to validate our model prediction, 

assuming CaCO3 precipitation or dissolution is not significant. This assumption is 
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supported by a strong linear relationship between surface water Ca2+ and salinity, and 

aragonite oversaturation (Ωarag=2.6±0.7) in the subsurface water. Our model derived 

values were in good accordance with the field-observed values (Fig. 2.7b), which 

strongly supported our model prediction. 

  As shown in Fig. 2.7c, most of the observed DIC concentrations in the 

subsurface water were higher than the conservative values, as a result of DIC 

production via OC oxidation. This coincided with lighter 13CDIC values than 

conservative, owing to the accumulation of isotopically lighter carbon entering the 

DIC pool from remineralized organic matter (Fig. 2.7d). Based on the differences 

between the observed and conservative values of DIC and 13CDIC, the carbon isotopic 

composition of the oxygen-consuming organic matter could be traced precisely (see 

details in Sect. 2.4.2). 

  In the subsurface water, the bulk of DIC values varied from 0 to 132 mol 

kg-1, coupled with a range of apparent oxygen utilization (AOU) values from 0 to 179 

mol kg-1. DIC values positively correlated with AOU (Fig. 2.7e), corresponding to 

the fact that the additional DIC was supplied by organic matter remineralization via 

aerobic respiration. The slope of DIC vs. AOU in the subsurface water was 

0.71±0.03, which agrees well with classic Redfield stoichiometry (i.e., 106/138=0.77), 

providing further evidence for aerobic respiration as the source of added DIC. As a 

first order comparison, the water column total oxygen consumption rate of 9.8 µmol L-

1 d-1 could well support the oxygen decline rate observed at Station A10 in the hypoxic 

zone between 20 and 27 July (Fig. 2.6), which was 7.7 µmol L-1 d-1. This comparison 

along with the stoichiometry between DIC and AOU strongly suggests that water 
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column aerobic respiration may be predominate in the formation of the hypoxia in the 

present case. 

2.5.2 Isotopic composition of the oxygen-consuming OC 

The DIC isotopic mass balance is shown in Eq. (2.6) (Wang et al., 2016): 

δ
13

CDICobs×DICobs=δ
13

CDICcon×DICcon+δ
13

CDICbio×DICbio (2.6) 

where the subscripts obs, con and bio refer to the field-observed, conservative 

and biologically altered values. 

  Degradation of OC typically produces DIC with minor isotopic fractionation 

from  the OC substrate (Hullar et al., 1996; Breteler et al., 2002). Thus, the isotopic 

composition of DICbio (i.e., 13CDICbio) should be identical to the 13C of the OC 

(13COCx), which consumed oxygen and produced DICbio. 
13COCx was derived from 

the mass balance equations of both DIC and its stable isotope: 

δ
13

COCx=
δ

13
Cobs×DICobs−δ

13
Ccon×DICcon

DICobs−DICcon
 (2.7) 

  Equation (2.7) can be rearranged into Eq. (2.8): 

∆(δ
13

CDIC×DIC)=δ
13

COCx×∆DIC (2.8) 

  As shown in Fig. 2.8, the slope of the linear regression represents 13COCx or 

13CDICbio, which here is equal to -23.2±1.1 ‰. This value reflects the original 13C 

signature of the remineralized organic matter contributing to the observed addition of 

DIC.  
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Figure 2.8:  (13CDIC×DIC) vs. DIC in the PRE. Samples were collected from 

subsurface water (> 5 m).  is the difference between the field-observed 

and conservative values. Also shown is data from the Changjiang Estuary 

(CJE) reported by Wang et al. (2016). The straight and dashed lines 

indicate linear regression lines of data from the PRE and CJE, 

respectively. The regression equation is shown for the PRE. 

  Although studies have shown selective diagenesis of isotopically heavy or 

light pools of organic matter (Marthur et al., 1992; Lehmann et al., 2002), these effects 

are small compared to the isotopic differences among different sources of organic 

matter (Meyers, 1997). It is thus reasonable to assume that the isotopic ratios are 

conservative and that physical mixing of the end-member sources determine the 

isotopic composition of organic matter in natural systems (Gearing et al., 1984; 

Cifuentes et al., 1988; Thornton and McManus, 1994). The relative contributions of 

marine and terrestrial sources to oxygen-consuming organic matter in our study area 
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could be estimated based on the following equation (Shultz and Calder, 1976; Hu et 

al., 2006): 

f(%)=
δ

13
Cmar−δ

13
COCx

δ
13

Cmar−δ
13

Cterr

×100 (2.9)   

Here, for the terrestrial end-member (13Cterr), we adopted the average 13C 

value of POC sampled near the Humen Outlet (S<4), which represents the 

predominant source of riverine material entering the estuary (He et al., 2010). The 

mean 13CPOC value, -28.3±0.7 ‰ (n=7), is very similar to the freshwater 13CPOC 

value of -28.7 ‰ reported by Yu et al. (2010), which reflected a terrigenous mixture 

of C3 plant fragments and forest soils. For the marine end-member (13Cmar), we 

calculated the mean surface water 13CPOC value (-19.4±0.8 ‰, n=8) from stations 

with S>26 where significant phytoplankton blooms were observed, as indicated by DO 

supersaturation (DO% > 125 %) and relatively high pH values (> 8.3) and POC 

contents (5.3±2.4 %).  This value is similar to, although slightly heavier than the 

marine end-member used by Chen et al. (2008), who measured a 13C value of -20.9 ‰ 

in tow-net phytoplankton samples from outer Lingdingyang Bay, in the same region as 

this study. Additionally, He et al. (2010a) reported a 13C value of -20.8±0.4 ‰ in 

phytoplankton collected from the northern South China Sea. These values are 

consistent enough for us to compile and use an average 13Cmar value of -20.5±0.9 ‰. 

This value agrees well with the reported stable carbon isotopic signature of marine 

organic matter in other coastal regions. For example, mean isotopic values of 

phytoplankton were reported as -20.3±0.6 ‰ in Narragansett Bay (Gearing et al., 

1984), -20.3±0.9 ‰ in Auke Bay and Fritz Cove (Goering et al., 1990), and -20.1±0.8 ‰ 

in the Gulf of Lions (Harmelin-Vivien et al., 2008). 
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  Our model results suggest that marine organic matter contributed to 65±16 % 

of the observed oxygen consumption, while terrestrial organic matter accounted for 

the remaining 35±16 %. It is thus clear that marine organic matter from 

eutrophication-induced primary production dominated oxygen consumption in the 

hypoxic zone; however, terrestrial organic matter also contributed significantly to the 

formation and maintenance of hypoxia in the lower PRE and adjacent coastal waters. 

2.5.3 Comparison with hypoxia in the East China Sea off the Changjiang 

Estuary 

As one of the largest rivers in the world, the Changjiang has been suffering 

from eutrophication for the past few decades (Zhang et al., 1999; Wang et al., 2014). 

In summer, sharp density gradients with frequent algal blooms and subsequent organic 

matter decomposition cause seasonal hypoxia in the bottom water of the ECS off the 

CJE. Wang et al. (2016) revealed that the remineralization of marine organic matter 

(OCmar) overwhelmingly (nearly 100 %) contributed to DO consumption in the ECS 

off the CJE. However, our present study showed that less OCmar contributed to the 

oxygen depletion (65±16 %) in the hypoxic zone of the lower PRE.  

  As shown in Fig. 2.5, there is little difference between 13C DIC and 13C POC 

values of the marine end-member. However, the 13C DIC and 13C POC values of the 

freshwater end-member showed some dissimilarity, with lighter values in the PRE (-

11.4±0.2 ‰, -28.3±0.7 ‰) than in the CJE (-8.8 ‰, -24.4±0.2 ‰). In Fig. 2.7e, the 

amplitude of ΔDIC and AOU values suggest a similar intensity of OM biodegradation, 

and the slope of ΔDIC vs. AOU (0.71±0.03 vs. 0.65±0.04) indicates a predominance 

of aerobic respiration in the two systems. As seen from Table 2.2, there is no 

significant difference between the δ13C values of surface sediments within the hypoxic 
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zones of the PRE and CJE. However, data in Fig. 2.7a show generally higher water 

temperatures in the PRE than in the CJE. For instance, the temperatures of surface and 

subsurface seawater end-members in the PRE were 2-3 ℃ higher than in the CJE. 

From a spatial point of view, the distance from the river mouth to the hypoxic zone in 

the CJE is 2-3 times longer than in the PRE, possibly resulting in a longer travel time 

of OCterr. Therefore, we contend that the difference in the predicted distributions of 

marine and terrestrial sources of organic matter contributing to oxygen consumption in 

and off the PRE and CJE is likely related to differences in the bioavailability of OCterr 

and OCmar, the microbial community structures and the physical settings between 

these two hypoxic systems. 
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Table 2.2: Comparison of δ13C values in surface sediments within the hypoxic zonea 

between the PRE and CJE. 

13C (‰) Mean±SD Stations involved References 

Pearl River Estuary 

-23.4 ~ -22.1 -22.9±0.5 A4, A5, C1-C4, D1 Hu et al. (2006) 

-23.2 ~ -22.3 -22.7±0.5 28, 29, 30 Zong et al. (2006) 

-23.6 ~ -21.5 -22.5±1.1 E8-1, E7A, S7-1, S7-2 He et al. (2010a) 

-b -23.1±0.6 Clustering groups G6 and G7 Yu et al. (2010) 

Average -22.8±0.6   

Changjiang Estuary 

-22.9 ~ -20.9 -21.8±0.6 -c Tan et al. (1991) 

-22.4 ~ -19.9 -21.2±1.0 32, 37, 38, 42, 48, 49, 54, 56, 64 Kao et al. (2003) 

-22.7 ~ -20.8 -22.0±0.8 H1-12, H2-10, H2-11, S1-2, S2-4 Xing et al. (2011) 

-23.5 ~ -20.4 -22.6±1.0 3, 12, 13, 20-25 Yao et al. (2014) 

Average -21.9±1.0   

aIn the PRE, the data is from similar sites to our present study, which is in the 

northeast (Leg 1) and southwest (Leg 2) of the Wanshan Islands. While in the CJE, the 

hypoxic zone is located around 30.0° N–32.0° N, 122.7° E–123.2° E, which is 

frequently reported in previous studies (Li et al., 2002; Zhu et al., 2011b; Wang et al., 

2016). 
bThe authors provide an average value of clustering groups instead of individual data 

from each site. 
cIn Fig. 7 of Tan et al. (1991), the sampling sites are shown without numbers. 

 

  Although C3 plants dominate and C4 plants are minor in both the Pearl River 

and Changjiang drainage basins (Hu et al., 2006; Zhu et al., 2011a), the OCterr 

delivered from these two watersheds experiences varying degrees of degradation 

within the estuaries before being transported into the coastal hypoxic zones. In the 

CJE, approximately 50 % of OCterr becomes remineralized during transport through 

the estuary, likely due to efficient OM unloading from mineral surfaces (Zhu et al., 

2011a) and longer residence times within the estuary, facilitating microbial 
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transformation and degradation. In contrast, the PRE appears to be a somewhat 

intermediate site with the export of OCterr being closely associated with sedimentary 

regimes and not characterized by extensive degradative loss (Strong et al., 2012). 

Thus, the bioavailability of OCterr that reached the hypoxic zone is likely higher in the 

PRE than in the CJE. Moreover, the increased precipitation and runoff during the 

typhoon may have mobilized additional fresh anthropogenic OM from surrounding 

megacities (e.g. Guangzhou, Shenzhen and Zhuhai) deposited in the river channel, 

which could lead to more labile OCterr in the PRE. Additionally, the difference in 

bacterial community structure between the two systems may have played a role. 

Recent studies have demonstrated that the bacterial community in the PRE is 

characterized by higher relative abundances of Actinobacteria and lower relative 

abundances of Cytophaga-Flavobacteria-Bacteroides (CFB) than in the CJE (Liu et al., 

2012; Zhang et al., 2016). Whether such differences would promote the degradation of 

OCterr in the PRE relative to the CJE remains unknown. Finally, the temperature of the 

bottom water in the PRE hypoxic zone (23.7–27.0 °C) was higher than in the CJE 

hypoxic zone (20.5–23.0 °C), which may have accelerated the rates of bacterial 

growth and OM decomposition (Brown et al., 2004). 

2.6 Conclusions 

Based on a three end-member mixing model and the mass balance of DIC and 

its isotopic composition, we demonstrated that the organic matter decomposed via 

aerobic respiration in the stratified subsurface waters of the lower PRE and adjacent 

coastal waters was predominantly OCmar (49-81 %, mean 65 %), with a significant 

portion of OCterr also decomposed (19-51 %, mean 35 %). The relative distribution of 

organic matter sources contributing to oxygen drawdown differs in the hypoxic zone 
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off the CJE, where it is caused almost entirely by OCmar. These differences have 

important implications for better understanding the controls on hypoxia and its 

mitigation. Nevertheless, with respect to increasing coastal nutrient levels, a 

significant implication of the present study is that reducing and managing nutrients is 

critical to control eutrophication and, subsequently, to mitigate hypoxia (Conley et al., 

2009; Paerl, 2009; Mercedes et al., 2015; Stefan et al., 2016). Given that OCterr also 

contributes to the consumption of oxygen in the lower PRE hypoxic zone, it is crucial 

to characterize the source of this oxygen-consuming terrestrial organic matter, whether 

from natural soil leaching and/or anthropogenic wastewater discharge, so as to make 

proper policies for hypoxia remediation. 

  The processes involved in the partitioning of organic matter sources, their 

isotopic signals and their subsequent biogeochemical transformations in the PRE 

hypoxic zone are illustrated in the conceptual diagram in Fig. 2.9. The river delivers a 

significant amount of nutrients and terrestrial organic matter to the estuary, stimulating 

phytoplankton blooms in the surface water at the lower reaches of the estuary where 

turbidity is relatively low and conditions are favourable for phytoplankton growth 

(Gaston et al., 2006; Dai et al., 2008b; Guo et al., 2009). The subsequent sinking of 

this biomass along with terrestrial organic matter below the pycnocline consumes 

oxygen and adds respired DIC to subsurface waters, resulting in coastal hypoxia. 

Therefore, we conclude that within the PRE and adjacent coastal areas, the most 

important biological process with respect to forming and maintaining hypoxic 

conditions is aerobic respiration. 
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Figure 2.9: A conceptual diagram illustrating the partitioning of oxygen-consuming 

organic matter (OCmar vs. OCterr) within the hypoxic zone in the lower 

PRE and the adjacent coastal area. See Sect. 2.5 for explanations. 
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SOURCE PARTITIONING OF OXYGEN-CONSUMING ORGANIC MATTER 

IN THE HYPOXIC ZONE OF THE CHESAPEAKE BAY2 

3.1 Abstract 

We surveyed the carbonate system along the main channel of the Chesapeake 

Bay in June 2016 to elucidate carbonate dynamics and the associated sources of 

oxygen-consuming organic matter. Using a two endmember mixing calculation, 

chemical proxies, and stoichiometry, we demonstrated that in early summer, dissolved 

inorganic carbon (DIC) dynamics were controlled by aerobic respiration in the water 

column (43%), sulfate reduction in the sediment (39%), atmospheric CO2 invasion 

(13%), and CaCO3 dissolution (5%). A mass balance of the DIC concentration and its 

stable isotope suggested that the apparent 13C of oxygen-consuming organic matter 

was -19.4±0.3‰. The bulk composition of particulate organic matter also reflected a 

dominance of algal material (C/N = ~6, 13C > -25‰). Therefore, we concluded that 

the decomposition of autochthonous organic matter (i.e. eutrophication-stimulated 

primary production) was the dominant process consuming oxygen, while allocthonous 

organic matter (terrestrially-derived) made minor contributions to oxygen 

consumption in the hypoxic zone in June 2016. These findings in the Chesapeake Bay 

contrast with another hypoxic estuarine ecosystem, the Pearl River Estuary in China, 

                                                 

 
2 Chapter 3 is based on a manuscript in preparation by Jianzhong Su, Wei-Jun Cai, 

Jean Brodeur, Najid Hussain, Baoshan Chen, Jeremy M. Testa, K. Michael Scaboo, 
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where allochthonous organic matter contributed significantly to oxygen consumption. 

The differences between these two systems in terms of hydrology, quantity and quality 

of organic matter, and physical characteristics are discussed to yield new insights on 

the formation and maintenance of hypoxia. In both systems, autochthonous organic 

matter dominates oxygen depletion, indicating that nutrient management and reduction 

are useful actions to control and mitigate the occurrence of hypoxia for the restoration 

of ecosystem. 

3.2 Introduction 

Eutrophication-induced hypoxia in coastal waters has increased in spatial 

extent and severity in recent decades (Diaz and Rosenberg, 2008; Breitburg et al., 

2018). Respiration-driven oxygen depletion in bottom water is associated with CO2 

production and enhanced ocean acidification, threatening a variety of aquatic and 

benthic organisms and habitats (Wu, 2002; Orr et al., 2005; Cai et al., 2011; Kroeker 

et al., 2013). Hypoxia is an outcome of an imbalance between oxygen supply and 

demand, where water stratification physically inhibits oxygen replenishment from 

surface water allowing for organic matter (OM) remineralization to consume oxygen 

at a faster rate than reaeration of the bottom water (Rabouille et al., 2008; Testa et al., 

2018). Oxygen-consuming OM may originate from outside the aquatic system (i.e. 

allochthonous source) or be generated internally within the system (i.e. autochthonous 

source) (Paerl, 2006; Rabalais et al., 2010). Allochthonous organic matter (Alloc-OC) 

typically originates from the watershed, including natural inputs such as vascular plant 

detritus, OM resulting from soil leaching and erosion, and anthropogenic inputs such 

as municipal and industrial wastewater, and agricultural runoff. In contrast, 

autochthonous organic matter (Autoc-OC) usually refers to eutrophication-stimulated 
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primary production of phytoplankton within estuaries and the coastal oceans. 

Although many studies have demonstrated that highly reactive Autoc-OC dominates 

oxygen consumption in hypoxic waters (Turner and Rabalais, 1994; Rabalais et al., 

2014), others have suggested that the seemingly refractory, but occasionally abundant 

Alloc-OC may be more labile than previously thought due to a priming effect, and 

thus may also play an important role in oxygen depletion (Swarzenski et al., 2008; 

Bianchi, 2011; Bianchi et al., 2011). The priming effect means the enhanced 

degradation of recalcitrant organic matter in the presence of possible priming 

substrates, such as phytoplankton exudates, heterotroph metabolites and high nutrient 

cycling (Bianchi, 2011), which eventually leads to the enhanced release of OM-

derived carbon and nutrient as well as the enhanced consumption of oxygen. 

Quantifying the relative contributions of OM sources fueling oxygen consumption in 

the hypoxic zone allows for new insights on the formation and maintenance of 

hypoxia, while providing scientific support for regional management and policy-

making for environmental restoration. 

The Chesapeake Bay develops seasonal bottom water hypoxia and anoxia 

(Hagy et al., 2004; Murphy et al., 2011), due to a long water residence time of ~180 

days (Du and Shen, 2016), high retention of nutrients and OM, and high rates of 

internal Autoc-OC production (Fennel and Testa, 2018). Previous studies have found 

that water column respiration dominates oxygen consumption, accounting for nearly 

two-thirds of the total  respiration in below-pycnocline waters of the mid- Chesapeake 

Bay from April to August (Kemp et al., 1992; Li et al., 2016). The annual organic 

carbon budget for the Chesapeake Bay indicates that the input of Alloc-OC from rivers 

and the watershed is larger than Autoc-OC in the upper bay, while Autoc-OC 
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represents most of the total organic carbon input in the mid- and lower bay (Biggs and 

Flemer, 1972; Kemp et al., 1997; Shen et al., 2019b). The volume of hypoxic/anoxic 

water has a positive relationship with winter-spring river flow and nutrient loading 

(Hagy et al., 2004; Kemp et al., 2005), indicating Autoc-OC significantly contributes 

to respiration in the bay’s hypoxic zone. However, observation-based studies have 

clearly shown either net heterotrophy or high CO2 supersaturation in landward bay 

regions (Smith and Kemp, 1995; Cai et al., 2017), and modeling studies have shown 

the organic loading from watershed and reservoir sediment scour during storm events 

can cause dissolved oxygen declines in the mainstem deep channel (Cerco and Noel, 

2016; Linker et al., 2016), both of which would suggest that Alloc-OC is important in 

some bay regions at some times. The extent to which this Alloc-OC influences the 

mid-bay region, especially if it is transported seaward in brief events, is unclear. 

Furthermore, the Chesapeake Bay is a local hotspot for sea level rise and associated 

shoreline erosion (Stevenson et al., 1985; Stevenson et al., 1988; Najjar et al., 2010). 

The extent to which OM originating from these eroding marshes is labile and reaches 

deeper mainstem waters also remains unknown. Therefore, direct quantitative 

measurements of the relative contributions of Autoc-OC vs. Alloc-OC to oxygen 

consumption in the hypoxic zone of the Chesapeake Bay are needed to reinforce 

budget analyses and to improve our understanding of hypoxia drivers within the 

context of climate change (Najjar et al., 2010; Orth et al., 2017) and recent nutrient 

reductions (Lefcheck et al., 2018; Testa et al., 2018).  

In this study, we investigated the OM sources driving hypoxia formation and 

quantified the relative contribution of key respiration reactions involved in OM 

degradation using a suite of isotopic measures, chemical surveys, and mixing models. 
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We adopted a two endmember mixing calculation to distinguish the biogeochemical 

processes from physical mixing in the Chesapeake Bay. Furthermore, chemical 

proxies and stoichiometry were used to quantify the rates of key biogeochemical 

processes, particularly sulfate reduction, sulfide storage in the sediments, and 

atmospheric CO2 invasion. Since aerobic respiration of OM produces DIC with 13C-

DIC similar to the isotope value of the respired OM (Hullar et al., 1996), we utilized a 

mass balance of DIC and its stable carbon isotope to trace the 13C of the respired 

substrate or oxygen-consuming OM in the hypoxic zone of the Chesapeake Bay. By 

combining those analyses with an examination of the bulk composition (C/N, 13C) of 

the particulate organic matter (POM) in the surface water of main channel as we 

previously did (Su et al., 2017), we were able to quantify the sources of oxygen-

consuming OM. Finally, we compared the source partitioning results in the hypoxic 

zones of the Chesapeake Bay with the Pearl River Estuary, the largest estuary in 

southern China, in order to gain new insights on the formation and maintenance of 

hypoxia. 

3.3 Materials and Methods 

3.3.1 Study site 

The Chesapeake Bay (36.9°N–39.6°N, 75.5°W–77.5°W) is the largest estuary 

in the United States. The bay has a length of over 300 km, and a mean depth of 6.5 m 

(Kemp et al., 2005). The deep and narrow central channel is flanked by broad shallow 

areas, and the southern end is confined by a sill (Boicourt et al., 1999). The large 

watershed area and long dendritic bay shorelines make the bay susceptible to human 

disturbance, such as deforestation, agriculture and urbanization. Eutrophication in the 
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Chesapeake Bay began after European colonization in the 17th and 18th centuries 

(Brush, 2009), and became more severe since the 1950s due to the growth in fertilizer 

use and other human activities in the watershed (Kemp et al., 2005). Nutrient loading 

increased steadily from the 1950s through the late-1980s (Hagy et al., 2004), after 

which loads stabilized and declined. Bay-wide water column nitrogen concentrations 

have decreased by 23%, and phosphorus concentrations have decreased by 8% from 

1984 to 2015 (Lefcheck et al., 2018). Hypoxia typically begins in the late spring (late 

April and May) in the landward reaches of the bay’s deep central basin, then expands 

seaward to occupy large regions of the main channel (Hagy et al., 2004; Testa and 

Kemp, 2014). During the last three decades, the north-ward and winter-ward migration 

of the spring bloom has been associated with an increased volume of early season 

hypoxia, but a reduced late season volume and earlier hypoxia breakup (Murphy et al., 

2011; Testa et al., 2018). 

3.3.2 Sampling and analytical methods 

During June 6-10, 2016, we conducted a cruise aboard the R/V Rachel Carson 

along the bay’s central axis that spanned the upper bay (CB2.1) southward to the bay 

mouth (AO1) (Fig. 3.1). During the cruise, we revisited the mid-bay stations 858 four 

times and CB4.3 twice.  
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Figure 3.1: Sampling locations along the main channel of the Chesapeake Bay in 

early June, 2016. Following Kemp et al. (2005), we separated the main 

stem into three regions, i.e. upper bay (39.0-39.5°N), mid-bay (37.9-39.0

°N) and lower bay (37.0-37.9°N). The boundaries are noted with red 

lines. 

At each station, we used a YSI 6600 attached to a submersible pump to obtain 

profiles of temperature, salinity, and O2. Water was pumped from 2-7 depths to the 

deck for sampling, depending on the number of distinct water masses observed. We 

measured salinity separately in discrete TA and Ca2+ samples using a Cole-Parmer® 
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salinity meter. For each depth, a water sample was preserved in a 250 mL borosilicate 

glass bottle with 50 L saturated HgCl2 solution for DIC and 13C-DIC analysis. For 

DIC, a 1 mL sample was acidified and the extracted CO2 gas was subsequently 

quantified with an infrared CO2 detector within one week after the cruise using a DIC 

analyzer (AS-C3, Apollo Scitech, USA) (Huang et al., 2012). The TA samples were 

not poisoned (Cai et al., 2017), and were analyzed within 24 h of collection using 

Gran titration in an open-cell setting (AS-ALK2, Apollo Scitech, USA) (Cai et al., 

2010a). The overall precision for DIC and TA was ±0.1%. Both DIC and TA 

measurements were calibrated against Certified Reference Materials (CRMs) provided 

by Dr. A. G. Dickson at Scripps Institution of Oceanography (SIO), University of 

California, San Diego (UCSD). For 13C-DIC, a 3.8 mL sample was acidified in a gas 

stripper, CO2 was extracted by a carrier gas, and the gas stream passed through a 

moisture condenser in a pre-treatment device (AS-D1, Apollo Scitech, USA) before 

measurement by a cavity ring-down spectrometer detector (G2131-i, Picarro, USA). A 

computer program was used to derive the 13C-DIC value by averaging the 13C-CO2 

at the stage when the simultaneously determined CO2 concentration was high enough 

(>100 ppm) for the detector to measure a stable 13C-CO2 signal with little random 

noise. Two to three repeat runs were carried out for each sample, and a precision of 

0.1‰ was achieved. A NaHCO3 solution with known 13C-DIC value and CRMs were 

used for calibration. The details on analyzing 13C-DIC are described in Su et al. 

(2019). 

We measured pH onboard using an Orion Ross glass electrode within 1 h after 

the water temperature was equilibrated to 25℃ in a thermal water bath. Three NIST 

standards, i.e. 4.01, 7.00, 10.01, were used to calibrate the electrode. We analyzed 
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discrete dissolved oxygen (DO) samples by direct spectrophotometry of total iodine 

following Pai et al. (1993) with a precision of ±1 mol kg-1. Apparent oxygen 

utilization (AOU) was calculated by subtracting the measured DO from the saturated 

DO (Pilson, 2012; Zhao et al., 2017). The DO solubility was calculated based on 

Benson and Krause (1984). We measured Ca2+ samples using a modified technique of 

Kanamori and Ikegami (1980) with a precision better than 0.1%. Note that the Ca2+ 

samples were measured in two batches. The upper and mid-bay samples were 

measured in the first batch, while the lower-bay samples (mostly salinity>20) were 

measured in the second batch. Further analysis revealed that the deviation of Ca2+ 

(ΔCa2+) relative to the conservative mixing line at salinity>20 had greater noise than 

the data at salinity<20, which may be due to reduced operating proficiency and 

electrode stability in the second batch. The pCO2 was calculated from measured DIC 

and TA via a modified CO2SYS program with a H2S component (Xu et al., 2017b). 

We derived the aragonite saturation state (Ωarag) using measured Ca2+, calculated 

CO3
2-, and aragonite solubility based on Mucci (1983). 

POM samples were collected in the surface water along the main channel in 

two cruises in June and August 2016. Samples were concentrated onto pre-weighed 

and pre-combusted 47 mm Whatman GF/F filters of 0.7 µm pore size after filtering 

0.3-1.5 L water under a mild vacuum (~25 kPa). Filters were washed with distilled 

water and stored in a freezer. Before analysis, the filters were dried. Total suspended 

matter (TSM) was derived from the net weight increment on the filter and the filtration 

volume. Then, the filters were decarbonated with 1.0 mol L-1 HCl, and dried again at 

40℃ for 48 h (Kao et al., 2012). We analyzed the bulk composition (C, N, 13C) of 

POM samples on a DELTA V Plus isotope ratio mass spectrometer (IRMS) coupled 
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with an elemental analyzer (EA) (Costech, CA). The 13C-POC was calibrated against 

two standard materials USGS40 (13C= -26.39‰) and USGS41 (13C= +37.63‰) 

with a precision of 0.1‰. 

3.3.3 Two endmember mixing calculation 

In estuarine research, a conservative mixing line of chemical concentrations 

against salinity between river and ocean endmembers is widely used to distinguish 

biogeochemical alterations from physical water mixing (Officer, 1979). Compared 

with the relatively consistent ocean endmember values, large variations exist in the 

river endmember mainly due to the temporal variations of freshwater discharge 

(Joesoef et al., 2017). For instance, mean monthly variations of DIC and TA in the 

Susquehanna River endmember of the Chesapeake Bay in 2016 were one order of 

magnitude larger than the uncertainty of the estuarine endmember we adopted in this 

study (Table 3.1) (Brodeur et al., 2019). In addition, tributaries that discharge seaward 

of the Susquehanna River, such as the Chesapeake-Delaware Canal, may also 

introduce variability into DIC and TA concentrations. Since our focus is on the 

hypoxic zone in the mid- Chesapeake Bay, we decided to choose an estuarine 

endmember from the well-mixed upper bay instead of the traditional river endmember. 

We considered CB2.2 to be a representative endmember, because it is a well-mixed 

station in a narrow section of the upper bay before the bay widens downstream, and 

there are no adjacent major tributaries. Further considering the large slope value of 

measured Ca2+ against salinity (Fig. 3.3b), a small salinity difference between the 

surface layer (salinity=3.0) and bottom layer (salinity=3.9) at Station CB2.2 would 

result in a significant difference on Ca2+. Therefore, we adopted the measured values 

in the low salinity layer (surface) rather than the averaged values of the whole water 
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column at CB2.2 as the estuarine endmember in the upper bay. For the offshore 

seawater endmember, we first developed linear regressions of DIC, TA, and Ca2+ 

against salinity (DIC= 79×Salinity-596, R2=0.72, p<0.0001; TA= 54×Salinity+428, 

R2=0.99, p<0.0001; Ca2+= 269×Salinity+831, R2=0.98, p<0.0001) with data from four 

stations (82, 83, 85 and 87) in the Mid-Atlantic Bight, which were visited during the 

East Coast Ocean Acidification (ECOA) cruise in July 2015 (Xu et al., 2017a). Then, 

we used the salinity of the ocean endmember (33.618±0.139) from Cai et al. (2017) to 

derive the offshore endmember values for our June 2016 cruise. According to the 

latitude range of the Chesapeake Bay (36°N to 40°N), we adopted the offshore 13C-

DIC endmember value as 1.3±0.1‰ based on Quay et al. (2007), who compiled multi-

year 13C-DIC data to delineate meridional trends of 13C-DIC in the surface Atlantic 

Ocean during the 1980s to 2000s. Both the offshore seawater DIC and 13C-DIC 

endmember values fall within the ranges in the Mid-Atlantic Bight reported by Bauer 

et al. (2001). All the endmember values and uncertainties are summarized in Table 

3.1.  

Table 3.1: Summary of endmember values and their uncertainties. 

Endmembers Salinity DIC 

(mol kg-1) 

13C-DIC 

(‰) 

TA 

(mol kg-1) 

Ca2+ 

(mmol kg-1) 

CB2.2 2.8±0.1 965±2 -6.8±0.1 929±2 1.246±0.010a 

Offshore 33.6±0.1 2063±11 1.3±0.1b 2245±8 9.884±0.037 
aAdditional salinity measurements were performed on the Ca2+ samples 

(salinity=3.0±0.1). 
bCited from Quay et al. (2007). 
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    Then, considering the mid- and lower bay water as a mixture between 

estuarine water in CB2.2 and offshore seawater, we calculated the mixing fractions of 

the two endmembers based on the following equations: 

𝑓𝑒𝑠𝑡𝑢 =
𝑆𝑠𝑤−𝑆𝑚𝑒𝑎𝑠

𝑆𝑠𝑤−𝑆𝑒𝑠𝑡𝑢
 (3.1) 

𝑓𝑠𝑤 = 1 − 𝑓𝑒𝑠𝑡𝑢 (3.2) 

where S is salinity; f represents the mixing fraction; the subscripts estu and sw indicate 

the estuarine and seawater endmember, and meas denotes the measured value. These 

fractions were then used to predict conservative concentrations (i.e. [X]con) of certain 

chemical constituents (i.e. DIC, TA or Ca2+) resulting solely from two endmember 

mixing: 

[𝑋]𝑐𝑜𝑛 = [𝑋]𝑒𝑠𝑡𝑢 × 𝑓𝑒𝑠𝑡𝑢 + [𝑋]𝑠𝑤 × 𝑓𝑠𝑤 (3.3) 

The difference between measured and conservative values is defined as total non-

conservative value of [X] (i.e. Δ[X]total) (Fig. 3.3c): 

𝛥[𝑋]𝑡𝑜𝑡𝑎𝑙 = [𝑋]𝑚𝑒𝑎𝑠−[𝑋]𝑐𝑜𝑛 (3.4) 

The positive or negative Δ[X]total indicates addition or removal of [X] to the water 

column, which is a composite result driven by multiple biogeochemical processes, 

such as aerobic respiration and CaCO3 dissolution. Similarly, the conservative 13C-

DIC value in the bay resulting from physical mixing of the upper estuarine water and 

the seawater is: 

δ13𝐶𝐷𝐼𝐶𝑐𝑜𝑛 =
δ13𝐶𝐷𝐼𝐶𝑒𝑠𝑡𝑢×𝐷𝐼𝐶𝑒𝑠𝑡𝑢×𝑓𝑒𝑠𝑡𝑢+δ13𝐶𝐷𝐼𝐶𝑠𝑤×𝐷𝐼𝐶𝑠𝑤×𝑓𝑠𝑤

𝐷𝐼𝐶𝑐𝑜𝑛
 (3.5) 
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3.4 Results and Discussion 

3.4.1 Distribution of chemical constituents along the main channel 

Spatial patterns of physical and chemical conditions in June 2016 reveal 

substantial variations along the salinity gradient. The surface water temperature was 

generally higher than the bottom water temperature (Fig. 3.2a), where in the mid-bay, 

the average temperature in the surface water (23.2±1.1℃) was ~5℃ higher than in the 

bottom water (17.9±0.9℃). A two-layer estuarine circulation can clearly be seen from 

the salinity distribution (Fig. 3.2a), i.e. fresher water flows seaward in the surface, 

while saline water intrudes landward in the bottom. The salinity gradient contributed 

to the majority (>90%) of the density stratification (Goodrich et al., 1987; Kemp et al., 

1992), with a pycnocline depth at ~10 m inferred from sectional distributions of 

salinity and DO in Fig. 3.2a and b. Below the pycnocline, there was a hypoxic zone in 

the mid-bay with the lowest DO of 21 mol kg-1 observed at Station 858. A DO 

supersaturation zone was observed in the surface water immediately above the 

hypoxic zone, with the highest DO of 327 mol kg-1 (equivalent to 133% of saturated 

DO or -81 mol kg-1 of AOU) observed at Station CB3.2, indicating a close spatial 

coupling between sub-pycnocline aerobic respiration and surface primary production 

(Fig. 3.2b). Carbonate dynamics were also coupled to oxygen in the hypoxic zone and 

phytoplankton bloom zone. In the bottom hypoxic zone, DIC and pCO2 were enriched 

(Fig. 3.2c and g), while 13C-DIC, pH, and Ωarag were lower (Fig. 3.2d, g and h). In the 

surface phytoplankton bloom zone, however, the opposite pattern was observed: DIC 

and pCO2 decreased, and 13C-DIC, pH, and Ωarag increased. The distributions of TA 

and Ca2+ generally followed the pattern of salinity (Fig. 3.2e and f). The pH and Ωarag 

remained low in the upper bay and in mid-bay bottom water, but were higher in more 
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saline, seaward waters (Fig. 3.2g and h). H2S was also measured at each station and 

depth, but concentrations were all below the detection limit (0.5 mol L-1).  

 

Figure 3.2: Sectional distributions of water properties in the main channel of the 

Chesapeake Bay in early June, 2016. (a) salinity (color) and contours of 

temperature, (b) DO and contours for hypoxia (63 mol kg-1), (c) DIC, 

(d) 13C-DIC, (e) TA, (f) Ca2+, (g) pH (NBS, 25℃) and contours for 

pCO2, and (h) Ωarag. The inserted map shows the geological location of 

this section extending from Station CB2.1 to the bay mouth. Offshore 

stations were not included in the section profiles, because they are 

located much more offshore in the Mid-Atlantic Bight. 
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3.4.2 Apparent sources of DIC and TA in the hypoxic zone 

DIC and TA behaved in a nearly conservative way in both the upper and lower 

bay (Fig. 3.3a), but large quantities of DIC and TA were added to the mid-bay water 

column, with peak addition values of 344 and 161 mol kg-1, respectively (Fig. 3.3c). 

AOU was low in the upper bay (< 50 mol kg-1), increased significantly up to 250 

mol kg-1 in the below-pycnocline water of the mid-bay, and was near equilibrium (~0 

mol kg-1) with the atmosphere in the lower bay water (Fig. 3.2b). Non-conservative 

Ca2+ (ΔCa2+) was close to zero at salinity <10, but increased up to 50 mol kg-1 at 

salinity 10~20 (Fig. 3.3c), suggesting moderate CaCO3 dissolution occurred in the 

mid-bay water. Beyond salinity 20, ΔCa2+ had greater noise than that at salinity <20 

probably because of reduced operating proficiency and electrode stability during 

sample analysis. Since the general pattern of Ca2+ against salinity was correct (Fig. 

3.3b), and the maximum non-conservative deviation value (ΔCa2+ = -61 mol kg-1) 

was small compared with the corresponding measured Ca2+ values (4,245 to 9,373 

mol kg-1), we retained the Ca2+ and ΔCa2+ data at salinity>20 in Fig. 3.3b and c as 

open circles, but excluded those data in further calculations.  

Assuming the oxidation state of organic carbon is zero, the aerobic respiration 

of organic matter characterized with a Redfield ratio (C:N:P = 106:16:1) would result 

in a stoichiometry of ΔDICAR:ΔTAAR:AOU = 106:-17:138 (Table 3.2). Note that 

H3PO4 is a strong acid, and donates a proton in its contribution to TA (Wolf-Gladrow 

et al., 2007; Cai et al., 2010b). Carbonate dissolution releases Ca2+ and increases DIC 

and TA with a stoichiometry of ΔDICCD:ΔTACD:ΔCa2+ = 1:2:1 (Table 3.2). Given that 

we can directly estimate AOU and ΔCa2+, as well as their related chemical 

stoichiometry, first we can calculate the DIC and TA changes caused by aerobic 

respiration (ΔDICAR = 106×(AOU/138) and ΔTAAR = -17×(AOU/138)) and CaCO3 
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dissolution (ΔDICCD = ΔCa2+ and ΔTACD = 2×ΔCa2+). Then, we subtracted the DIC 

and TA changes of these two processes from the total non-conservative values 

(ΔDICtotal and ΔTAtotal). The residual DIC and TA (i.e. ΔDICtotal-CD-AR and ΔTAtotal-CD-

AR) are significantly different from zero (Fig. 3.4), indicating that aerobic respiration 

and CaCO3 dissolution cannot fully explain the additions of DIC and TA in the mid-

bay water column. Previous studies on coastal hypoxia have shown that in addition to 

the dominance of aerobic respiration, other processes can significantly influence the 

carbonate dynamics, such as nitrification in the upper reach of the Pearl River Estuary 

(Dai et al., 2008; He et al., 2014) and oxidation of reduced chemical species in the 

water column in the Black Sea and Cariaco basin (Millero, 1991b; Rabalais et al., 

2010). Considering that the mid-bay is typically where gross primary production, 

respiration (plankton + benthic) and sulfate reduction peak (Kemp et al., 1997), while 

surface pCO2 is undersaturated with respect to the atmosphere in spring and summer 

(Cai et al., 2017), it is clear that sulfate reduction and atmospheric CO2 invasion could 

be alternative contributors to carbonate system dynamics. These two contributors will 

be discussed in the next two sections. 
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Figure 3.3: Total alkalinity, dissolved inorganic carbon and its stable isotope, 

calcium ion against salinity, and their deviations from the conservative 

mixing lines. We calculated mixing lines between CB2.2 (the estuarine 

endmember) and offshore seawater (the oceanic endmember) to assess 

the non-conservative behaviors of (a) TA, DIC, (b) Ca2+ and (d) 13C-

DIC. The deviation values of TA, DIC and Ca2+ are presented in (c). 

Note that there is a zero reference line and the endmembers are marked 

by arrows. The open circles in (b) and (c) represent the lower-bay Ca2+ 

and ΔCa2+ data, which were measured in the second batch. 
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Table 3.2      Biogeochemical processes that affect the stoichiometric ratios of DIC and 

TA. 

Processes Reaction equations ΔTA/ΔDIC 

AR (CH2O)106(NH3)16(H3PO4) + 138O2 → 106CO2 + 

16HNO3 + H3PO4 + 122H2O 

-(16+1)/106 

= -0.16 

CD CaCO3 + CO2 + H2O → Ca2+ + 2HCO3
- 2/1 

SRa (CH2O)106(NH3)16(H3PO4) + 53SO4
2- → 106HCO3

- 

+ 53H2S + 16NH3 + H3PO4 

(106+16-1)/106 

= 1.14 

Sulfide 

oxidation 

H2S + 2O2 → SO4
2- + 2H+ -2/0 

Sulfide 

storageb 

Fe(OH)3 + 1/2H2S + 2H+ → Fe2+ + 1/2S + 3H2O 2/0 

Fe2+ + H2S → FeS + 2H+ -2/0 

FeS + H2S → FeS2 + H2 0/0 
aCited from Cai et al. (2017). 
bCited from Rassmann et al. (2019). 

3.4.3 Sulfate reduction and sulfide storage in the sediment 

We inferred that sulfate reduction (SR) in the mid-bay sediment had a 

significant influence on the carbonate system in the water column based on three lines 

of evidence. First, the residual DIC and TA (i.e. ΔDICtotal-CD-AR and ΔTAtotal-CD-AR) are 

generally positive and have a ratio of 0.86 with a high R2 of 0.80 in the mid-bay (Fig. 

3.4a), which approximates the ratio of DIC and TA changes induced by sulfate 

reduction (0.88) (Table 3.2). Second, the vertical distribution of ΔDICtotal-CD-AR does 

show higher values in deep water than in surface water, suggesting this residual DIC 

originates from the sediment (Fig. 3.4b). However, no H2S was detected in June 2016, 

while low but detectable O2 was observed in bottom water, indicating no significant 

sulfate reduction in the water column. Previous studies have demonstrated that sulfate 

reduction (60-80%) and aerobic respiration (20-40%) appear to be the most important 

pathways for organic carbon mineralization in mid-bay sediments at ≥ 10 m water 

depth (Burdige and Homstead, 1994; Roden et al., 1995). Alternative metabolic 

pathways (nitrification and methanogenesis) occur at relatively low rates in the mid-
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bay in summer (Kemp et al., 1990; Hill et al., 1992; Brady et al., 2013; Testa et al., 

2013), while much of the metal oxide reduction is dominated by interaction with 

sulfide, rather than oxidation of sedimentary OM (Burdige, 1993; Lustwerk and 

Burdige, 1993). 

 

Figure 3.4: (a) The ratio of non-conservative DIC and TA excluding the portion 

related to carbonate dissolution (CD) and aerobic respiration (AR), and 

(b) the sectional distribution of the non-conservative DIC values. 
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In the mid-bay sediments during summer, sulfide production rates via sulfate 

reduction typically exceed sulfide oxidation rates (Roden and Tuttle, 1992; Roden et 

al., 1995), suggesting sulfide storage in the sediments (Sampou and Oviatt, 1991) or 

release to the overlying bottom water (Roden and Tuttle, 1993). During our cruise in 

June 2016, we did not observe H2S accumulation in the water column of the hypoxic 

zone, indicating that H2S released from the sediment was rapidly oxidized (Millero, 

1991a). Oxidation of H2S by O2 would not change DIC, but it could consume a 

considerable fraction of the TA produced by sulfate reduction (Table 3.2). If all of the 

sulfate reduction-generated H2S diffused upward and was oxidized by O2, we would 

have found the sediments to be a source for DIC, and a weak sink for TA. In contrast, 

our data show substantial additions of both DIC and TA from the sediment to the 

water column (Fig. 3.4), indicating that a major proportion of H2S was removed (or 

stored) in the sediment below the oxic layer. Previous observations in mid-bay 

sediments have revealed a dynamic seasonal cycle of iron sulfide accumulation during 

summer and re-oxidation in winter (Cornwell and Sampou, 1995). Since the abiotic 

reduction of iron oxides by H2S coupled with either FeS or pyrite mineral does not 

overall alter TA (Table 3.2) (Rassmann et al., 2019), this will not influence the ratio of 

DIC and TA produced by bacterial sulfate reduction, which leads to the slope value 

nearly identical to 0.88 (Fig. 3.4a). 

Based on published data for sulfate reduction rates, sediment-water fluxes, and 

several related assumptions, we estimated the changes to DIC and TA concentrations 

resulting from sediment sulfate reduction for comparison with our calculated ΔDICtotal-

CD-AR (0 to 160 mol kg-1) and ΔTAtotal-CD-AR (0 to 200 mol kg-1) (Fig. 3.4a). To make 

these calculations, we assumed 1) a mid-bay sulfate reduction rate in June between 
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15.6 to 70.3 mmol S m-2 d-1 (Kemp et al., 1997), 2) the ratio of sulfide storage to total 

sulfate reduction was 20% on an annual basis (Roden and Tuttle, 1993), 3) an average 

height of 20 m for the whole water column, and 4) a water residence time of 120 d for 

the mid-bay water (Du and Shen, 2016). Provided these assumptions, we estimated 

that sulfate reduction followed by sulfide storage would result in a DIC addition of 38 

to 169 mol L-1 and a TA addition of 43 to 193 mol L-1 to the water column, 

comparable to what were derived from our observational-based estimates. 

Furthermore, previous studies have reported that the measured sediment-water fluxes 

of DIC were 16~84 mmol m-2 d-1 in the mid-bay in summer (Burdige and Homstead, 

1994; Burdige and Zheng, 1998; Lee et al., 2015). In June, the benthic DIC flux of 

30~42 mmol m-2 d-1 is equivalent to 180~252 mol L-1 DIC addition to the water 

column under the same assumptions as above, suggesting that sulfate reduction 

followed by sulfide storage could largely explain the residual DIC and TA addition 

(ΔDICtotal-CD-AR and ΔTAtotal-CD-AR) that we derived using stoichiometric balances. 

3.4.4 Aerobic respiration and atmospheric CO2 invasion 

In addition to aerobic respiration, oxidation of reduced chemicals (e.g. H2S, 

Mn2+, Fe2+) mixing upward from the sediment-water interface also consumes oxygen 

in the water column. Therefore, it is not strictly correct to use AOU and the theoretical 

ratio of ΔDICAR/AOU (i.e. 106/138=0.77) to derive the DIC addition via aerobic 

respiration of OM. Assuming the stoichiometric ratios of ΔTA/ΔDIC for SR (= 1.14) 

and AR (= -0.16) are valid (Table 3.2), we developed a mass balance of DIC and TA 

to independently derive their changes induced by aerobic respiration, and further 

examined its actual ΔDICAR/AOU ratio. We used x and y to represent the quantities of 
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DIC addition via SR and AR respectively, and thus the TA changes would be 1.14x 

for SR and -0.16y for AR. 

Δ𝐷𝐼𝐶total − Δ𝐷𝐼𝐶CD = 𝑥 + 𝑦 (3.6) 

Δ𝑇𝐴total − Δ𝑇𝐴CD = 1.14𝑥 − 0.16𝑦 (3.7) 

Then, the quantity of SR-induced DIC addition was resolved as x and noted as 

ΔDICSR(x1). The actual DIC addition induced by AR was resolved as y and noted as 

ΔDICtotal-CD-SR(x1). As shown in Fig. 3.5, the ΔDICtotal-CD-SR(x1)/AOU ratio is 0.61 (Fig. 

3.5), and is close to the Redfield ratio of 0.77 (Redfield, 1934), indicating aerobic 

respiration of OM dominated the DO consumption in the water column.  
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Figure 3.5: The different types of non-conservative DIC plotted against AOU in the 

below-pycnocline water in the mid-bay. The total-CD refers to the total 

ΔDIC minus the portion caused by carbonate dissolution (CD). The total-

CD-SR(x1) means the part of non-conservative DIC induced by the 

process excluding CD and sulfate reduction (SR), which is noted as 

SR(x1) without considering atmospheric CO2 invasion. Similarly, the 

total-CD-ATM-SR(x2) indicates the part of non-conservative DIC 

generated by the process excluding CD, SR and atmospheric CO2 

invasion. More details about SR(x1) and SR(x2) are in the discussion 

section. 

The positive intercepts of ΔDICtotal-CD and ΔDICtotal-CD-SR(x1) against AOU for 

the below-pycnocline water in the mid-bay, however, mean that there was another 

DIC source unrelated to oxygen consumption (Fig. 3.5). As shown in Fig. 3.2g, the 

pCO2 in the mid-bay surface water was below the atmospheric level (~400 atm), and 



 

 

 

94 

should have caused atmospheric CO2 invasion, which may have contributed to water 

column CO2 accumulation (Cai et al., 2017). The intercept value of ~35 mol kg-1 is 

very close to the bottom-water DIC changes induced by atmospheric CO2 invasion 

estimated by Cai et al. (2017) (~21-33 mol kg-1) and modeled by Shen et al. (2019a) 

(~20.4-52.3 mol kg-1). Thus, we suggest that the invasion of atmospheric CO2 is 

another important control on water-column DIC, and its alteration on DIC is noted as 

ΔDICATM. Assuming ΔDICATM equals 35 mol kg-1 throughout the water column, and 

CO2 invasion doesn’t influence TA, we can recalculate the DIC addition via AR and 

SR by using the modified equation (3.6) (i.e. ΔDICtotal−ΔDICCD−ΔDICATM = x+y) and 

the same equation (3.7) (i.e. ΔTAtotal−ΔTACD = 1.14x-0.16y). For this time, the SR-

induced DIC addition was noted as ΔDICSR(x2), while the AR-induced DIC addition 

was noted as ΔDICtotal-CD-ATM-SR(x2). Here, the regression of ΔDICtotal-CD-ATM-SR(x2) 

against AOU has a similar slope but a much smaller intercept value, which is not 

statistically different from zero (n=33, p > 0.05) (Fig. 3.5). In order to illustrate the 

following calculations neatly, the subscripts of ΔDICSR(x2), and ΔDICtotal-CD-ATM-SR(x2) 

were simplified as SR and AR in equations (3.8) to (3.12). 

3.4.5 The apparent 13C value of oxygen-consuming OM 

We have shown that in early June, the non-conservative DIC in the below-

pycnocline water of the mid-bay are controlled by aerobic respiration (AR), CaCO3 

dissolution (CD), sedimentary sulfate reduction (SR), and the invasion of atmospheric 

CO2 (ATM). This allows us to construct a mass balance equation for DIC: 

Δ𝐷𝐼𝐶total = Δ𝐷𝐼𝐶CD+Δ𝐷𝐼𝐶ATM+Δ𝐷𝐼𝐶SR+Δ𝐷𝐼𝐶AR (3.8) 

By dividing the DIC changes from each process by ΔDICtotal, we further quantified 

that CD, ATM, SR and AR accounted for 5%, 13%, 39% and 43% respectively of the 
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total non-conservative DIC in the below-pycnocline waters of the mid-bay. However, 

the distribution of 13C-DIC was more than a result of DIC concentration change, but 

also influenced by the distinct 13C source values and isotopic fractionation of 

individual biogeochemical process (Alling et al., 2012; Samanta et al., 2015; Su et al., 

2019). In contrast to the DIC addition in the mid-bay subsurface water, the correlated 

13C-DIC values were beneath the isotopic mixing line (Fig. 3.3d), indicating a 

considerable proportion of DIC addition was 13C-depleted. Therefore, similar to DIC, 

we derived a mass balance equation for the stable carbon isotope of DIC: 

δ13𝐶𝐷𝐼𝐶𝑚𝑒𝑎𝑠 × 𝐷𝐼𝐶𝑚𝑒𝑎𝑠 − δ13𝐶𝐷𝐼𝐶𝑐𝑜𝑛 × 𝐷𝐼𝐶𝑐𝑜𝑛 = δ13𝐶𝐷𝐼𝐶𝐶𝐷
× 𝛥𝐷𝐼𝐶𝐶𝐷 +

δ13𝐶𝐷𝐼𝐶𝐴𝑇𝑀2
× 𝛥𝐷𝐼𝐶𝐴𝑇𝑀 + δ13𝐶𝐷𝐼𝐶𝑆𝑅

× 𝛥𝐷𝐼𝐶𝑆𝑅 + δ13𝐶𝐷𝐼𝐶𝐴𝑅
× 𝛥𝐷𝐼𝐶𝐴𝑅 (3.9) 

To derive the isotope value of oxygen-consuming OM from equations (3.9) as 

well as (3.1), (3.3), (3.5) and (3.8), a few assumptions or approximations are needed. 

The sources of CaCO3 that dissolved in the water column may include marine 

limestone, abiotic precipitation and biogenic calcification. In Chapter 4, we show that 

CaCO3 formation driven by submerged aquatic vegetation and shell organisms may 

play an important role in supplying CaCO3 for further dissolution in the subsurface 

water of the mid- to lower bay. However, the sources and 13C values of these CaCO3 

solids have not yet been quantified in the Chesapeake Bay. Considering CaCO3 

dissolution only accounted for 5% of the DIC addition in early June 2016, the 

uncertainty introduced by 13C-DICCD must be rather small. Thus, we tentatively 

assume the 13C-DICCD to be 0‰, which is widely used to represent marine limestone 

(Craig, 1953; Presley and Kaplan, 1968).  

Yet, the invasion of atmospheric CO2 would also cause isotopic fractionation 

between the atmospheric CO2 and added DIC. Given the average temperature 

(20.6±2.4℃) in the mid-bay water column, the fractionation factor could be calculated 
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as -9.4‰ following Samanta et al. (2015). Assuming the 13C of atmospheric CO2 was 

-8‰, we can derive the 13C of CO2-invasion-induced DIC (13C-DICATM) as 1.4‰. 

Aerobic respiration and sulfate reduction both degrade OM, but use different terminal 

electron acceptors, i.e. O2 vs. SO4
2-. Aerobic degradation of OM typically produces 

DIC with minor isotopic fractionation from the substrate OM (Hullar et al., 1996; 

Breteler et al., 2002; Lehmann et al., 2002). Previous studies indicate that degradation 

of marine POM via sulfate reduction is a non-fractionating process, and have adopted 

the 13C of POM undergoing degradation as the 13C value of the end-product DIC 

(Irwin et al., 1977; Komada et al., 2016; Fernandes et al., 2018). Therefore, the 

isotopic composition of DICAR (i.e. 13CAR) and DICSR (i.e. 13CSR) should be identical 

to the 13C of substrate OM (i.e. 13COCx), which consumes oxygen or sulfate and 

produces DIC to the water column. Thus, the 13COCx could be derived from the 

following equation: 

δ13𝐶𝑂𝐶𝑥 =
δ13𝐶𝐷𝐼𝐶𝑚𝑒𝑎𝑠×𝐷𝐼𝐶𝑚𝑒𝑎𝑠−δ13𝐶𝐷𝐼𝐶𝑐𝑜𝑛×𝐷𝐼𝐶𝑐𝑜𝑛−δ13𝐶𝐷𝐼𝐶𝐶𝐷

×𝛥𝐷𝐼𝐶𝐶𝐷−δ13𝐶𝐷𝐼𝐶𝐴𝑇𝑀
×𝛥𝐷𝐼𝐶𝐴𝑇𝑀

𝐷𝐼𝐶𝑚𝑒𝑎𝑠−𝐷𝐼𝐶𝑐𝑜𝑛−𝛥𝐷𝐼𝐶𝐶𝐷−𝛥𝐷𝐼𝐶𝐴𝑇𝑀
(3.10) 

where DICcon and 13CDICcon could be calculated from Equation (3.3) and (3.4), 

ΔDICCD equals to the deviation of Ca2+ (i.e. ΔCa2+), and ΔDICATM equals 35 mol kg-1 

throughout the water column. The propagated errors of the calculated 13COCx can be 

estimated following Wang et al. (2018). The composite uncertainty of the derived 

13COCx was ±3.8‰, which was the potential maximum uncertainty when propagating 

all errors from the endmembers and measurements. Combining Equation (3.9) and 

(3.10), we get the following equation: 

 

𝛿13𝐶𝐴𝑅 × 𝛥𝐷𝐼𝐶𝐴𝑅 + 𝛿13𝐶𝑆𝑅 × 𝛥𝐷𝐼𝐶𝑆𝑅 = 𝛿13𝐶𝑂𝐶𝑥 × (𝛥𝐷𝐼𝐶𝐴𝑅 + 𝛥𝐷𝐼𝐶𝑆𝑅)  (3.11) 

Note that ΔDICAR (=ΔDICtotal-CD-ATM-SR(x2)) and ΔDICSR (=ΔDICSR(x2)) are known, and 

13COCx (=
13CAR=13CSR) can be calculated for each sample by equation (3.10). 
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Unlike the co-dominance of AR and SR as well as a moderate contribution from CD 

and ATM to DIC and 13CDIC dynamics in the Chesapeake Bay, AR is the most 

important biogeochemical process controlling DIC and 13CDIC in the Pearl River 

Estuary (Su et al., 2017). In order to compare the magnitude of AR-induced DIC 

change and the apparent origin of oxygen-consuming organic matter in the two 

systems, we extracted the portion only induced by AR from equation (11) and 

expressed that as: 

Δ(𝛿13𝐶𝐷𝐼𝐶 × 𝐷𝐼𝐶) = 𝛿13𝐶𝑂𝐶𝑥 × 𝛥𝐷𝐼𝐶𝐴𝑅  (3.12) 

The term at the left side of equation (3.12) is the product of 13COCx (=
13CAR) and 

ΔDICAR for each sample. When we plot Δ(13CDIC×DIC) against ΔDICAR (Fig. 3.6), 

the slope value of -19.4±0.3‰ reflects the apparent 13C signature of oxygen-

consuming OM undergoing remineralization. Note that the uncertainty of the slope 

(±0.3‰) is directly derived from the linear regression in Fig. 3.6, which is much 

smaller than the potential maximum composite uncertainty of the derived 13COCx 

(±3.8‰). In this case, we used marine limestone as the CaCO3 source (13C-DICCD = 

0‰). However, Grimm et al. (2017) once measured the 13C of oyster shells in the 

James River estuary, one of the tributaries in the southwestern Chesapeake Bay, which 

ranged from -7.6 to 0.5‰ and had a positive relationship with salinity. Even if 13C-

DICCD varies from -8 to 1‰ as measured for oyster shells (Grimm et al., 2017), the 

slope value changes little from -19.0 to -19.5‰, which is within the uncertainty of the 

slope using 13C-DICCD = 0‰. Therefore, in our case the slope value is not sensitive 

to the variation of 13C-DICCD because carbonate dissolution contributed only a small 

fraction (~5%) to the DIC addition in early June 2016. Assuming the isotopic 

composition of OM is conservative or regulated only by physical mixing, this apparent 



 

 

 

98 

13COCx could be seen as a mixing signal from two distinct endmember sources, i.e. 

Autoc-OC and Alloc-OC (Thornton and McManus, 1994).  

 

Figure 3.6: The (13C-DIC×DIC) vs. DICAR in the below-pycnocline water of the 

mid- Chesapeake Bay. The slope reflects the original 13C signature of 

oxygen-consuming OM undergoing remineralization (13COCx). The PRE 

dataset is from Su et al. (2017). 

3.4.6 Source partitioning of oxygen-consuming OM 

We verified the relative contributions of Autoc-OC and Alloc-OC by 

examining the bulk composition of POM and defining the isotopic endmember values 

(Shultz and Calder, 1976; Thornton and McManus, 1994; Yu et al., 2010).  Total 

suspended matter (TSM) showed a decreasing trend from the upper (~13 mg kg-1) to 
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the lower bay (~4 mg kg-1) (Fig. 3.7a), while POC sharply increased in the southern 

portion of the upper bay, and then decreased seaward (Fig. 3.7b). The peak POC value 

occurred at CB3.2, which had the highest DO (327 mol kg-1) and chlorophyll-a 

concentration (16.0 g L-1), indicating that the POC increase was caused by strong 

primary production and associated phytoplankton biomass. The molar C/N ratio varied 

from 4.4 to 7.9, with an average value close to 6 (Fig. 3.7c), similar to the results of 

Boynton et al. (1985) (4.0-13.0), Horrigan et al. (1990) (6.9-12.2), Canuel and 

Zimmerman (1999) (4.8-9.1), Sigleo and Macko (2002) (7.0-12.0) and Loh et al. 

(2006) (~6.0). The 13C-POC values generally increased southward and had a range of 

-28.7‰ to -20.6‰ (Fig. 3.7d), similar to the results of Canuel (2001) (-27.8‰ to -

19.9‰), Sigleo and Macko (2002) (-26.9‰ to -17.5 ‰) and Loh et al. (2006) (-28.0‰ 

to -21.4‰).  
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Figure 3.7: Spatial distribution of (a) TSM, (b) POC, (c) molar C/N ratio, and (d) 

13C-POC along the main channel of the Chesapeake Bay in June (circle) 

and August (triangle), 2016. TSM and POC concentrations are expressed 

in per kilogram water unit. 

    In this study, the distributions of C/N and 13C demonstrate that Autoc-OC 

(estuarine/marine phytoplankton) constitutes a major portion of POM in the mid- to 

lower bay. This is supported by our findings of C/N ratios close to 6 and 13C > -25‰ 

along the majority of meso- and polyhaline waters where hypoxia exists. Our findings 

of low Alloc-OC (terrestrial) influence is not surprising given that the winter-spring 
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(January-May) river flow in 2016 was 20% lower than the long-term average (1967-

2017) and freshwater input was at a seasonal minimum during our cruise period (Fig. 

3.8b). These low flow conditions likely allowed any imported, terrestrial OM and 

freshwater phytoplankton to be trapped in the upper-bay turbidity maximum zone 

(Sanford et al., 2001; Cheng et al., 2013).  

When we combined the lowest 13C-POC values in our study with three 

previous studies (Canuel, 2001; Sigleo and Macko, 2002; Loh et al., 2006), we derived 

a 13C-POC value of -27.9±0.7‰ as the endmember for Alloc-OC (terrestrial) or 

freshwater algae. Similarly, using the highest 13C-POC values in these four studies, 

we derived a 13C-POC endmember value for Autoc-OC (marine) of -19.9±1.7‰. 

Therefore, our derived 13C of oxygen-consuming OM (-19.4±0.3‰) is within the 

uncertainty of the Autoc-OC isotopic signal. The fact that oxygen-consuming OM 

signal is the approximate value of marine OM may reflect rapid settling and/or 

landward intrusion of marine-derived OM from the high salinity regions, consistent 

with well-known estuarine circulation patterns (Arzayus and Canuel, 2005). Previous 

studies have demonstrated that the water of the continental shelf, flowing into the 

bay’s mouth, is the largest single source of sediment for the Chesapeake Bay (Meade, 

1969; Hobbs III et al., 1992). Moreover, the 13COCx may be influenced by the high 

organic content (as high as 74% (dry weight) in the marsh sediment) and more 13C-

enriched (~-12.5‰) materials eroded from the marshes (Stevenson et al., 1985; 

Stribling and Cornwell, 1997). Nonetheless, we did not find any POM sample with 

such a 13C-enriched signal in our cruises (Fig. 3.7d and 3.8a). In addition, the absence 

of biomarkers associated with terrestrial and marsh sources in summer precludes the 

possibility that admixture of terrestrial and marsh materials accounts for a major 
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portion of organic matter that consumes oxygen (Canuel, 2001; Loh et al., 2006). 

However, we cannot exclude the possible contributions of terrestrial and marsh 

materials to oxygen-consuming organic matter pool in other periods, especially during 

high-flow seasons (winter and spring) and storm events (Stevenson et al., 1988; 

Canuel, 2001). Overall, our results demonstrate that eutrophication-stimulated primary 

production (Autoc-OC) dominated oxygen-consuming OM pool in the hypoxic zone 

of the Chesapeake Bay in June 2016.   

3.4.7 Comparison with hypoxia in the lower reach of the Pearl River Estuary 

It is useful to compare our isotopic analysis in the Chesapeake Bay (CB) with 

similar recent measurements in the Pearl River Estuary (PRE; 21.2°N–23.1°N, 

113.0°E–114.5°E), a large subtropical estuarine system in southern China. The PRE 

also receives large amounts of nutrient and OM loadings (Zhang et al., 1999; Cai et 

al., 2004; Dai et al., 2006), and suffers from severe eutrophication (Huang et al., 

2003). Recent observations suggest that the lower PRE has emerged as a seasonal 

hypoxic zone (Qian et al., 2018). Unlike the CB, with persistent summer hypoxia 

occurring at >10 m depth (Hagy et al., 2004), the lower PRE hypoxic zone is highly 

variable given a short water residence time of only a few days and strong tidal and 

wind mixing, especially during typhoon events (Su et al., 2017). Despite these 

differences, oxygen consumption in both systems is dominated by aerobic respiration 

of Autoc-OC (~100% in the CB vs. ~65% in the PRE), while Alloc-OC is also a 

significant contributor (~35%) to oxygen consumption in the PRE (Su et al., 2017). 

The 13C-POC values were similar in both estuaries near the freshwater zone, but 

differed in the seawater regions (Fig. 3.8a), likely due to additional tributary OM 

inputs to the lower CB (Arzayus and Canuel, 2005; Countway et al., 2007). Finally, 
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the 13C-DIC values measured during summer were generally higher or more positive 

in the CB than in the PRE (Fig. 3.8a), presumably because variations in carbonate 

weathering in the watershed and different biogeochemistry within the bay waters, such 

as CaCO3 dissolution and atmospheric CO2 invasion. In the mid- CB, there is 

atmospheric CO2 uptake because of the strong drawdown of surface pCO2 driven by 

photosynthesis and long water residence time. In contrast, within the PRE, 

supersaturated pCO2 in the surface water and short water residence time lead to no 

CO2 uptake into the water (Guo et al., 2009). 
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Figure 3.8: Comparisons of 13C-DIC, 13C-POC and freshwater discharge between 

the Chesapeake Bay and the Pearl River Estuary. In panel a, the red open 

circles and squares represent the 13C-DIC (June) and 13C-POC (June + 

August) from the CB cruises in 2016. For the PRE, the blue crosses are 

the 13C-DIC values from July 2014, whereas the blue pluses are the 

13C-POC values from July 2015. The PRE data are from Su et al. 

(2017). In panel b, the red fill circles indicate the monthly average 

freshwater discharge rate for the Susquehanna River at Conowingo Dam 

(USGS site number 01578310) during 1967-2017, while the red open 

circles refer to 2016. The Susquehanna River supplies 50-60% of mean 

annual freshwater input to the Chesapeake Bay (Schubel and Pritchard 

1986; Testa et al. 2018a). The blue filled and open squares show the 

monthly average freshwater discharges in the PRE during multiple years 

(2000-2011) and July 2014, respectively. 
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To interpret why terrestrial OM contributes significantly to the oxygen 

consumption in the PRE but not in the CB, we have to consider the differences in 

terms of hydrology, quantity and quality of both Alloc-OC and Autoc-OC, and the 

physical setting. As shown in Table 3.3, the CB has a smaller annual freshwater input, 

about one fifth of that in the PRE, but has an estuarine water volume ~10 times as 

large as that in the PRE. That leads to a much longer water residence time in the CB. 

Considering the smaller annual sediment loads in the CB, most of the Alloc-OC likely 

settles in the upper bay (Biggs, 1970; Boynton and Kemp, 1985; Cheng et al., 2013), 

except in the high discharge period of March or April (Fig. 3.8b). Thus, in summer, 

when freshwater discharge is low (Fig. 3.8b), little terrestrial OM reaches the mid- and 

lower bay, and Autoc-OC composes most of the OM pool in the CB. In contrast, the 

much larger annual sediment loads and much shorter water residence time in the PRE 

enables considerable terrestrial OM be transported to the shallow shelf region, where 

bottom hypoxia develops. This terrestrial OM delivery would be more substantial 

during the peak freshwater discharge in the PRE in summer when our measurements 

were made (Fig. 3.8b). There appears to be substantial amounts of bioavailable OM in 

both systems, but the OM is substantially influenced by Alloc-OC that is exposed to 

minor degradative loss during the short transport period in the PRE (Strong et al., 

2012), while Autoc-OC is far more important in  the CB, which is generally more 

productive (1-9 g C m-2 d-1) than the PRE (1-5 g C m-2 d-1) (Officer et al., 1984; 

Rabouille et al., 2008). Finally, the temperature of the hypoxic water in the PRE (23.7-

27.6℃) was higher than that in the CB (17.0-18.5℃), which favors higher rates of 

bacterial growth and OM degradation (Brown et al., 2004), allowing for potentially 

higher rates of  terrestrial OM degradation within the hypoxic zone of the lower PRE. 
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Clearly, the two large hypoxic zones in these estuarine systems have substantially 

different physical features and sources of OM input and lability, suggesting that future 

analyses are required to better understand the varied drivers of hypoxia across coastal 

systems worldwide. 

Table 3.3: Comparison of the Chesapeake Bay and the Pearl River Estuary in terms 

of hydrology, quantity and quality of organic matter input and physical 

characteristics. 

 
Chesapeake Bay Pearl River Estuary 

Annual freshwater discharge (×109 m3 yr-1) 73a 350b 

Timing of peak freshwater discharge  March or April June 

Estuarine water volume (×109 m3) 75c 8d 

Water residence time (days) 180c 3-5e 

Annual sediment loads (×106 tons yr-1) 4.3f 85b 

Primary productivity (g C m-2 d-1) 1-9g 1-5e 

Bioavailability of Alloc-OC --h Relatively highi 

Water temperature in hypoxic zone (℃) 17.0-18.5j 23.7-27.6k 

aKemp et al. 2005; bZhang et al. 1999; cDu and Shen 2016; dGuan et al. 2009; 
eRabouille et al. 2008; fLangland and Cronin 2003; gOfficer et al. 1984; hThis study 

shows there is little contribution from Alloc-OC to oxygen consumption in the 

hypoxic zone of the Chesapeake Bay; iStrong et al. 2012; jThis study; kSu et al. 2017. 
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A BAY-WIDE SELF-REGULATED PH BUFFER MECHANISM IN 

RESPONSE TO EUTROPHICATION AND ACIDIFICATION IN 

CHESAPEAKE BAY3 

4.1 Abstract 

Additions of CO2 and acid from the atmosphere, biological respiration, and 

oxidation of reduced chemical species have led to enhanced acidification in estuarine 

and coastal waters. However, less is known about how eutrophic and seasonally 

hypoxic and anoxic water bodies resist coastal acidification. Using calcium and 

carbonate chemistry data, geochemical model analysis, and mineralogical analysis, we 

reveal a bay-wide self-regulated pH buffer mechanism via spatially-decoupled CaCO3 

formation and dissolution to resist coastal eutrophication and acidification in the 

Chesapeake Bay. In summer, strong photosynthesis of submerged aquatic vegetation 

(SAV) in the uppermost bay and alongshore shallow areas assimilates considerable 

nutrients, and generates extremely high pH and CaCO3 saturation state conditions, 

which facilitate abiotic and biotic CaCO3 formation. These CaCO3 solids are 

subsequently transported into the downstream corrosive subsurface waters, and 

dissolve to buffer pH decreases caused by aerobic respiration and anthropogenic CO2, 
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thus providing relatively stable pH conditions. This SAV-driven pH buffer mechanism 

will be strengthened with future nutrient load reductions and SAV recovery. Our study 

suggests that coastal ecosystems can further promote their own recovery in complex, 

sometimes unpredictable ways as humans reduce anthropogenic stressors by policy 

management. 

4.2 Introduction 

Since the industrial revolution, the global ocean has absorbed approximately 

30% of the anthropogenic carbon dioxide (CO2) emissions from the atmosphere, 

lowering average surface water pH by 0.1 unit and aragonite saturation state (Ωarag) by 

0.5 unit. This process, known as ocean acidification (Gattuso et al., 2015; Feely et al., 

2017), is harmful to some marine organisms and ecosystems (Orr et al., 2005; Fabry et 

al., 2008; Kroeker et al., 2013). In coastal waters, acidification is enhanced by 

eutrophication and the subsequent hypoxia/anoxia via the accumulation of CO2 and 

acid below the pycnocline (Cai et al., 2011; Sunda and Cai, 2012; Wallace et al., 2014; 

Hagens et al., 2015). Carbonate dissolution can increase the total alkalinity (TA) of 

water, and is proposed as a buffer to neutralize anthropogenic CO2 uptake (Andersson 

et al., 2005; Macreadie et al., 2017). Recent studies have demonstrated that CaCO3 

dissolution can offset a significant proportion of the metabolic CO2, and increase 

survivorship of juvenile bivalves, thus providing a substantial negative feedback to 

coastal acidification (Green et al., 2009; Cai et al., 2017).  

However, very few studies have linked CaCO3 dissolution to the timing and 

location of its formation in coastal waters(Abril et al., 2003; Waldbusser et al., 2013), 

as a corollary to the ocean’s carbonate counter pump (Abril et al., 2003; Waldbusser et 

al., 2013). These dynamic links are essential to understand given their capacity to 
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mediate aquatic pH and atmospheric CO2 concentrations (Ware et al., 1992; Cai et al., 

2017). In coastal waters, CaCO3 can be formed via abiotic precipitation or biotic 

production, which are usually associated with coral reefs, calcareous algae 

(Borowitzka and Larkum, 1987), molluscs (Chauvaud et al., 2003), bacteria (Lesley A. 

Warren, 2001), fish (Perry et al., 2011) and aquatic plants (Borowitzka, 1984). 

Recently, seagrass meadows have been shown to be major sites for CaCO3 

accumulation and storage in high salinity waters in equatorial and subtropical regions 

(Mazarrasa et al., 2015). In addition to the seagrass-calcifying algae, infauna and 

epibiont community, the seagrass Thalassia testudinum itself can accumulate needle-

like aragonite crystals within its cell walls and externally on the blade surface through 

biologically induced precipitation (Enríquez and Schubert, 2014). High pH and 

carbonate saturation conditions will also favour biogenic shell formation. As pH is 

generally very high and pCO2 is very low in these systems seasonally during daytime 

hours, the CO2 released as a by-product of CaCO3 precipitation should be utilized by 

aquatic plant biomass production and not released to the atmosphere. Once the CaCO3 

crystals escape out of the seagrass beds (Koch, 1999; Corlett and Jones, 2007), they 

can be transported to carbonate-undersaturated areas where they can dissolve, increase 

alkalinity, reduce the concentration of H+, and increase carbonate saturation state.  

Anthropogenic perturbations have altered the distribution, abundance and 

diversity of submerged aquatic vegetation (SAV) on the shoals of the Chesapeake Bay 

and its tributaries (Orth and Moore, 1983; Orth and Moore, 1984; Moore et al., 2000; 

Orth et al., 2010), including a bay-wide decline of SAV began in the 1960s, 

accelerated in the early 1970s, and continued through 1980. Restoring these once-

abundant SAV beds has been a primary goal of efforts to reduce loads of nutrients and 
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sediments to the estuary (Orth et al., 2002; Lefcheck et al., 2018). Lefcheck et al. 

(2018) demonstrated that bay-wide water column nitrogen concentrations have 

declined by 23%, coinciding with a 316% increase in SAV cover during 1984 to 2015. 

Note that nutrient loads are still sufficiently high that surface water phytoplankton 

bloom and subsequent subsurface water hypoxia remain a serious issue along the main 

channel. Although SAV populations remain well-below restoration targets in some 

meso- and polyhaline regions, there have been widespread resurgences throughout the 

tidal fresh and oligohaline portions of the mainstem Bay and its tributaries over the 

last decade (Orth et al., 2010). One of the largest recovered SAV beds lies in the 

Susquehanna Flats, which is a broad, tidal freshwater region located near the mouth of 

the Susquehanna River at the head of the bay. The SAV in the flats was sparse through 

much of the 1980s and 1990s and then recovered rapidly in size and density between 

2000 and 2006, and remained persistently large and dense after 2007 (Gurbisz and 

Kemp, 2014).  

To understand how a large estuary responds to the dual-stresses of 

eutrophication and acidification, we examined the spatial and temporal distribution of 

carbonate chemistry and derived the patterns of CaCO3 formation and dissolution in 

the Chesapeake Bay in August 2016, at a time of peak hypoxia and anoxia and SAV 

biomass. Supplementary cruises were conducted in the Susquehanna Flats to collect 

solid samples of surface sediments and SAV leaves for mineralogical identification 

and to verify TA removal inside the flats. The Chesapeake Bay is an ideal system to 

examine these CaCO3 dynamics because it suffers from hypoxia/anoxia-enhanced 

acidification and associated bottom-water CaCO3 dissolution (Kemp et al., 2005; 

Murphy et al., 2011; Waldbusser et al., 2011a; Waldbusser et al., 2011b; Cai et al., 
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2017), but also supports a productive shellfish industry (Schulte, 2017) and a diverse 

assemblage of SAV (Lefcheck et al., 2018). 

4.3 Results and Discussion 

4.3.1 CaCO3 formation in the upper Chesapeake Bay 

In summer, strong gradients of salinity and temperature contributed to the 

formation of vertical stratification, facilitating the occurrence of hypoxia and anoxia 

below the pycnocline in the mid bay (Fig. 4.1a and b). The distribution of calcium ion 

(Ca2+), dissolved inorganic carbon (DIC), and TA generally resembled the pattern of 

salinity, i.e., increasing seaward and from surface to the bottom, but also showed clear 

signatures of non-conservative removal or enrichment (Fig. 4.1d, e and f). In 

particular, DIC and TA in the upper bay were distinctly lower than that of the 

Susquehanna River. The pH and Ωarag were low in the upper bay, and gradually 

increased seaward below the pycnocline whereas those in surface waters greatly 

increased seaward (Fig. 4.1g and h). The partial pressure of CO2 (pCO2) was high in 

the upper bay and in subsurface waters in hypoxic and anoxic zones (Fig. 4.1g). 
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Figure 4.1: Profiles of water properties in August 2016 from Chesapeake Bay. a-h, 

salinity and contours of temperature (a), DO and contours for anoxia (0 

mol kg-1) and hypoxia (63 mol kg-1) (Rabalais et al., 2010) (b), H2S 

(c), Ca2+ (d), DIC (e), TA (f), pH and contours for pCO2 (g)  and Ωarag (h) 

along the main channel. As in the previous studies (Kemp et al., 2005), 

the main stem was separated into three regions, i.e. upper bay (39.0-

39.5°N), mid bay (37.9-39.0°N) and lower bay (37.0-37.9°N). The 

inserted map shows the geological location of this section. The origin of 

section distance starts from Susquehanna River mouth. Susquehanna 

(SUS) Flats locates near the river mouth at the head of Chesapeake Bay. 

Offshore stations were not included in the section profiles, because they 

locate much more offshore in the Mid-Atlantic Bight. 

Using a two endmember mixing scheme between Susquehanna River water 

(SUS) and offshore seawater (Fig. 4.2a and b), we found a large drawdown of Ca2+ 
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and TA in the upper bay (Fig. 4.2c). The removals of Ca2+ and TA reached peak 

values of 393 and 698 µmol kg-1 at salinity<5 respectively, then decreased to be 53 

and 28 µmol kg-1 at high salinity 31.7. Since the signals of removal or addition are 

cumulative along the salinity gradient in an estuary (Officer, 1980), we surmise that 

Ca2+ was first scavenged near the freshwater area. As we lacked samples inside the 

SAV beds in the freshwater region in the August 2016 cruise nor during the sensor 

deployment period, additional samples were collected within the Susquehanna Flats in 

early September, 2018. The maximum removals of Ca2+ and TA within this SAV bed 

relative to the river mouth reached up to 285 and 450 µmol kg-1 (Fig. 4.7d), which are 

close to the lower end of calculated Ca2+ and TA removals at Station CB2.1 (318 and 

388 µmol kg-1) during August 2016. Note that for CaCO3 precipitation, the known 

stoichiometry ratio of DIC and TA changes should be 1:2. The nearly 1:1 ratio 

downstream of the flats at stations CB2.1 and CB2.2 however reflects contributions 

from other processes (Fig. 4.2c). Details on the evolution of Ca2+, TA and DIC at sites 

CB2.1 and CB2.2 are illustrated in the Methods section and Fig. 4.9. As salinity 

increased (salinity>5) in the mid to lower bay, the local Ca2+ addition began to exceed 

Ca2+ removal, which gradually compensated the removal signal to a large extent.  
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Figure 4.2: Total alkalinity, dissolved inorganic carbon and calcium ion against 

salinity, and their deviations relative to different conservative mixing 

lines. In (a) and (b), the open symbols show the cruise data, while the 

filled symbols represent the different endmember values. By using the 

mixing line (solid) between Susquehanna River water and offshore 

seawater, we discussed on the CaCO3 formation and related 

biogeochemical dynamics on a bay-wide scale. The deviation values are 

presented in (c). Note that there is a zero reference line and the 

endmembers are marked by arrows. We also adopted another mixing line 

(dash) to focus on CaCO3 dissolution and related biogeochemical 

variations in the region between stations CB2.2 and AO1. The alterations 

are shown in (d).  

We postulate that the large Ca2+ and TA removal near the freshwater zone is 

attributed to CaCO3 formation within the Susquehanna Flats SAV bed. Three 

additional lines of evidence support this postulation. First, continuous monitoring 
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sensor data showed very high dissolved oxygen saturation (DO%) and pH inside the 

SAV beds during summer and fall seasons in 2016 (Fig. 4.3a), indicating that strong 

photosynthesis of SAV has significantly altered the carbonate chemistry in the 

surrounding water. For instance, in August 2016, the monthly average DO% and pH 

were 124±24% and 9.7±0.2 with the highest values exceeding 179% for DO% and 

10.1 for pH. The water column aragonite saturation state calculated from TA and DIC 

was highly supersaturated (Ωarag=14.3) inside the SAV beds in September 2018. 

Previous studies had demonstrated that photosynthesis could enhance biogenic 

calcification, because of the shift in the carbonate system by CO2 removal and pH 

increase (Borowitzka and Larkum, 1987; Beer and Larkum, 2001; Semesi et al., 

2009). Furthermore, the diffusive boundary layer immediately adjacent to the leaves 

within the beds could probably generate microzones with much higher pH and Ωarag, 

where photosynthesis-induced CaCO3 precipitation may quickly occur (Koch, 1994). 
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Figure 4.3: Related water chemistry and CaCO3 precipitation within the SAV beds in 

the Susquehanna Flats. In panel (a), time-series sensor data of dissolved 

oxygen saturation and pH dataset extended from April to November 

2016, and the green zone indicates data in August, 2016. Panel (b) shows 

the SEM images of CaCO3 solids precipitated on the leaf surface of 

Vallisneria americana collected in early September, 2018. Note that the 

inserted panel has a larger scale of 2 m. (c) Mean ± SD (n=3-11) of the 

percentage of CaCO3 content (% dry weight) for surface sediments and 

leaves of SAV collected in early June and early September, 2018. 
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Second, SEM images illustrated CaCO3 precipitation with varying size and 

morphology on the leaf surface of Vallisneria americana (Fig. 4.3b), which is a 

dominant species in the SAV beds (Gurbisz and Kemp, 2014). Most individual CaCO3 

solids were in the order of several hundred nanometers, but CaCO3 solids could grow 

to several micrometers long or even larger by aggregating with other materials, such 

as fine-grained minerals, organic mucus and diatom fragments (Fig. 4.8). The atomic 

composition of the rice-like CaCO3 aggregates (41.6% O; 38.1% Ca; 12.5% C) is very 

close to that of pure CaCO3 crystals (48% O; 40% Ca; 12% C).  

Third, the average percentage of CaCO3 content in the SAV leaf samples (5.66

±4.31%) was 25 times more than that in the surface sediment samples (0.22±0.16%) 

in the late summer. Since the epiphyte shells were visually removed during pre-

treatments of solid samples, the measured CaCO3% is minimum and represents the 

SAV-driven CaCO3 formation excluding the shell calcification within the SAV beds. 

Small shells however could usually be found in the leaf and sediment samples. For 

example, the live clams collected in a recent cruise during August 2019 had a mean 

length of 1.38±0.08 cm and a mean density of 338±61 count per m2 in the flats (C. 

Gurbisz, unpublished). Thus, we conclude that the photosynthesis-induced high pH 

and Ωarag environments could promote CaCO3 precipitation and biogenic calcification 

within the SAV beds, leading to large decrease of Ca2+ and TA in the tidal freshwater 

flats.  

4.3.2 CaCO3 dissolution in the mid to lower bay 

In August 2016, the subsurface waters of the mid bay were characterized with 

low/no oxygen, low pH and Ωarag, and high pCO2 (Fig. 4.1b, g and h). We adopted 

another mixing scheme between stations CB2.2 (around salinity 5 in the upper bay) 
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and AO1 (bay mouth) (Fig. 4.2a and b) to better quantify the amount of CaCO3 

dissolution in mid and lower bay (Fig. 4.2d). Aerobic respiration and carbonate 

dissolution dominated the DIC addition in the subsurface water, accounting for 72-81% 

(Fig. 4.10). From the mid bay to lower bay, the intensity of all biogeochemical 

processes decreased. As aerobic respiration declined faster than other processes across 

this gradient, its percentage contribution to non-conservative DIC decreased from 33% 

to 14%, while the contributions of CaCO3 dissolution and other processes increased 

from 47% and 19% to 58% and 28%, respectively. As the only process producing TA, 

CaCO3 dissolution did significantly increase the acid buffering capacity of subsurface 

water. Sulfate reduction in the water column was only moderate in the summer of 

2016 (Fig. 4.10), reflected by a lower concentration of H2S (Fig. 4.1c) than that 

measured in previous cruises (Cai et al., 2017). 

To quantify the contribution of each biogeochemical process to pH changes in 

subsurface waters of the mid bay, we subtracted the amount of DIC and TA altered by 

each process from the measured values to calculate a new pH. Then, we defined the 

difference between the pH calculated from measured DIC, TA and the new pH to be 

ΔpH contributed by this process. The ΔpH derived from CaCO3 dissolution (0.607±

0.145) can nearly offset the portion altered by aerobic respiration (-0.565±0.239), 

while other processes lower pH by -0.434±0.158 unit relative to the conservative 

mixing (Fig. 4.4). If there is no CaCO3 dissolution in the subsurface water of the mid 

bay, the pH would decrease by up to ~0.6 unit more, which is significantly larger than 

the pH drawdown (~0.1 unit) expected from fossil-CO2 induced ocean acidification. 

Such a strong buffer effect may closely relate to the long water residence time of ~180 

days (Du and Shen, 2016) and strong water stratification during summer in the 
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Chesapeake Bay, which prevent the rapid vertical or horizontal dilution of the TA and 

buffering capacity produced from CaCO3 dissolution (Andersson et al., 2005). 

 

Figure 4.4: pH deviation induced by different biogeochemical processes. AR, aerobic 

respiration; SR, sulfate reduction; CD, carbonate dissolution; Others, 

other processes that influence pH dynamics. Sum means summing up the 

pH deviations induced by the four processes. The columnar and error bar 

represent the average and standard deviation of data in the subsurface 

water of the mid bay (black) or lower bay (grey). 
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4.3.3 A self-regulated pH buffer mechanism responding to eutrophication and 

acidification 

Using an effective concentration method (Officer, 1979; Cai et al., 2000), we 

quantified that at least 85% of TA removal by CaCO3 formation at salinity <10 was 

subsequently released back by CaCO3 dissolution at salinity 10~22 (Fig. 4.11). The 

accumulated removal signal of TA in the mesohaline main channel indicates the 

uncompensated removal signal from the upper bay as well as local CaCO3 formation 

in the shallow waters. The local CaCO3 supply may come from the extensive SAV 

beds and the calcification by relatively abundant mollusks (Waldbusser et al., 2011b; 

Waldbusser et al., 2013; Schulte, 2017), crustaceans (Heck and Orth, 1980), and 

foraminifera (Karlsen et al., 2000) along the shores in the mid bay and lower bay. 

Beyond salinity 22, the effective concentrations of TA and Ca2+ become stable with a 

fractional loss of 13±10% and 2±9% respectively relative to river input, indicating 

overall the Chesapeake Bay is a weak TA sink, and has a balanced internal cycle of 

CaCO3.  

Our September 2018 survey in the Susquehanna Flats supports that aquatic 

biogeochemistry could be significantly different between shoals and main channel 

(Kemp et al., 1997) (Fig. 4.7). The CaCO3 formation in the shallow areas and CaCO3 

dissolution in the subsurface water in the main channel are spatially-decoupled, and 

there should be some physical transport processes linking those two important 

components of carbonate cycle. As we do not have direct evidence to reveal the 

CaCO3 transport unequivocally, we propose possible linkages as a hypothesis to be 

further tested. In the longitudinal direction (e.g. from Susquehanna Flats to mid bay), 

CaCO3 precipitated on SAV leaf surfaces could likely reach the mid bay if it is fine-

grained size. Without considering the trapping effect by the SAV beds, our model 
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simulation showed that small particles (diameter<2 m) released on the Susquehanna 

Flats could be transported downstream and reach the mid bay within 10 days, and had 

increasing impacts on the mid to lower bay from July to August (Fig. 4.14). In 

addition, CaCO3 particles may also be laterally transported over a smaller distance 

from shoals to main channel via frequent resuspension and deposition during wind 

events (Malone et al., 1986; Valle-Levinson and Lwiza, 1995; Boicourt et al., 1999; 

Fugate et al., 2007). The details of the physical transport mechanisms for CaCO3 

solids require further research. 

In addition to being a source of CaCO3 solids, SAV could also buffer against 

eutrophication via particle trapping and nutrient assimilation and/or denitrification 

enhancement (Cafrey and Kemp, 1992; Gruber and Kemp, 2010; Gurbisz and Kemp, 

2014). For instance, during our September 2018 sampling, nitrate concentrations in the 

flats were 2.2±2.7 M compared to 95 M in the Susquehanna River. Meanwhile, 

DIN at the sites below flats is also substantially lower than that at the river mouth, 

indicating this scavenging effect on DIN may extend beyond the SAV beds (Gurbisz 

et al., 2017).  

These results lead us to propose a self-regulated pH buffer mechanism 

responding to coastal eutrophication and acidification in the Chesapeake Bay (Fig. 

4.5). With increasing atmospheric CO2, the ocean absorbs more anthropogenic CO2 

and transfers the acidification signal to the estuary via river-ocean water mixing. High 

anthropogenic nutrient loads from rivers induce phytoplankton blooms, promote the 

development of hypoxia/anoxia and introduce additional CO2 and acid to the 

subsurface water, thereby further reducing pH and the carbonate saturation state (Cai 

et al., 2011). In the meantime, the shallow-water SAV communities can efficiently 
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assimilate anthropogenic nutrients to satisfy the demands of intensive primary 

production, and increase pH and Ω in the surrounding water, especially in the 

microzones on the leaf surface. The high-pH environment can stimulate the formation 

of CaCO3 solids in shallow waters (e.g. Susquehanna Flats at the head of the bay, or 

shoals flanking the main channel), which can subsequently be transported into the 

deep, oxygen-deficient zones in the main channel of the mid and lower bay via 

longitudinal and lateral transport. Then, CaCO3 solids react with anthropogenic and 

metabolic CO2 and increase TA, thus buffering the pH decrease. Moreover, nutrient 

reductions could have a multiplicative effect on acidification, by lowering the 

respiratory production of CO2 while simultaneously promoting SAV recovery that 

could promote CaCO3 formation, transport, and subsequent buffering. The same self-

regulated mechanism may be observed in other eutrophic coastal environments with 

high primary production, abundant calcifying organisms and restricted water exchange 

with the open ocean. For instance, Abril et al. (2003) demonstrated that the authigenic 

CaCO3 precipitated in the Loire River was closely coupled with intense primary 

production, meanwhile CaCO3 dissolution occurred in the oxygen-deficient estuarine 

maximum turbidity zone.  
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Figure 4.5: A conceptual model for self-regulated pH buffer mechanism responding 

to coastal eutrophication and acidification in the Chesapeake Bay. CaCO3 

formed within the high-pH SAV beds in the shallow waters, could be 

transported into the deep main channel of the mid and lower bay for 

further dissolution, thus increasing the pH buffer capacity and alleviating 

coastal acidification. See main text for details. 

The unique foundation of this self-regulated mechanism is the SAV beds, 

where CaCO3 appears to precipitate on leaf surfaces or form by other calcifying 

organisms and be transported to corrosive deep waters. The recovery of SAV in the 

Chesapeake Bay is a success of management efforts targeting nutrient load reductions 

(Lefcheck et al., 2018), and continued recovery should amplify SAV-induced 

improvements in water quality (Orth et al., 2017). Many previous reports have 

highlighted positive feedbacks within SAV beds that amplify their growth through 

improving local growing conditions (Kemp et al., 2005; Gurbisz et al., 2017). 

However, this study suggests SAV can mediate pH conditions far beyond the habitats 

where they grow, largely extending the potential ecosystem impacts of SAV. In other 
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words, the SAV-driven pH buffer mechanism is an additional, unanticipated benefit of 

nutrient management efforts. These results demonstrate that coastal ecosystems can 

further promote their own recovery in complex, sometimes unpredictable ways as 

humans reduce anthropogenic stressors by policy management. This positive feedback 

to coastal restoration can shed light on eutrophication and acidification studies in 

coastal systems emerging with recovery signs. 

4.4 Methods 

4.4.1 Site and cruise descriptions 

During August 8-12, 2016, we cruised from the upper bay (CB2.1) southwards 

to the bay mouth (AO1) and back to the mid bay (CB5.3) (Fig. 4.6). We revisited 

stations 858C four times, CB4.3 and CB5.1 three times and CB5.2 two times. On June 

7 and September 4, 2018, we conducted two supplementary surveys first upstream 

along the western channel, and then downstream across the SAV beds in the 

Susquehanna Flats (Fig. 4.7).  

 

4.4.2 Sample and analytical methods 

Profiles of temperature, salinity, and O2 were acquired by YSI 6600, which 

was attached to a submerged pump. According to the bottom depth and the state of 

mixing, we pumped water from 2-7 depths to the deck for sampling. All samples were 

filtered by cellulose acetate cartridge filters (pore size 0.45 m), which is 

recommended by Bockmon and Dickson (2014) for reliable carbonate chemistry 

measurements in productive coastal environments. Salinities were double checked in 

discrete samples using a Cole-Parmer® salinity meter. The DIC samples were 
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preserved in 250 mL borosilicate glass bottle with 50 L saturated HgCl2 solution 

(Huang et al., 2012), but TA samples were not poisoned as HgS will precipitate out 

and H+ will be released in anoxic waters (Goyet et al., 1991; Hiscock and Millero, 

2006; Cai et al., 2017). Some efforts were made to avoid the possible alteration of TA 

during storage and analysis, including 1) sample filtration to effectively remove all 

zooplankton, most of the phytoplankton and bacteria (Verdugo et al., 2004), 2) 

keeping samples at low temperature (<4 ℃) to minimize the biological activity, 3) 

shortening sample storage time by analyzing samples overnight (<24 h) and rarely 

over the next day (<36 h), and 4) the duration of TA analysis (<10 min) is short 

compared with the oxidation of sulfide or ammonia by oxygen. Time-delay 

measurements on replicate filtered and un-poisoned TA samples from the 

Susquehanna River were performed to confirm that biological alteration was minor 

(within the TA measurement precision ±2 mol kg-1) even after a 13-days’ delay in 

TA measurement. In addition, the measured TA values agree well with TA values 

calculated from measured DIC and pH via CO2SYS though the mean measured TA is 

significantly higher (~11 mol kg-1) than the mean calculated TA (paired t-test, 

p<0.05). Most of the TA differences (measured – calculated) are within ±20 mol kg-1 

and do not correlate with the concentrations of H2S or NH4
+, which could be explained 

by the contribution from organic alkalinity in the estuary as well as the uncertainties of 

glass electrode pH measurements and the dissociation constant K1 and K2 of carbonic 

acid used in the calculation (Cai et al., 1998; Millero, 2010; Hunt et al., 2011; Yang et 

al., 2015). For DIC, a 1 mL sample was acidified and the extracted CO2 gas was 

subsequently quantified with an infrared CO2 detector (AS-C3 DIC Analyzer) (Huang 

et al., 2012). All TA samples were analysed within 36 h of collection using Gran 
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titration in an open-cell setting (AS-Alk2 Analyzer) (Cai et al., 2010). The overall 

precision for DIC and TA was ±0.1%. Both DIC and TA measurements were 

calibrated against Certified Reference Materials provided by Dr. A. G. Dickon at 

Scripps Institution of Oceanography (SIO), University of California, San Diego 

(UCSD).  

The pH samples were measured on board by an Orion Ross glass electrode 

within 1 h after water temperature was stabilized at 25 ℃ in a thermal waterbath. The 

electrode was calibrated against three NIST standards, i.e. 4.01, 7.00, 10.01. Note that 

in the pH simulation, pH was also calculated from measured DIC and TA in NBS 

scale via a modified version of the CO2SYS program that include H2S and NH4
+ in the 

acid-base equilibrium calculation (Xu et al., 2017), which agrees well with the 

measured pH (Fig. 4.12). The pCO2 was also calculated via the CO2SYS program. 

Discrete dissolved oxygen samples were analyzed by direct spectrophotometry of total 

iodine following Pai et al. (1993) with a precision of ±1 mol kg-1. The H2S samples 

were measured by spectrophotometric method following Fonselius et al. (2007) with a 

precision better than 2.0%. Ca2+ was measured by a modified technique of Kanamori 

and Ikegami (1980) with a precision better than 0.1%. The Ωarag was derived using 

measured Ca2+, calculated CO3
2-, and aragonite solubility based on Mucci (1983).  

In the Susquehanna Flats (39.5056°N, 76.0413°W), temperature, salinity, DO, 

pH, turbidity and chlorophyll data were obtained by in-situ sensors. The sensors were 

deployed between April and October within the SAV beds, and maintained by the 

Maryland Department of Natural Resources (MD DNR) 

(http://www.eyesonthebay.net). The sensors are either YSI™ 6600 Extended 

Deployment Systems or YSI™ EXO2 model sondes, which are equipped with anti-

http://www.eyesonthebay.net/
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fouling technology. SAV coverage data in year 2016 were obtained from the dataset of 

SAV in Chesapeake Bay and Coastal Bays 

(http://web.vims.edu/bio/sav/SegmentAreaTable.htm). 

During the field surveys in the Susquehanna Flats in September 2018, surface 

water samples of DIC, TA and Ca2+ were taken at all sites, and solid samples of 

surface sediments and SAV leaves were collected in part of sites in the shallow eastern 

flats. The solid samples were dried at 60 ℃ for 48 hours. The microstructures and 

chemical composition of solids on the leaf surface were investigated using a focused 

ion beam and field emission scanning electron microscope (FIB-SEM, Zeiss Auriga 

60) equipped with an X-ray energy-dispersive spectrometer (EDS, Oxford Instruments 

X-Max 80). After picking out the visible shells and epiphyte organisms, the solid 

samples were grounded for the determination of the percentages of CaCO3 content (% 

dry weight) using Thermal Conductivity Detector (TCD) Gas-Chromatography (GC) 

generally following Stainton (1973). The coefficient of variation for the GC method 

used was ± 3.3%. 

4.4.3 Determination of the endmembers and mixing lines 

We adopted two mixing schemes in order to distinguish the apparent carbonate 

alterations in different geographic scales. On a bay-wide scale, we used the mixing 

line between the Susquehanna River endmember and the offshore seawater 

endmember to discuss CaCO3 formation and related biogeochemical dynamics (Fig. 

4.2a). For the river endmember, historical dataset of chemical concentration and 

discharge rate were compiled, including DIC and TA from Cai’s lab during August 

2015-April 2017 (n=35 for DIC, n=35 for TA) and from USGS (Site number 

01578310) during January 1996-June 2017 (n=236 for DIC, n=246 for TA), and Ca2+ 
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data from USGS (Site number 01578310) during November 1978-June 2017 (n=436) 

with daily discharge rate Q from USGS (Site number 01578310). Then, we obtained 

linear relationships of DIC or TA or Ca2+ with LogQ (DIC= -524*LogQ+2695, 

R2=0.61, n=271, p<0.0001; TA= -530*LogQ+2642, R2=0.62, n=281, p<0.0001; Ca2+= 

-298*LogQ+1487, R2=0.69, n=435, p<0.0001) (Fig. 4.13). Finally, we derived the 

river endmember of DIC, TA and Ca2+ from the specific discharge rate during the 

cruise period and 10 days prior (Joesoef et al., 2017). The errors were propagated from 

the uncertainties of slope and intercept of the linear regression and of the specific 

freshwater discharge based on the Taylor’s expression (Taylor, 1997). Although the 

discharge varied 27% over time during the cruise and multiple days prior to the cruise, 

it had little influence on the river endmember values (< 5%) (Table 4.2), which were 

within the uncertainties (Table 4.1). For the offshore seawater endmember, we first 

made linear regressions of DIC or TA or Ca2+ with salinity (DIC= 79*Sal-596, 

R2=0.72, p<0.0001; TA= 54*Sal+428, R2=0.99, p<0.0001; Ca2+= 269*Sal+831, 

R2=0.98, p<0.0001) with data from four stations (82, 83, 85 and 87) in the Mid-

Atlantic Bight, which were visited in the East Coast Ocean Acidification (ECOA) 

cruise in July 2015. Then, we used the salinity of the ocean endmember 

(33.618±0.139) in Cai et al. (2017) to derive the offshore endmember values. 

To focus on CaCO3 dissolution and related biogeochemical variations in the 

mid to lower bay, we adopted another mixing line between the southern end of upper 

bay and the bay mouth (Fig. 4.2a). CB2.2 is considered as a good endmember, because 

waters upper stream of CB2.2 were well mixed at this narrow section and no major 

tributaries input were there. AO1 is another good endmember, because this station is 

just outside the bay mouth and its water column was thoroughly mixed with maximum 
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vertical salinity difference of 0.3. Further considering the sensitivity of Ca2+ against 

salinity, we adopted the values of low salinity layer (surface) at CB2.2 and high 

salinity layer (bottom) at AO1 as endmembers. All the endmember values and 

uncertainties are summarized in Table 4.1. 

4.4.4 Calculation of total non-conservative DIC, TA and Ca2+ 

Regarding salinity as a conservative tracer, we can calculate the mixing 

fractions between river water and seawater for each sample using equations (4.1) and 

(4.2):  

𝑓𝑅 + 𝑓𝑆𝑊 = 1 (4.1) 

𝑆𝑅 × 𝑓𝑅 + 𝑆𝑆𝑊 × 𝑓𝑆𝑊 = 𝑆𝑚𝑒𝑎𝑠 (4.2) 

where S represents salinity; f is the mixing fraction; the subscripts R and SW denote 

the river and seawater endmember, and meas represents the measured value. These 

fractions were applied to predict conservative concentrations of certain chemical 

constituents [X] (i.e. DIC, TA or Ca2+) resulting solely from two endmember mixing: 

[𝑋]𝑐𝑜𝑛 = [𝑋]𝑅 × 𝑓𝑅 + [𝑋]𝑆𝑊 × 𝑓𝑆𝑊 (4.3) 

The difference (Δ[X]) between measured and conservative values represent total non-

conservative values of [X] caused by several biogeochemical processes: 

𝛥[𝑋]𝑛𝑜𝑛_𝑐 = [𝑋]𝑚𝑒𝑎𝑠−[𝑋]𝑐𝑜𝑛 (4.4) 

where subscripts non_c means non-conservative and con stands for conservative. 

4.4.5 Quantifying biogeochemical processes in the upper bay 

In the upper bay, we separated the total non-conservative [X] (DIC or TA) into 

four components: 

𝛥[𝑋]𝑛𝑜𝑛_𝑐 = 𝛥[𝑋]𝐴𝑅+𝛥[𝑋]𝐶𝑃+𝛥[𝑋]𝑂𝐺+𝛥[𝑋]𝑆𝑒𝑑𝑖 (4.5) 
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where the subscripts AR, CP, OG and Sedi denote aerobic respiration, CaCO3 

precipitation, CO2 outgassing and sediment-water exchange, respectively. There was 

no sulfate reduction in the upper bay. Sediment-water exchange includes porewater 

exchange with scale lengths of “milli-meters to meters” and submarine groundwater 

discharge (SGD) with scale lengths of “meters to kilometers”, which may be 

comparable in magnitude in some coastal regions (Hong et al., 2017). In the 

Chesapeake Bay, SGD input was found near the head of the bay and in some 

tributaries, but the SGD rate was estimated to be much smaller than the riverine flux 

of freshwater to the bay (< 10%) (Hussain et al., 1999; Luek and Beck, 2014). 

Considering that carbonate parameters within SGD have not been reported in the 

Chesapeake Bay, it is difficult to further quantify the relative contributions of 

porewater exchange vs. SGD to the DIC and TA flux from the sediment. By 

considering the chemical stoichiometry involved in different biogeochemical 

processes (Cai et al., 2017), we can use AOU, ΔCa2+, pCO2 (calculated from measured 

DIC and TA) to quantify Δ[X]AR, Δ[X]CP and Δ[X]OG. As shown in Fig. 4.9, we first 

simulated the portion of non-conservative DIC or TA caused by AR and CP, which are 

marked as yellow cross (DIC) and yellow plus (TA). Then, we computed the residence 

time at subdomains of CB2.1 (39.40-39.45°N) and CB2.2 (39.30-39.40°N) by simple 

volume/volumetric flow rate. Through equation 𝛥𝐷𝐼𝐶𝑂𝐺 =
𝐹𝑙𝑢𝑥∗𝜏

𝐻
 (Flux means CO2 

flux calculated from pCO2; τ indicates residence time; H is the average water depth.), 

we could calculate the portion of non-conservative DIC caused by CO2 outgassing, 

which are shown as the cyan arrows in the inserted plot (Fig. 4.9). Note that air-water 

CO2 exchange doesn’t influence TA. Δ[X]Sedi (DIC or TA) are calculated as a residue 
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in equation (4.5) and thus include all DIC and TA fluxes from multiple processes in 

sediments including porewater exchange and SGD.  

Nutrient changes may also affect TA due to nutrient-H+-compensation 

principle (Brewer and Goldman, 1976; Wolf-Gladrow et al., 2007). First, our approach 

uses the non-conservative part of Ca2+ concentration to estimate CaCO3 formation and 

dissolution, thus it does not need a nutrient correction. Second, since NH4
+ and NO2

-

+NO3
- were measured at each station and each depth during cruise in August 2016 

(Cai group unpublished data), the changes of nutrients could be quantified using two 

endmember mixing calculations. Note that only non-conservative part contributes to 

TA and the concentration change due to dilution by river-ocean mixing doesn’t. 

Results show that NH4
+ was generally produced, while NO2

-+NO3
- were consumed, 

both leading to TA increase within the bay (Cai group unpublished data). In a bay-

wide mixing scenario (river-offshore), TA increase caused by NH4
+ production and 

NO2
-+NO3

- consumption ranges from 15 to 37 mol kg-1 in the low salinity zone 

(Sal<10), which is relatively small compared with the TA removal (500~700 mol kg-

1) in the upper bay. Therefore, we didn’t perform nutrient corrections for TA, and 

mathematically, those nutrient-related TA changes could be attributed to the residual 

term of TA mass balance equation (4.5) (i.e. ΔTAsedi), which was thought to be mainly 

affected by sediment processes. 

4.4.6 Quantifying biogeochemical processes and the related pH changes in the 

mid to lower bay 

For the subsurface water in the mid to lower bay, we divided the total non-

conservative [X] (DIC or TA) into four components: 

𝛥[𝑋]𝑛𝑜𝑛_𝑐 = 𝛥[𝑋]𝐴𝑅+𝛥[𝑋]𝑆𝑅+𝛥[𝑋]𝐶𝐷+𝛥[𝑋]𝑂𝑡ℎ𝑒𝑟𝑠 (4.6) 
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where the subscripts AR, SR, CD and Others denote aerobic respiration, sulfate 

reduction, CaCO3 dissolution and other processes, respectively. Following Cai et al. 

(2017), we can use AOU, H2S and ΔCa2+ to quantify Δ[X]AR, Δ[X]SR and Δ[X]CD. 

Then, Δ[X]Others is calculated as the residue of the above equation, which is mainly 

influenced by sediment-water exchange as well as air-water exchange (Fig. 4.10). 

Note that in a regional mixing scenario (CB2.2-AO1), the average value of nutrient-

related TA increase is 13±12 mol kg-1, which only accounts for ~5±5% of the total 

non-conservative TA addition (231±73 mol kg-1) (Cai group unpublished data). 

Thus, we didn’t correct nutrient changes for TA, and mathematically, those nutrient-

related TA changes can be attributed to ΔTAothers. To evaluate the extent that each 

biogeochemical process affects pH in the subsurface water, we subtracted the amount 

of DIC and TA altered by each process from the measured values to calculate a new 

pH. Then, we define the difference between the pH calculated from measured DIC, 

TA and the new pH to be ΔpH (Fig. 4.4). 

4.4.7 Evolution of DIC, TA and Ca2+ at stations CB2.1 and CB2.2 

As shown in the Fig. 4.9, the combined effect of CaCO3 precipitation and 

aerobic respiration drew down DIC by 345 mol kg-1 at CB2.1 and 333 mol kg-1 at 

CB2.2, followed by CO2 outgassing, which lowered DIC by 202 mol kg-1 at CB2.1 

and by 291 mol kg-1 at CB2.2. Sediment exchange elevated DIC by 18 mol kg-1 at 

CB2.1 and lowered DIC by 43 mol kg-1 at CB2.2 to reach the total non-conservative 

DIC of -529 mol kg-1 at CB2.1 and -667 mol kg-1 at CB2.2. Thus, CO2 outgassing 

was enhanced by 89 mol kg-1 and sediment turned from a weak source to a weak sink 

from CB2.1 to CB2.2. Note that CO2 outgassing could not influence TA. Similarly, 

synergy of carbonate precipitation and aerobic respiration drew down TA by 773 mol 
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kg-1 at CB2.1 and 768 mol kg-1 at CB2.2, followed by sediment exchange, which 

elevated TA by 250 mol kg-1 at CB2.1 and 85 mol kg-1 at CB2.2 to reach the total 

non-conservative TA of -523 mol kg-1 at CB2.1 and -683 mol kg-1 at CB2.2. Thus, 

sediment exchange was weakened by 165 mol kg-1 from CB2.1 to CB2.2. The 

evolution of DIC, TA and Ca2+ indicates that CaCO3 precipitation plays a vital role in 

the carbonate dynamics in the upper bay. In addition, high spatial variability of 

biogeochemical processes exists in the upper bay, where water column is well-mixed 

and water flow is relatively high. 

4.4.8 Model simulation on CaCO3 particles transport 

The sediment resuspension in the SAV beds is typically lower than in the 

unvegetated area, because SAV beds can reduce the current velocity and attenuate 

wave energy, and thus decrease sediment erosion and enhance particle deposition 

(Fonseca, 1996). However, when the water depth is larger than the maximum meadow 

height, wave attenuation is less efficient, and sediment is deposited as well as 

resuspended (Ward et al., 1984). In addition, the geomorphology of the SAV beds 

(e.g. Susquehanna Flats) is spatially complex and characterized by unvegetated 

patches and shallow channels through the SAV beds. Water flow can be diverted 

around and between vegetation patches, increasing current velocities and associated 

near-bottom shear stresses and thus promoting non-deposition and/or erosion (Russ 

and Palinkas, 2018). The flow intensification near the bottom can possibly cause 

higher total suspended solid (TSS) levels in the vegetated (featured by fine particles) 

than in the unvegetated area (featured by coarser particles) at low wave energy (Koch, 

1999). It can be expected that sediment resuspension within SAV beds would be even 

higher under stronger tidal currents or episodic high wind events (Gurbisz et al., 
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2016), which frequently affect the Chesapeake Bay. The particle transport pathways 

over SAV beds is not clear so far, and may be a function of river discharge, winds, 

topography, vegetation, proximity to channels/SAV bed edges, and hydrodynamic 

gradients similar to particle transport in marshes (Marani et al., 2003; Temmerman et 

al., 2005; D'Alpaos et al., 2007). It is beyond the scope of our study to simulate the 

particle transport over SAV beds.  

Without considering the trapping effect by the SAV beds, we conducted a 

model simulation on the transport of CaCO3 particles in 2016 using sediment module 

incorporated into the Regional Ocean Modeling System (ROMS) (Xie et al., 2018). 

Particles with three different sizes (i.e. 2 m, 8 m, 20 m) and settling velocities 

were released at all water depth (20 layers) on the Susquehanna Flats on 5/31/2016 

0:00:00. Particle deposition, resuspension of deposited sediment and sea bed erosion 

were considered in this simulation. Our model results show that the fine-grained 

particles (diameter=2 m) from the Susquehanna Flats could reach the mid bay within 

10 days, and had increasing impacts on the mid to lower bay from July to August (Fig. 

4.14). The medium-sized particles with a diameter of 8 m could also reach the upper 

parts of the mid bay within 10 days, but had less impacts on the mid and lower bay in 

the following two months (Data not shown). Particles of 20 m size were mostly 

trapped in the upper bay throughout the summer (Data not shown). The model results 

support that the fine-grained CaCO3 solids like those precipitated on the SAV leaf 

surface could probably be transported over a long distance to the main channel of mid 

to lower bay. Although this numerical model simulation does help to depict a “what 

if” given the fine particles can escape the SAV beds, further studies are needed to 
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reveal how particles could be transported out of the SAV beds, and more details on the 

longitudinal and lateral transport mechanisms along the main channel. 

4.5 Supplementary Information 

 

Figure 4.6: Sampling sites in August 2016 cruise in the Chesapeake Bay. Green areas 

show the coverage of Submersed Aquatic Vegetation (SAV) beds in the 

Chesapeake Bay in 2016. The upper, mid and lower bay (separated by the 

black lines) accounted for 16.4%, 64.0% and 19.6% of the total SAV 

coverage in 2016 (39,524 hectares). Arrow shows the outlet of 

Susquehanna River. Red circles show the related locations of the four 

endmembers. Note that stations 82, 83, 85 and 87 locate more offshore in 

the Mid-Atlantic Bight and were visited in the cruise during July 2015. 
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Figure 4.7: Carbonate variations and bottom depths in the Susquehanna Flats in June 

(a, c) and September (b, d), 2018. The dashed line separates the eastern 

deep channel and western shallow flats, where SAV beds existed. The 

arrows show the cruise directions. Sampling sites are labelled in the 

inserted maps. The SAV biomass was low in early June, but was high in 

early September 2018. The Δ values in each station are relative to CB1.1, 

which was our uppermost station near the Susquehanna River mouth. 
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Figure 4.8: SEM images of CaCO3 precipitation on the leaf surface of Vallisneria 

americana. Varying size and morphology were observed. (a) semi-

spherical crystallites; (b) ellipsoidal crystallites (atomic composition in 

Spectrum 32: 41.8% C; 18.4% Ca; 17.2% O; 10.5% K; 6.5% Cl; 1.9% 

Na; 1.6% S; 1.3% Mg; 0.8% P); (c) polycrystalline maze-like aggregates 

(atomic composition in Spectrum 27: 40.8% C; 25.2% O; 14.4% Ca; 

9.2% N; 5.3% K; 2.4% Mg; 1.6% P; 1.0% Na); (d) CaCO3 aggregates 

with other materials (atomic composition in Spectrum 1: 42.9% O; 

27.7% Ca; 25.4% C; 1.4% K; 1.2% Si; 0.9% Al; 0.2% Na; 0.2% Mg); (e) 

arborisation-like CaCO3 aggregates (map sum spectrum: 31.1% C; 29.9% 

O; 22.3% Ca; 4.6% Fe; 4.4% Si; 3.8% Al; 2.0% K; 1.9% Mg); (f) rice-

like CaCO3 aggregates (atomic composition in Spectrum 13: 41.6% O; 

38.1% Ca; 12.5% C; 3.7% K; 1.5% Cl; 1.1% Mg; 0.9% Si; 0.5% Na; 

0.2% Al).  
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Figure 4.9: Model simulations of the evolution of Ca2+, DIC and TA induced by 

different biogeochemical processes at stations CB2.1 and CB2.2. The 

large figure is the same as Figure 4.2c in the main text. The yellow cross 

and plus mean simulated values of DIC and TA, which are combined 

effect of CaCO3 precipitation (CP) and aerobic respiration (AR). The 

inserted figure shows the DIC or TA alteration due to CO2 outgassing 

(OG) and sediment-water exchange (Sedi). 
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Figure 4.10: The amount and percentage contribution from different biogeochemical 

processes to the total non-conservative DIC (a, b) and TA (c, d). 
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Figure 4.11: Effective concentration (C*) and removal (percentage) of TA (a) and Ca2+ 

(b) in the Chesapeake Bay based on cruise data in August 2016. The 

fitting equation for TA at salinity <=22 is C = 0.00002708×S6-

0.00336738×S5+0.17376067×S4-4.6574875×S3+64.65219917×S2-

344.24526458×S+1342.095396, whereas at salinity >22 is C = 

31.791176×S +1172.4787872. The fitting equation for Ca2+ at salinity 

<=22 is C = -0.00001835×S6+0.00171504×S5-

0.05591518×S4+0.67310609×S3-

0.73633157×S2+265.9022229×S+368.4115086, whereas at salinity >22 is 

C = 270.483366×S +740.833973.  
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Figure 4.12: A direct comparison between calculated pH from DIC and TA and 

measured pH. We use DIC and TA to calculate pH in NBS scale via a 

modified version of the CO2SYS program. 
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Figure 4.13: DIC, TA and Ca2+ versus Log discharge of Susquehanna River 

endmember at Conowingo. DIC (a) and TA (b) were combinations of 

data from Cai’s lab (August 2015-April 2017, n=35 for DIC, n=35 for 

TA) and USGS (January 1996-June 2017, n=236 for DIC, n=246 for 

TA). The data from Cai’s lab were filled with grey color. The Ca2+ (c) 

and daily discharge rate data were from USGS (Site number 01578310) 

at Conowingo during November 1978-June 2017 (n=435).  
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Figure 4.14: Model simulation of suspended sediment concentration (SSC) at surface, 

mid-depth and bottom water in the Chesapeake Bay after the initial 

release of sediment particle (diameter=2 m) in all water depths on the 

Susquehanna Flats. The output snapshots are at 1 hour, 1 day, 10 days, 30 

days, 60 days and 90 days after the initial release of particles.  

 

 

 

 



 

 

 

154 

Table 4.1: Summary of endmember values and their uncertainties 

Endmembers Salinity DIC 

(mol kg-1) 

TA 

(mol kg-1) 

Ca2+ 

(mmol kg-1) 

SUS River 0 1411±132 1342±132 0.757±0.062 

CB2.2 5.3±0.1 830±2 787±2  

 5.0±0.1a   1.733±0.010 

AO1 31.7±0.1 1927±2 2164±2  

 31.8±0.1a   9.335±0.010 

Offshore 33.6±0.1 2063±11 2245±8 9.884±0.037 
aAdditional salinity measurements were performed on the Ca2+ samples. 
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Table 4.2: Simulation of river endmember values based on different days prior to 

cruise. 

Note that the discharge is defined as the average of total discharge at Conowingo 

during cruise period and multiply days prior to cruise. All the average values in 

different scenarios of certain parameter were processed again to evaluate the stability 

of river endmembers relative to the situation of 10 days prior to cruise, which were 

adopted in the main text. 

 

 

 

 

 

 

 

 

 

 

Days prior to 

cruise 

Discharge  

(m3 s-1) 

DIC  

(mol kg-1) 

TA  

(mol kg-1) 

Ca2+  

(mol kg-1) 

 Average SD Average SD Average SD Average SD 

0 319 167 1383 156 1314 156 742 78 

10 282 108 1411 132 1342 132 757 62 

20 238 99 1450 137 1382 136 780 66 

30 225 88 1463 133 1395 132 787 63 

50 251 96 1438 132 1369 131 773 62 

70 322 165 1381 154 1312 154 740 77 

90 460 323 1300 190 1229 191 694 99 

Average 299  1404  1335  753  

SD 80  56  56  32  

SD/Average (%) 26.9  4.0  4.2  4.2  
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CONCLUSIONS 

In recent decades two main consequences of eutrophication, coastal hypoxia 

and enhanced acidification, have become widespread environmental issues, threating a 

wide range of aquatic organisms and ecosystems in coastal regions heavily impacted 

by the anthropogenic activities. Understanding the drivers of coastal hypoxia and 

acidification, and the mechanisms of how coastal systems respond to anthropogenic 

stresses are thus very important for the regional management and policy-making in 

order to reverse these effects. The Pearl River Estuary (PRE) and the Chesapeake Bay 

(CB), two of the largest estuaries in the world, are facing similar environmental threats, 

i.e. eutrophication-induced hypoxia and enhanced acidification, though characterized 

by different duration, extent and severity. Generally, the differences derive from their 

distinct watershed/riverine input, hydrological mixing, physical forcing, and 

ecosystem metabolism. In this dissertation, I addressed the following scientific 

questions: What is the origin of the oxygen-consuming organic matter in these two 

large eutrophic estuaries, and what leads to the different source fractions? How CaCO3 

formation/dissolution interact with other biogeochemical processes (e.g., 

photosynthesis and respiration) to regulate the pH dynamics in the CB, which has 

recently shown signs of ecological recovery due to sustained management actions. 

Our mapping survey in the lower PRE in July 2014 was disrupted by the 

passing of Typhoon Rammasun. Subsequent visits to the initial hypoxic stations 

following the storm revealed that the typhoon thoroughly mixed and oxygenated the 
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water column, but stratification re-established rather quickly within one day after the 

dissipation of typhoon. One week later, significant oxygen depletion and nutrient 

increment were observed below the pycnocline, indicating a trend developing toward 

hypoxia. The spatial distributions of surface bloom and bottom hypoxia were re-

distributed by the typhoon, with the coverage area of ~300 km2 and thickness of 3-5 m 

in the bottom hypoxic zones. Based on a three end-member mixing model and the 

mass balance of DIC and its isotopic composition, we demonstrated that 1) aerobic 

respiration of organic matter is the most important biological process controlling 

dynamics of oxygen and DIC in the lower PRE, and 2) marine organic matter from 

eutrophication-induced primary production dominated oxygen consumption (65±16%) 

in the hypoxic zone; however, terrestrial organic matter also contributed significantly 

(35±16%) to the formation and maintenance of hypoxia in the lower PRE and adjacent 

coastal waters. Our study suggested that reducing and managing nutrient fluxes is 

critical to control eutrophication and, subsequently, to mitigate hypoxia. 

We surveyed the carbonate system along the main channel of the Chesapeake 

Bay in June 2016 to elucidate the oxygen and carbonate dynamics and the associated 

sources of oxygen-consuming organic matter. Seasonal hypoxic zone existed below 

the pycnocline (~10 m) in the mid-bay, while a bloom zone was observed in the 

surface water immediately above the hypoxic zone. The DIC enrichment within the 

hypoxic zone was controlled by aerobic respiration in the water column (43%), sulfate 

reduction in the sediment (39%), atmospheric CO2 invasion (13%), and CaCO3 

dissolution (5%). A mass balance of the DIC concentration and its stable isotopic 

composition suggested that the apparent 13C of oxygen-consuming organic matter 

was -19.4±0.3‰. The bulk composition of particulate organic matter also reflected a 
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dominance of algal material (C/N = ~6, 13C > -25‰). Therefore, we concluded that 

the respiration of autochthonous organic matter (i.e. eutrophication-stimulated primary 

production) was the dominant process consuming oxygen, while allocthonous organic 

matter (terrestrial) made little contribution to oxygen consumption in the hypoxic zone 

in June 2016. 

The difference of source partitioning of oxygen-consuming organic matter 

between the two systems is that terrestrial OM contributes significantly to the oxygen 

consumption in the PRE but not in the CB. This difference is a combined result of 

different hydrology, quantity and quality of Alloc-OC and Autoc-OC inputs, and 

physical setting. The CB has a smaller annual freshwater input (~ 1/5 of the PRE), and 

a larger estuarine water volume (~ 10 times of the PRE), resulting in a longer water 

residence time (months) than the PRE (days). In addition, the CB has much smaller 

annual sediment loads (~1/20 that of the PRE), most of which settles in the upper bay. 

Thus, in summer, when freshwater discharge reaches seasonal minima, little terrestrial 

OM reaches the mid- and lower bay, and Autoc-OC composes most of the OM pool in 

the CB. Note that the CB is generally more productive than the PRE (Officer et al., 

1984; Rabouille et al., 2008). In contrast, the summer peak freshwater discharge in the 

PRE delivers more sediment loads to the shallow shelf region with minor degradative 

loss during the short transport period (Strong et al., 2012). Overall, there appears to be 

substantial amounts of bioavailable OM in both systems, but the OM is substantially 

influenced by Alloc-OC in the PRE, while Autoc-OC is far more important in the CB. 

Finally, the higher temperature of the hypoxic water in the PRE probably may favor 

higher rates of bacterial growth and OM degradation (Brown et al., 2004), allowing 

for potentially higher rates of  terrestrial OM degradation within the hypoxic zone of 
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the lower PRE. Clearly, the two large hypoxic zones in these estuarine systems have 

substantially different physical features and sources of OM input and lability, 

suggesting that future analyses are required to better understand the varied drivers of 

hypoxia across coastal systems worldwide. 

A cruise was conducted along the bay channel in August 2016, at a time of 

peak hypoxia and anoxia and SAV biomass to examine the spatial and temporal 

patterns of CaCO3 formation and dissolution. Using two endmember mixing models, 

we found Ca2+, TA and DIC were largely removed at low salinity zone, but generally 

added in the mesohaline and polyhaline zones, which were inferred as results of 

photosynthesis-driven CaCO3 formation within the SAV beds in the upper bay and 

acidification-driven CaCO3 dissolution in the hypoxic/anoxic water in the mid- to 

lower bay. Three additional lines of evidence support that the large Ca2+ and TA 

removal near the freshwater zone is attributed to CaCO3 formation within the 

Susquehanna Flats SAV bed, including 1) continuous monitoring sensor data showed 

very high DO saturation (DO%) and pH inside the SAV beds; 2) SEM images along 

with EDS data illustrated CaCO3 precipitation with varying size and morphology on 

the leaf surface of SAV plants; and 3) the average percentage of CaCO3 content in the 

SAV leaf samples was 25 times more than that in the surface sediment samples in the 

late summer. The CaCO3 dissolution can nearly offset the pH decrease (~0.6 unit) 

caused by aerobic respiration, both of which are significantly larger than the pH 

drawdown (~0.1 unit) caused by fossil-CO2 induced ocean acidification. Using an 

effective concentration method, we conclude that Chesapeake Bay is a weak TA sink, 

and has low levels of net accumulation of CaCO3. Furthermore, we proposed a bay-

wide self-regulated pH buffer mechanism via spatially-decoupled CaCO3 formation 
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and dissolution to resist coastal eutrophication and acidification in the Chesapeake 

Bay. In summer, strong photosynthesis of submerged aquatic vegetation (SAV) in the 

uppermost bay and alongshore shallow areas assimilates considerable nutrients, and 

generates super high pH and CaCO3 saturation state environments, which facilitate 

abiotic and biotic CaCO3 formation. These CaCO3 solids are subsequently focused 

into the downstream corrosive subsurface waters, and dissolve to buffer pH decreases 

caused by aerobic respiration and anthropogenic CO2, thus providing relatively stable 

pH conditions. Our results demonstrate that coastal ecosystems can further promote 

their own recovery in complex, sometimes unpredictable ways as humans decrease 

anthropogenic stressors by policy management. This positive feedback to coastal 

restoration can shed light on eutrophication and acidification studies in coastal systems 

emerging with recovery signs. 

This dissertation includes three observation-based process studies focusing on 

the drivers and system response to the eutrophication-induced hypoxia/anoxia and 

enhanced acidification in the two large eutrophic estuaries, the Pearl River Estuary and 

the Chesapeake Bay. The PRE is characterized with short water residence time, large 

freshwater discharge and sediment loads, and increasing eutrophication intensity. In 

contrast, the CB represents estuaries with long water residence time, small freshwater 

discharge and sediment loads, and reducing nutrient loads. The endmember mixing 

models and mass balance method were applied to differentiate the controlling 

processes driving the system into hypoxic and acidified. We quantified the sources of 

oxygen-consuming organic matter in the hypoxic zones of two hydrologically 

different estuarine systems and discussed the causes for the different source 

partitioning results. By using calcium and carbonate chemistry data, geochemical 
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model analysis, and mineralogical analysis, we for the first time reveal a bay-wide 

self-regulated pH buffer mechanism via spatially-decoupled CaCO3 formation and 

dissolution to resist coastal eutrophication and acidification in the Chesapeake Bay. 

This work represents a good practice of studying the widely concerned issues, 

eutrophication-hypoxia-acidification, in different estuarine systems, and will benefit 

future researches under the context of global warming and climate change. 

However, several scientific questions related with our work remain to be 

explored in the future. For example, 1) how to better define the riverine endmember 

value. The R2 values of regressions between chemical concentration and Log 

discharge in main tributaries of the CB are usually < 0.6, indicating that riverine 

concentration cannot be fully explained by discharge, and other factors (e.g., chemical 

weathering of carbonate or silicate minerals, soil erosion, or land use change in the 

watershed) may play an important role in controlling the riverine concentration. In 

addition, the temporal variations in river endmember can also result in bends in 

mixing curves, which are commonly used to interpret non-conservative processes in 

estuarine systems (Loder and Reichard, 1981). Moreover, the bay water residence time 

and time scales of regional mixing would further complicate the choice of time span of 

river input. 2) Although our work has shown the dynamics of Ca2+ and TA mostly 

driven by CaCO3 formation and dissolution along the salinity gradient in the main 

channel, specific measurements on calcification rates of SAV, mollusks, crustaceans, 

and foraminifera in the shallow waters and CaCO3 dissolution rates in the mid-bay 

subsurface water remain to be undertaken. These work will deepen our understanding 

of the spatially-decoupled CaCO3 production and consumption in the Chesapeake Bay. 

3) Despite of the biogenic calcification by mollusks, crustaceans, and foraminifera and 
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abiotic precipitation on the SAV leaf surface, whether the SAV plant itself can 

produce CaCO3 within the cell walls and whether it is species-specific remain 

unknown. And 4) transport mechanisms of CaCO3 solids from the shallow waters (e.g., 

SAV beds and oyster reefs) to the corrosive hypoxic/anoxic waters, including 

longitudinal and lateral transport.  
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SIMULTANEOUS DETERMINATION OF DISSOLVED INORGANIC 

CARBON (DIC) CONCENTRATION AND STABLE ISOTOPE ( 13C-DIC) BY 

CAVITY RING-DOWN SPECTROSCOPY: APPLICATION TO STUDY 

CARBONATE DYNAMICS IN THE CHESAPEAKE BAY4 

Abstract 

Dissolved inorganic carbon (DIC) and its stable isotope (13C-DIC) are 

powerful tools for exploring aquatic biogeochemistry and the carbon cycle. 

Traditionally, they are determined separately with a DIC analyzer and an isotope ratio 

mass spectrometer. We present an approach that uses a whole-water CO2 extraction 

device coupled to a Cavity Ring-Down Spectroscopy (CRDS) CO2 and isotopic 

analyzer to measure DIC and 13C-DIC simultaneously in a 3-4 mL sample over an 

~11 min interval, with an average precision of 1.5±0.6 mol kg-1 for DIC and 

0.09±0.05 ‰ for 13C-DIC. The system was tested on samples collected from a 

Chesapeake Bay cruise in May 2016, achieving a precision of 0.7±0.5 mol kg-1 for 

DIC and 0.05±0.02 ‰ for 13C-DIC. Using the simultaneously measured DIC and 

13C-DIC data, the biogeochemical controls on DIC and its isotope composition in the 

bay during spring are discussed. In the northern upper bay, the main controlling 

                                                 

 
4 Su, J., Cai, W.-J., Hussain, N., Brodeur, J., Chen, B. and Huang, K., 2019. 

Simultaneous determination of dissolved inorganic carbon (DIC) concentration and 

stable isotope (δ13C-DIC) by Cavity Ring-Down Spectroscopy: Application to study 

carbonate dynamics in the Chesapeake Bay. Mar. Chem., 103689. 

doi:10.1016/j.marchem.2019.103689 
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processes were CO2 outgassing and carbonate precipitation, whereas primary 

production (surface) and degradation of organic carbon (subsurface) dominated in the 

southern upper bay and middle bay. By improving the mode of sample introduction, 

the system could be automated to measure multiple samples. This would give the 

system the potential to provide continuous shipboard measurements during field 

surveys, making this method more powerful for exploring the complicated carbonate 

system across a wide range of aquatic settings. 

 

Introduction 

    Dissolved inorganic carbon (DIC) is the sum of all dissolved forms of 

inorganic carbon including aqueous carbon dioxide (CO2aq), carbonic acid (H2CO3), 

bicarbonate (HCO3
-) and carbonate (CO3

2-), and it is the major pool of carbon in most 

natural waters (Zeebe and Wolf-Gladrow, 2001; Bianchi, 2011). Its stable isotope 

abundance is expressed as per mil deviations from the reference standard Vienna-

PeeDee Belemnite (V-PDB) and denoted as 13C in ‰: 

δ13C = (
( 𝐶13 𝐶)12⁄

𝑠𝑎𝑚𝑝𝑙𝑒

( 𝐶13 𝐶)12⁄
𝑉−𝑃𝐷𝐵

− 1) × 1000 

Both DIC and 13C-DIC are influenced by multiple physical and 

biogeochemical processes, such as mixing between river water and seawater, 

biological production, degradation of organic matter, formation or dissolution of 

calcium carbonate (CaCO3), and air-sea CO2 exchange (Samanta et al., 2015). The 

deviations of DIC and 13C-DIC from conservative mixing can be regarded as 

fingerprints left by different biogeochemical processes. Therefore, together with other 

parameters such as salinity, nutrient concentrations and total alkalinity, DIC and 13C-

DIC can be used as powerful tools in studies seeking to understand the sources and 
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cycling processes of carbon in estuarine and coastal environments (Hellings et al., 

1999; Hu et al., 2016; Wang et al., 2016; Su et al., 2017; Yang et al., 2018).  

In estuarine and coastal research, discrete samples are typically taken to 

determine DIC and 13C-DIC separately. DIC can be measured through CO2 

extraction followed by different detection methodologies to quantify the released CO2, 

including coulometry (Dickson et al., 2007; Amornthammarong et al., 2014), 

spectrophotometry (Wang et al., 2007), mass spectrometry (Cardenas-Valencia et al., 

2013), isotope dilution (Huang et al., 2013; Huang et al., 2015), and non-dispersive 

infrared absorption (NDIR) (O'Sullivan and Millero, 1998). The NDIR method has a 

precision of 0.1 % or ±2 mol kg-1 for seawater analysis (Friederich et al., 2002; 

Huang et al., 2012), and it is used in the method comparison performed in this 

analysis.  

13C-DIC is conventionally measured by isotope ratio mass spectrometry 

(IRMS) with precision better than 0.1 ‰ (Humphreys et al., 2015). So far, several 

optical spectroscopy techniques have been developed in order to overcome the 

expense and laboriousness of IRMS measurement, such as tunable diode laser 

absorption spectroscopy (TDLAS) (Bergamaschi et al., 1994), NDIR (Jäger et al., 

2005), Fourier transform infrared spectroscopy (FTIR) (Mohn et al., 2007), and cavity 

enhanced or cavity ring-down methods (Jost et al., 2006; Wahl et al., 2006). Several 

attempts have been made to determine DIC and 13C-DIC simultaneously by Cavity 

Ring-Down Spectrometer (CRDS). For instance, Bass et al. (2012) used an 

acidification interface to extract CO2 from a 350 mL sample in a chamber through 

ePTFE tubing, and determined the 13C of the circulated CO2 between the CRDS and 

the chamber at a 15 min interval, with a precision of ±10 mol kg-1 for DIC and ±0.2 



 

 

 

175 

‰ for 13C-DIC. However, this method requires a large sample volume, and the 

measurement uncertainty of DIC is larger than the accepted practice of ±2 mol kg-1. 

Call et al. (2017) coupled two commercial instruments, an Autonomous Infra-Red 

Inorganic Carbon Analyser (AIRICA) and a CRDS, to measure DIC and 13C-DIC in 

sequence over a 16 min cycle on a sample volume of 2 mL. They achieved a precision 

of 1.5-2 mol kg-1 for DIC by AIRICA and 0.14±0.04 ‰ for 13C-DIC by CRDS at 

DIC > 1000 mol kg-1. Although their study reduced the required sample volume to 

several milliliters without compromising isotope precision, they had to utilize two 

analyzers (one NDIR and one CRDS) separately rather than a single CRDS to 

determine both the DIC concentration and the isotope value. No information about 

CRDS performance for DIC measurement was provided in their paper. Huang et al. 

(2013, 2015) used isotope dilution methods to examine the capability of CRDS for 

DIC analysis and achieved a high precision of <0.02 % in the laboratory and <0.03 % 

in the field survey. While highly precise, this method uses two CRDS detectors (one 

for 13C and one for D and 18O as a flow tracer) and therefore is expensive and not 

easy to set up for many users. The motivation of this study is to achieve simultaneous 

determination of DIC and 13C-DIC with one CRDS detector and a small sample 

volume to achieve high precision comparable with the traditional methods based on 

NDIR and IRMS.  

    In our approach, a CO2 extraction device and CRDS detector were coupled 

to simultaneously measure DIC and 13C in a 3-4 mL sample over an ~11 min 

interval, with average precision of 1.5±0.6 mol kg-1 for DIC and 0.09±0.05 ‰ for 

13C-DIC. Note that the average precision is calculated as the mean of uncertainties 

for each set of triplicate measurements. Intercomparisons with conventional NDIR and 
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IRMS methods were performed to assess the precision and accuracy, injection volume 

effect, instrument stability, and differences among three calibration methods. 

Furthermore, the efficacy of this approach was examined by measuring samples 

collected from a Chesapeake Bay cruise in May 2016, which resulted in a precision of 

0.7±0.5 mol kg-1 for DIC and 0.05±0.02 ‰ for 13C-DIC. Finally, we analyzed the 

field dataset and provided interpretations for the deviations of DIC and 13C-DIC 

relative to conservative mixing, which provides an example of applying this technique 

to distinguish the main biogeochemical processes controlling DIC and its isotope 

composition in estuarine and coastal ocean research.  

 

Materials and procedures 

Instrumentation principles 

    This system is essentially composed of a whole-water CO2 extraction device 

and a CRDS isotopic analyzer (G2131-i, Picarro, www.picarro.com) (Fig. A.1). The 

CO2 extraction device consists of a digital syringe pump (5.0 mL, Kloehn) for 

transferring accurate amounts of reagent and sample, a highly efficient gas stripping 

reactor, and a mass-flow-controller (Model #GFC17, Aalborg) to control the carrier 

gas flow precisely. This device also uses a Nafion tube to reduce the water vapor. A 

pump with 4-port valve was used for single-sample analysis in the present study, 

however recently the device has been upgraded with a 12-port valve designing for 

multi-sample analysis and become commercially available (AS-D1, Apollo Scitech, 

www.apolloscitech.com). The isotopic analyzer is based on a CRDS technique. A gas 

sample is introduced into a high-finesse optical cavity and the unique infrared 

absorption spectrums of trace gas species are determined, thus providing the 

http://www.picarro.com/
http://www.apolloscitech.com/
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concentration or isotopic ratio measurements of a particular gas species of interest, 

such as CO2, H2O and CH4 (Crosson, 2008). More detailed principles and the 

performance evaluation of the CRDS instruments can be found elsewhere (Friedrichs 

et al., 2010; Nara et al., 2012). A single software routine is written for both units to 

operate CO2 extraction procedures, read data and calculate results. For each 

measurement, an aliquot of sample is acidified in the gas stripper, CO2 is extracted by 

the carrier gas, and the gas stream flows through a moisture condenser before 

measurement by CRDS. The software mentioned above can also acquire raw data 

from CRDS, integrate the CO2 mixing ratio signal (Eq. (1)), and average the 13C-CO2 

values (Eq. (2)). CO2-free compressed air (UN1002, Keen Compressed Gas Co.) was 

used as a carrier gas to avoid the gas matrix effects on CO2 and 13C-CO2, as 

demonstrated by Friedrichs et al. (2010). A vent is used to avoid pressure build-up at 

the inlet of the CRDS.  
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Figure A.1:  A simplified schematic setup of the coupled CO2 extraction device and 

Cavity Ring-Down Spectrometer (CRDS) to simultaneously measure 

DIC and 13C-DIC. Note that the solid arrows mean liquid flow, while 

the dashed arrows mean gas flow. A photograph of the system can be 

found at the manufacturer’s webpage (www.apolloscitech.com). 

Procedure 

    The analytical procedure consists of the following steps:   

    Step 1: Establish baseline. At the beginning, CO2-free carrier gas flows 

through the gas stripper and lowers the CO2 value of the CRDS measurement down to 

1-2 ppm.  

    Step 2: CO2 stripping. The syringe pump first draws 1.5 mL phosphoric acid 

(5 % (vol./vol.) H3PO4 with 10 % (wt./vol.) NaCl), and injects 0.6 mL into the reactor 
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for gas stripping to get rid of the contaminant CO2. Then, the pump draws a 3.8 mL 

sample on top of the remaining 0.9 mL acid in the syringe, and finally injects all liquid 

into the reactor for gas stripping, where dispensed carrier gas continues moving 

upward from the bottom to the top of the reactor (Fig. A.1). DIC is thoroughly 

converted to CO2, which is extracted by the carrier gas and flows through a condenser 

to reduce water vapor before measurement by CRDS.  

    Step 3: CO2 detection. The CO2 gas flows through the cavity and is detected 

by CRDS. Meanwhile, the raw data for CO2 (
12CO2+

13CO2) and 13C-CO2 are read 

from CRDS and are recorded at ~ 1 HZ frequency for a period of ~350 s. When the 

change of CO2 measurements drops below a preset threshold (i.e., standard deviation 

of CO2 for 15 consecutive data points is less than 0.15 ppm), the software will 

terminate the analysis, because there is only a small amount of CO2 left in the reactor 

and further gas stripping would change the area integration value of CO2 very slowly. 

Terminating the analysis at this point results in an uncertainty of duplicate analysis 

less than 0.1 %. 

    Step 4: Discharge. After measurement termination, the acidified sample is 

discharged and the system is flushed by CO2-free carrier gas to return to near-blank 

condition. Then, the system is ready to run the next measurement cycle. The average 

time for each cycle is ~ 11 min. 

Determination of DIC and 13C-DIC 

    Following the Apollo Scitech DIC analysis method, the software has a 

function to integrate the area under the CO2 curve minus the area under a baseline to 

measure the concentration of DIC. A typical output from CRDS is shown in Fig. A.2, 

in which CO2 is stable and low (< 2 ppm) for the first 50 s, then sharply increases to a 
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peak value, and decreases to a low value (< 10 ppm) again. The start and end points 

for DIC integration are set to values where standard deviation of CO2 for 15 

consecutive data points is less than 0.15 ppm. The start and end points and their 

corresponding CO2 values are used to derive a baseline in order to eliminate the 

background effect on area integration. The net area is integrated by the equation:  

                  Net Area = ∑(𝐶𝑂2𝑖
  𝑚𝑒𝑎𝑠 − 𝐶𝑂2𝑖

  𝑏𝑎𝑠𝑒) × ∆𝑇𝑖    (1) 

where 𝐶𝑂2𝑖
  𝑚𝑒𝑎𝑠  represents the measured CO2 value from CRDS at the ith 

measurement interval, 𝐶𝑂2𝑖
  𝑏𝑎𝑠𝑒 represents  the baseline value of CO2 on the solid line 

in Fig. A.2 at the same interval, and ∆𝑇𝑖 is the time between the two consecutive 

intervals i+1 and i.  
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Figure A.2: Typical output from the CRDS showing data collected for one 

measurement for CO2 (triangles) and 13C-CO2 (circles). Net integration 

area for DIC is obtained by integrating the area under the curve marked 

with triangles over the solid baseline. The 13C-DIC is derived from the 

integrated area above the dashed line and beneath the triangle curve and 

the corresponding 13C-CO2 values. 

    Meanwhile, the 13C-CO2 signal is noisy and randomly distributed when 

CO2 is low (e.g., when CO2 <100 ppm, standard deviation of 13C-CO2 is ±42.1 ‰), 

but becomes relatively stable when CO2 is high (e.g. when CO2 >100 (380) ppm, 

standard deviation of 13C-CO2 is ±0.99 (0.70) ‰). The manufacturer states that 

CRDS has a precision of 0.05 % for CO2 and 0.12 ‰ for 13C-CO2 when the CO2 

concentration ranges from 380 to 2000 ppm, but the measurement uncertainty 

becomes larger as CO2 decreases to less than 380 ppm. Thus, a cutoff value of CO2 

was set in order to decrease the influence of the less accurate isotope data points at 
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low CO2. Above the CO2 cutoff value, 13C-CO2 is relatively stable and suitable for 

averaging isotope data. The integrated net area above the cutoff line is used as a 

weight for isotope averaging. The 13C-DIC is thus derived from the following 

equation: 

               𝛿13𝐶-𝐷𝐼𝐶 =
∑(𝐶𝑂2𝑗

  𝑚𝑒𝑎𝑠−𝐶𝑂2
  𝑐𝑢𝑡𝑜𝑓𝑓

)×∆𝑇𝑗×𝛿13𝐶-𝐶𝑂2𝑗

∑(𝐶𝑂2𝑗
  𝑚𝑒𝑎𝑠−𝐶𝑂2

  𝑐𝑢𝑡𝑜𝑓𝑓
)×∆𝑇𝑗

    (2) 

where 𝐶𝑂2
  𝑐𝑢𝑡𝑜𝑓𝑓

 represents the cutoff value of CO2,  𝐶𝑂2𝑗
  𝑚𝑒𝑎𝑠 is  the measured CO2 

value at jth measurement interval, and 𝛿13𝐶-𝐶𝑂2𝑗 is the measured 13C-CO2 value 

from CRDS at the same interval. Since the purpose of using a cutoff value is to define 

a period when 13C-CO2 is relatively stable, the lower end (i.e., 380 ppm) of the 

suitable range recommended by the manufacturer (380-2000 ppm) is ideally suitable 

for the cutoff value. But in our case the cutoff value was arbitrarily set to 100 ppm, 

because the final results of 13C-DIC from one measurement were not significantly 

different (e.g., -0.16, -0.15, -0.16, -0.15, -0.15 and -0.16 ‰, respectively) when using 

different cutoff values of 100, 150, 200, 250, 300 and 380 ppm. This is largely 

because the detected CO2 quickly increases beyond 380 ppm, so that the amount of 

data between 100 and 380 ppm is small relative to the total, which therefore has 

almost no influence on the final results of 13C-DIC. Adopting a low cutoff value of 

100 ppm may have the advantage of allowing the method to be applicable to low DIC 

freshwater samples though further evaluation is needed.  

Evaluation of system performance 

As shown in Fig. A.3, three sets of standards were employed for concentration 

and isotope calibrations. The DIC standard is the Dickson certified reference material 

(CRM; Batch 172, DIC = 2038.99 mol kg-1, Salinity = 33.450 psu) run at three 

different volumes (e.g., 2.0, 2.6 and 3.3 mL) to bracket the net area of unknown 
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samples for calibration of DIC concentration. Since the curve integration approach 

measures the total amount of released CO2, this approach uses three volumes of one 

CRM to create a three-point standard curve. This is the principle used in all Apollo 

Scitech DIC analyzers and its validity has been confirmed in our work by comparison 

using three concentrations at a single volume (e.g., 3.3 mL).  

 
 

Figure A.3: Schematic showing evaluation of system performance. 

The isotope standards include an isotopically heavy standard STD1 (-

2.74±0.10 ‰) and a depleted standard STD2 (-19.17±0.10 ‰), which were made by 

dissolving NaHCO3 solids (LC229431, LabChem for STD1; S-233, Fisher Scientific 

for STD2) in ultra-pure water (Milli-Q), and were verified by IRMS in the stable 

isotope facility, University of California, Davis. The third standard SGL2 was also 

made by dissolving NaHCO3 solids in ultra-pure water (Milli-Q) but bubbling with air 
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overnight, which was then verified by NDIR for DIC concentration (2086.4 mol kg-1) 

and by IRMS for 13C-DIC (-2.20±0.10 ‰). SGL2 was measured using three different 

volumes for calibrations of both concentration and isotope. A series of prepared 

solutions with distinct DIC and 13C-DIC values was made by diluting mixtures of 

two kinds of concentrated NaHCO3 solutions, which have the same DIC concentration 

but different 13C-DIC values. The prepared solutions have DIC ranging from ~750 to 

~2100 mol kg-1, and 13C-DIC ranging from -2.4 to -19.4 ‰. In addition, 4 L aged 

seawater (DIC = 2181.7 mol kg-1, 13C = -2.0 ‰) from the Gulf of Mexico (GOM) 

was stored in a gas-tight aluminum bag for examining the repeatability and long-term 

stability of the instrument.  

The three sets of standards were measured before and after each batch of 

samples, which included prepared solutions and aged GOM seawater. Precision was 

evaluated based on the standard deviations of at least three replicate determinations for 

each sample. Accuracy was examined by comparing the DIC values between NDIR 

and CRDS methods, and the 13C-DIC values between IRMS and CRDS methods 

using the prepared solutions, aged GOM seawater and CRM. To test the instrument’s 

stability, the results calibrated by each day’s working curves were compared with the 

first day’s working curve over a period of 83 h. Also, the effect of injection volume on 

DIC and 13C-DIC was evaluated by running GOM seawater in 13 different injection 

volumes. Three calibration methods were examined to correct the raw data from 

prepared solutions and aged GOM seawater, including i) using CRM in three different 

volumes to calibrate DIC, and using two isotopic standards STD1 and STD2 to 

calibrate 13C-DIC; ii) using SLG2 in three different volumes to calibrate both DIC 

and 13C-DIC (i.e., three-point calibration for DIC and single-point calibration for 
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13C-DIC); and iii) using SLG2 in a middle volume to calibrate both DIC and 13C-

DIC (i.e., single-point calibration for both DIC and 13C-DIC). 

Field work in the Chesapeake Bay 

The Chesapeake Bay is the largest estuary in the United States. The Bay is 

about 300 km long, with a relatively deep (20 to 30 m) but narrow (1 to 4 km) central 

channel confined by a sill in its lower bay (Kemp et al., 2005). Broad shallow areas 

flank the central channel throughout the bay (Boicourt et al., 1999). A three-day cruise 

was conducted in early May, 2016 to test the performance of the system (Fig. A.4). On 

4-5 May 2016, we cruised from the upper bay (CB2.1) southwards to the middle bay 

(CB4.4). On 6 May, we started sampling at CB5.5 in the lower bay, and went 

northward to CB5.1. Waters were pumped up to the deck for sampling from 3-5 

depths at each station. Salinities were measured in discrete samples using a Cole-

Parmer® salinity meter (±0.1 psu). The deionized water and the Dickson CRM were 

used to calibrate salinity. A water sample was preserved in a 250 mL borosilicate glass 

bottle with 50 L saturated HgCl2 solution for DIC and 13C-DIC analysis (Huang et 

al., 2012). About 4-5 mL sample was first analyzed for DIC concentration using an 

AS-C3 DIC analyzer (Apollo Scitech), which uses an NDIR-based detector (LI-7000, 

Li-Cor) (Huang et al., 2012). In the NDIR-based analysis, 3-volume standardization 

(that is using 0.5, 0.7 and 0.9 mL of CRM Batch 150) was performed twice daily, one 

in the early morning and one in the late afternoon with one single CRM volume (0.7 

mL) inserted in the mid-day as unknown to check the instrument stability. An 

analytical precision better than ±0.1 % was achieved each day.  
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Figure A.4: Sampling stations (blue) in the Chesapeake Bay in May 2016. Red circles 

represent the river endmember at Conowingo in the Susquehanna River, 

and offshore seawater endmember at four stations in the Mid-Atlantic 

Bight. The arrow points to the outlet of the Susquehanna River. The red 

lines divide the main channel into three sub-regions, i.e., upper bay (39.0-

39.5°N), middle bay (37.9-39.0°N) and lower bay (37.0-37.9°N). The 

inserted regional map indicates the location of the Chesapeake Bay. 

The remaining sample was measured by CRDS for both DIC and 13C-DIC 

within 3 weeks. Since the analysis of field samples were performed before we 

thoroughly evaluated the different calibration methods, only a CRM (Batch 150, DIC 

= 2017.88 mol kg-1, Salinity = 33.343 psu) and a NaHCO3 solution with known 13C-

DIC (-1.95±0.02 ‰, n=3) were used as standards for calibrations of DIC concentration 
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and isotope, respectively. The injection volumes for all standards and samples were set 

as 3.8 mL. Single-point calibrations were applied to both DIC and 13C-DIC of the 

field samples. Before isotopic analysis, the samples were stored in a cold room. 

 

Results and discussion  

Assessment of precision and accuracy 

For the prepared solutions and aged GOM seawater measurement (n=87), the 

overall analytical uncertainty of DIC was 1.5±0.6 mol kg-1 and of 13C-DIC was 

0.09±0.05 ‰. The uncertainty in 13C-DIC did not increase when DIC decreased from 

~2200 to ~750 mol kg-1. This is consistent with Bass et al. (2012), in which the 

standard deviation of 13C-DIC kept at < 0.2 ‰ at DIC above 360 mol kg-1.  

The accuracy of DIC and 13C-DIC analysis was examined through direct 

comparison of CRDS with NDIR and IRMS measurements on the prepared solutions, 

aged GOM seawater and CRM (Fig. A.5). The average offset in measured DIC and 

13C-DIC between methods (i.e., DIC_CRDS - DIC_NDIR, and 13C-DIC_CRDS - 

13C-DIC_IRMS) was -0.7±3.1 mol kg-1, which is close to the uncertainty of the 

NDIR-based DIC measurement (0.1 % or ±2 mol kg-1), and 0.13±0.12 ‰, which is 

close to the accuracy of the IRMS measurement on 13C-DIC (0.1 ‰).  
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Figure A.5: Intercomparison of DIC between CRDS and NDIR (a), and 13C-DIC 

between CRDS and IRMS (b). Slope of ~1.00 shows excellent agreement 

not only between two different methodologies, but also laboratories. 

The assessment of precision and accuracy is consistent with a recently 

published paper on a worldwide seawater 13C-DIC intercomparison exercise (Cheng 

et al., 2019). Identical replicate samples (CRM Batch 157 and deep ocean seawater) 

were sent to 16 laboratories for analysis using methods of IRMS (14 groups), CRDS 

(1 group), and both IRMS and Isotope Ratio Infrared Spectrometer (IRIS) (1 group). 

Among the 16 laboratories, Lab #9 utilized a similar apparatus (Apollo Scitech AS-D3 

DIC analyzer and Picarro G2201-i CRDS detector). This work achieves a within-lab 

precision of ±0.12 ‰, and their average (uncorrected) deep ocean seawater results are 

within 0.01‰ relative to the all-lab average that was determined largely using IRMS 

(Cheng et al., 2019). Therefore, the system used in the present study can 

simultaneously determine DIC and 13C-DIC, achieving good precision and accuracy 

comparable to the established analysis methods for typical coastal and oceanic waters. 

When compared with the prevalent IRMS isotope measurements, this system has an 

additional advantage of getting precise DIC analysis, because the traditional IRMS 
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method does not provide precise determination of DIC concentration as illustrated in 

an earlier interlaboratory comparison study (van Geldern et al., 2013).  

Effect of Injection volumes on DIC and 13C-DIC 

    The sample injection volume can be adjusted in the software for different 

types of sampling sources, e.g., using a smaller injection volume for a high DIC 

sediment porewater sample, and using a larger injection volume for a low DIC river 

water sample. Therefore, a known aged GOM seawater sample (DIC_NDIR= 

2181.7±2.6 mol kg-1 and 13C-DIC_IRMS= -2.24±0.10 ‰) was run in a series of 

injection volumes to see if changes to the injection volume could affect the 

measurements of DIC and 13C-DIC using the CRDS system (Fig. A.3 and A.6). As 

shown in Fig. A.6, the average DIC_CRDS value of aged GOM seawater with 

different injection volumes was 2180.7±2.0 mol kg-1, which is close to the 

DIC_NDIR value of 2181.7±2.6 mol kg-1. This suggests that injection volume has 

virtually no effect on DIC in CRDS analysis. By contrast, 13C-DIC_CRDS was stable 

(-2.04±0.06 ‰) with larger injection volumes (2.4 to 4.0 mL), but became a little 

heavier (-1.84±0.08 ‰) when the injection volume was less than 2.4 mL. This may be 

related to the fact that when the cutoff value was fixed at 100 ppm CO2, the smaller 

injection volume (< 2.4 mL) would produce a lower CO2 peak and a smaller data pool 

of 13C-CO2 above 100 ppm. Thus, the weight of the less accurate and heavier 13C-

CO2 (at 100-380 ppm CO2 interval) may slightly increase and make the final 13C-DIC 

a little heavier (Eq. (2)). Although a larger injection volume may increase the analysis 

duration for each run, it can help to maintain a better repeatability of 13C-DIC. Note 

that the injection volumes for the assessment of precision and accuracy (Section 3.1) 

are larger than 2.4 mL. Also the overall 13C-DIC_CRDS of GOM seawater is about 
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0.2 ‰ heavier than the IRMS verified value (-2.24±0.10 ‰) (Fig. A.6), which may be 

caused by the invasion of isotopically lighter atmospheric CO2 to the IRMS samples 

during the transfer of GOM seawater from the air-tight aluminum bag into 250 mL 

borosilicate glass bottles (Call et al., 2017). 

               

Figure A.6: The measured DIC and 13C-DIC of aged Gulf of Mexico seawater with 

different injection volumes. In the upper panel, the dashed line represents 

the average of measured DIC values from CRDS, while the solid 

reference line indicates the average DIC value from NDIR. In the lower 

panel, the dashed lines show the average 13C-DIC values from CRDS in 

two separate injection volume ranges. The solid reference line indicates 

the 13C-DIC value certified by IRMS. 
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Instrument stability 

    Standard materials were measured in three rounds during an 83-hour 

determination of prepared solutions and GOM seawater. The instrument stability was 

examined by using the DIC offset of GOM seawater between the calibration that used 

the first day’s working curve (May 22) and the calibration that used each day’s 

working curves (May 22-24) (Fig. A.7). The average offset value is 1.3±0.7 mol kg-1, 

which is within the measurement uncertainty, meaning there was almost no instrument 

drift for DIC. Meanwhile, the standard deviations of raw 13C-DIC for STD1 (0.08 ‰, 

n=9), STD2 (0.08 ‰, n=9) and aged GOM seawater with injection volume >2.4 mL 

(0.06 ‰, n=55) were within the measurement uncertainty, indicating there was also no 

significant drift for the isotope measurement. High instrument stability shows the 

potential for autonomous and long-term measurement of DIC and 13C-DIC with 

infrequent calibrations in field surveys at sea. 
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Figure A.7: Differences in DIC relative to the time of measurement. Seawater from 

the Gulf of Mexico was used in these analyses to check the instrument 

drift over time. Differences in DIC values were estimated by (i) using the 

calibration curve of the 1st day (May 22) and (ii) the calibration curves of 

each individual day (May 22-24). The three dashed arrows indicate times 

when standards were run. Note that the dot in May 21 is a warm up test 

before carrying out the standard measurement. 

Comparison of different calibration methods 

    Three different calibration methods were compared in our lab evaluation to 

see if single-point calibration could substitute for regular calibrations for DIC (three-

point calibration) and 13C-DIC (two-point calibration) in daily operation, so as to i) 

decrease the time cost spent on running reference materials and increase the sample 

measurement efficiency; and ii) establish a correction relationship between single-

point and regular calibrations. The first method used CRM in three different sample 
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volumes to bracket the net integration area of samples for DIC calibration and two 

IRMS-verified isotopic standards STD1 and STD2 to calibrate the 13C-DIC. This 

approach is similar to the calibrations of DIC in NDIR and of 13C-DIC in IRMS. The 

second method used one standard SGL2, whose DIC and 13C-DIC have been verified 

on NDIR and IRMS, also in three different sample volumes. Thus, SGL2 could 

produce a working curve of carbon content (mol C) vs. net area bracketing all the 

samples for DIC calibration, and one known isotopic value to calibrate 13C-DIC. For 

the third method, the data of middle sample volume of SGL2 was chosen to calibrate 

DIC and 13C-DIC so as to minimize the calibration time. 

    As shown in Fig. A.8a, the first two methods had similar results for DIC 

offset relative to NDIR, while the third method had a more positive offset at DIC < 

1200 mol kg-1, but more negative offset at DIC > 1400 mol kg-1. This is because the 

assumption behind single-point calibration for DIC, that is, a unit net integration area 

represents a constant carbon content, is not true in this case. There was an increasing 

trend for carbon content per unit net area at low net area < 120000, but it remained 

constant thereafter (Fig. A.9). The net integration area of the prepared solutions and 

aged GOM seawater ranged from 50505 to 10366, existing on the increasing zone. As 

the middle volume of SGL2 in the third method with net area of 89541±73 and 

6.04×10-5 mol C per unit net area was adopted for calibration, the DIC of prepared 

solutions and aged GOM seawater with net area < 89541 were overestimated, and > 

89541 were underestimated. The over- or under-estimates are within ±4 mol kg-1 

compared with the first and second methods. When considering the relationship 

between net area and carbon content per unit net integration area of SGL2 in three 
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different volumes (Fig. A.9), we can recalibrate the SGL2 middle volume calibration 

data and get similar results as the first and second methods (Fig. A.8a). 

 

Figure A.8: Comparison of the offset values (i.e., DIC_CRDS - DIC_NDIR and 13C-

DIC_CRDS - 13C-DIC_IRMS) using different calibration methods. (a) 

For DIC, three volumes of CRM (red), three volumes of SGL2 (green) 

and a middle volume of SGL2 (grey) were used to calibrate the output 

data. The results of the middle volume SGL2 calibration (blue) were 

further recalibrated so as to remove the systematic error from single-point 

calibration. (b) For 13C-DIC, one volume of STD1 (-2.74±0.10 ‰) and 

STD2 (-19.17±0.10 ‰) each (red), three volumes of SGL2 (-2.20±0.10 

‰) (green) and a middle volume of SGL2 (grey) were used to calibrate 

the output data.   
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Figure A.9: The relationship between DIC content (mol C) of unit net area and net 

area. The vertical dotted line is a reference line separating an increasing 

zone in the left and a constant zone in the right. The horizontal solid line 

indicates the average value (6.04×10-5 mol C per unit net area) of the 

middle volume of SGL2 analyzed, which was adopted in the third 

method of DIC calibration (see text). The systematic errors affecting the 

third method are denoted by arrows, where an upward arrow indicates an 

overestimate and a downward arrow indicates an underestimate. The 

dashed line represents the linear regression line of three volumes (2.0, 

2.6, and 3.3 mL) of SGL2 with R2=0.89. 

    As for 13C-DIC, the first method uses a linear regression of measured and 

true 13C-DIC values of two laboratory reference standards, i.e., STD1 and STD2, to 

normalize the measured 13C of unknown samples to the true 13C in the isotope 

reference scale (Paul et al., 2007). The two-point normalization method has been 

proven to efficiently evaluate the consistency of 13C measurements in interlaboratory 
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comparison work (Coplen et al., 2006), and it has been implemented in the Laboratory 

Information Management System distributed by the United States Geological Survey 

(Paul et al., 2007). The offset between the first calibration method and IRMS values is 

0.13±0.12 ‰, approaching the analytical precision of isotopic measurements. The 

second and third calibration methods are single-point normalizations referencing a 

laboratory isotopic standard SGL2 (-2.20±0.10 ‰), using the measured and true 

values of the reference standard to calibrate the measured values of samples. Their 

offset relative to 13C-DIC_IRMS systematically increased from 0.08 to 0.62 ‰ as the 

absolute 13C-DIC difference between samples and reference standard increased from 

0.04 to 17.43 ‰ (Fig. A.8b). Paul et al. (2007) mathematically demonstrated this kind 

of systematic error associated with single-point anchoring.  

Overall, we suggest that three different CRM volumes be used to calibrate DIC 

concentration, and two different isotopic standards be used to calibrate 13C-DIC 

value, ensuring that the ranges of net area and isotope content of samples are covered 

by the standards. 

DIC and 13C-DIC in the Chesapeake Bay 

   For the field samples, the DIC values measured by CRDS had an average 

precision of 0.7±0.5 mol kg-1, and agreed well with those measured by NDIR 

(DIC_NDIR=0.9921×DIC_CRDS+12.727, R2=0.9999). The average offset between 

measured DIC_CRDS and DIC_NDIR was only -0.6±3.8 mol kg-1, which is close to 

that of the lab test. The 13C-DIC values of the field samples determined by CRDS 

had an average precision of 0.05±0.02 ‰, but were not verified by IRMS. However, 

according to the relationship between single-point calibrated 13C-DIC_CRDS and 

IRMS measured 13C-DIC (i.e., 13C-DIC_IRMS) in Fig. A.8b (grey), the average 
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offset between methods was -0.12±0.05 ‰, which is also close to that of the lab test. 

Further corrections were not made to the single-point calibrated DIC_CRDS and 13C-

DIC_CRDS because their average offset between methods were close to the precision 

and accuracy of measurements. As salinity increased, DIC increased from 951.2 mol 

kg-1 at the uppermost station CB2.1 to 1894.6 mol kg-1 in deep water in the middle 

bay (Fig. A.10). Meanwhile, 13C-DIC increased from -7.68 ‰ near the freshwater 

zone to -0.73 ‰ in the surface water of CB5.5. Generally, DIC was lower and 13C-

DIC was heavier in the surface water of the middle bay, while DIC became enriched 

and 13C-DIC became more depleted as depth increased. 

 

Figure A.10: Distributions of DIC and 13C-DIC against salinity in the Chesapeake 

Bay in May 2016. The dashed lines indicate conservative mixing 

between Susquehanna River water and offshore seawater in the Mid-

Atlantic Bight. 

Two-endmember mixing model 

    In estuaries and coastal environments, physical mixing between freshwater 

and seawater usually dominates the distribution of DIC and 13C-DIC. These 
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parameters are also altered by different biogeochemical processes such as air-water 

CO2 exchange, biological production and organic matter degradation (Alling et al., 

2012; Samanta et al., 2015). In this study, we aimed to remove the effect of physical 

mixing and focus on the biogeochemical processes by using the DIC and 13C-DIC 

data. A two-endmember mixing model between the Susquehanna River endmember at 

Conowingo Dam and the offshore seawater endmember in the Mid-Atlantic Bight was 

adopted to predict the conservative values of DIC and 13C-DIC driven by physical 

mixing in the Chesapeake Bay.  

    Using salinity as a conservative tracer, the mixing fractions between river 

water and seawater for each sample can be quantified using equations (3) and (4):  

                                 𝑓𝑅 + 𝑓𝑆𝑊 = 1     (3) 

                    𝑆𝑅 × 𝑓𝑅 + 𝑆𝑆𝑊 × 𝑓𝑆𝑊 = 𝑆𝑚𝑒𝑎𝑠    (4) 

S represents salinity; f is the mixing fraction; the subscripts R and SW denote the River 

and Seawater endmember, and meas represents the measured value. These fractions 

were applied to predict conservative DIC and 13C-DIC resulting solely from two-

endmember mixing: 

           𝐷𝐼𝐶𝑚𝑖𝑥 = 𝐷𝐼𝐶𝑅 × 𝑓𝑅 + 𝐷𝐼𝐶𝑆𝑊 × 𝑓𝑆𝑊    (5) 

 𝛿13𝐶-𝐷𝐼𝐶𝑚𝑖𝑥 =
𝛿13𝐶-𝐷𝐼𝐶𝑅×𝐷𝐼𝐶𝑅×𝑓𝑅+𝛿13𝐶-𝐷𝐼𝐶𝑆𝑊×𝐷𝐼𝐶𝑆𝑊×𝑓𝑆𝑊

𝐷𝐼𝐶𝑚𝑖𝑥
  (6) 

Subscript mix means conservative mixing value. 

    For the riverine DIC endmember, we compiled the historical DIC data 

measured by Cai’s lab during August 2015-April 2017 (n=35) with the daily discharge 

rate Q from USGS (Site number 01578310), and then obtained linear relationships of 

DIC vs. LogQ (DIC= -540*LogQ+2714, R2=0.49, p<0.0001). Considering the 

relatively long residence time of  ~180 days in the Chesapeake Bay (Du and Shen, 
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2016), the specific discharge rate during the cruise period and 30 days prior was used 

to derive the riverine DIC endmember value (i.e., 1091.7±73.6 mol kg-1). Although 

the discharge varied ~20 % during the cruise period and multiple periods (10, 20, 30, 

50, 70 and 90 d) prior to the cruise, it had only a small influence on the derived 

riverine DIC endmember values (< 5 %), within the uncertainty listed in Table A.1. 

Hossler and Bauer (2012) monitored the carbon isotopes of DIC in eight rivers in the 

U.S. east coast, including the Susquehanna River, at approximately 3-4 month 

intervals during 2005-2007, and observed a general pattern of summer-depleted and 

winter-enriched 13C-DIC signatures. The average value of 13C-DIC in the spring and 

summer of 2006 was adopted as the riverine 13C-DIC endmember value (-7.3±0.2 

‰). For the offshore DIC endmember, a linear regression of DIC vs. salinity 

(DIC=79.1*Sal-596.5, R2=0.72) was derived with data from four stations (Sta. 82, 83, 

85 and 87) in the Mid-Atlantic Bight, which were visited in the East Coast Ocean 

Acidification (ECOA) cruise in July 2015. Then, the salinity of the ocean endmember 

(33.618±0.139 psu) in Cai et al. (2017) was used to derive the offshore DIC 

endmember value (2063.5±11.0 mol kg-1). Quay et al. (2007) compiled data from 28 

cruises since 1986 to summarize the meridional trends of 13C-DIC in the surface 

Atlantic Ocean in three time domains, the 1980s, 1990s and 2000s. According to the 

latitude range of the Chesapeake Bay (36-40 °N), the offshore 13C-DIC endmember 

value was adopted as 1.3±0.1 ‰. Both the offshore seawater DIC and 13C-DIC 

endmember values fall into the ranges in the Mid-Atlantic Bight reported by Bauer et 

al. (2001). 
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Table A.1: Summary of endmember values and their uncertainties. 

Endmembers Salinity 

(psu) 

DIC 

(mol kg-1) 

13C-DIC 

(‰) 

Riverine 0 1091.7±73.6 -7.3±0.2a 

Offshore 33.618±0.139b 2063.5±11.0 1.3±0.1c 
aAverage value of 13C-DIC in the Susquehanna River in the spring and summer of 

2006 in Hossler and Bauer (2012). 
bThe salinity of the ocean endmember in Cai et al. (2017). 
cCited from Quay et al. (2007) according to the latitude range of the Chesapeake Bay 

(36-40 °N). 

 

Main biogeochemical controls on DIC composition in the Chesapeake Bay 

    Using the river and offshore endmember values determined above, 

conservative mixing lines for DIC and for 13C-DIC against salinity were established 

(Fig. A.10). A significant number of DIC and 13C-DIC data points were distributed 

above or beneath the conservative mixing lines, indicating that other processes played 

an important role in DIC and its isotope distributions in the Chesapeake Bay (Fig. 

A.10). Since the processes that change DIC may have distinct 13C source values and 

isotopic fractionation, it is advantageous to use both DIC and 13C-DIC to distinguish 

them. Using a method similar to Alling et al. (2012) and Samanta et al. (2015), the 

fractional deviations of DIC (ΔDIC) and 13C-DIC (Δ13C-DIC) relative to the 

conservative mixing values were calculated according to the following equations. 

                          Δ𝐷𝐼𝐶 =
𝐷𝐼𝐶𝑚𝑒𝑎𝑠−𝐷𝐼𝐶𝑚𝑖𝑥

𝐷𝐼𝐶𝑚𝑖𝑥
    (3) 

             ∆𝛿13𝐶-𝐷𝐼𝐶 = 𝛿13𝐶-𝐷𝐼𝐶𝑚𝑒𝑎𝑠 − 𝛿13𝐶-𝐷𝐼𝐶𝑚𝑖𝑥  (4) 

The propagation errors of ΔDIC and Δ13C-DIC for each sample were calculated 

based on Taylor’s expression (Taylor, 1997; Han et al., 2012). 

    As shown in Fig. A.11 (Δ13C-DIC vs. ΔDIC), the data can be explained as 

the combined result of five processes: CO2 outgassing, biological production, 
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degradation of organic carbon, carbonate precipitation and carbonate dissolution. The 

different vectors for the five processes were calculated according to the approach and 

equations given in Samanta et al. (2015). There are four likely vectors for the 

degradation of organic carbon, depending on the initial DIC and 13C-DIC 

composition in the water and the sources of organic carbon. Combining the 13C 

values of organic carbon from terrestrial (-28.0 ‰) and marine (-21.0 ‰) sources with 

the 13C-DIC endmember values in river water (-7.3 ‰) and offshore seawater (1.3 

‰), the slopes of these vectors were calculated as -20.7 (on river water or vector TR) 

and -29.3 (on seawater or vector TS) for degradation of terrestrial organic carbon, and 

-13.7 (on river water or vector MR) and -22.3 (on seawater or vector MS) for 

degradation of marine organic carbon. Assuming the 13C of biogenic CaCO3 is 0 ‰, 

the slopes for carbonate dissolution were calculated as 7.3 in the low salinity zone 

(vector DR) and -1.3 in the high salinity zone (vector DS).  As carbonate precipitation 

is the reverse of dissolution, the slopes of vectors for carbonate precipitation will be -

7.3 and 1.3 (vectors PR & PS). Using the average temperature (13.4 ℃) of the surface 

water in this cruise, the equilibrium fractionation factor between aqueous CO2 and 

HCO3
- were calculated as -10.2 ‰ (Rau et al., 1996). Therefore, the slope value of 

vector for CO2 outgassing is -10.2. Assuming the phytoplankton preferentially utilize 

aqueous CO2 as a carbon source, the photosynthesis activity would have two stages of 

isotopic fractionation when DIC is transferred into POC (Alling et al., 2012). In the 

first stage, there is a temperature-dependent equilibrium fractionation factor between 

13C-DIC (approximately equal to 13C-HCO3
-) and aqueous CO2, which was -10.2 ‰ 

as mentioned before. In the second stage, the aqueous CO2, which is equilibrated with 

the atmospheric CO2 (
13C-CO2 = -8 ‰) (Gruber et al., 1999), is incorporated into 
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POC with an average 13C-POC value of -23.8 ‰ (W-J. Cai unpublished data), 

resulting in a fractionation factor of -15.8 ‰. Thus, the total isotope fractionation 

between 13C-DIC and 13C-POC is calculated as -26.0 ‰ by summing up the 

fractionation factors in the two stages. Therefore, the slope of the vector for primary 

production is -26.0. 
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Figure A.11: The deviations of DIC concentrations (ΔDIC) and 13C-DIC (Δ13C-

DIC) relative to the conservative mixing line in the Chesapeake Bay in 

May 2016. Note that the origin represents the data only controlled by 

conservative mixing. The data points would deviate from the origin in 

directions shown with solid vectors if they were influenced by a specific 

additional process, or shown with dashed and dotted vectors if they were 

influenced by more than one process. See main text for details on 

drawing these vectors. The four vectors (TS, TR, MS, MR) represent 

effects of degradation of organic carbon, which depend on the sources of 

organic carbon (T: terrestrial source; M: marine source) and the initial 

DIC and 13C-DIC composition in the water (S: seawater; R: river water). 

Vectors DS and DR, drawn using the 13C-DIC of seawater and river 

water, respectively, denote the effect of CaCO3 dissolution. Similarly, 

vectors PS and PR indicate the effect of CaCO3 precipitation. Vectors in 

the upper left quadrant indicate the effects of primary production or CO2 

outgassing. Dashed vectors marked N, which are drawn parallel to vector 

CO2 outgassing, indicate the effect of CaCO3 precipitation followed by 

CO2 outgassing. Dotted vectors marked M, which are drawn parallel to 

vector DS, illustrate the effect of degradation of organic carbon followed 

by CaCO3 dissolution. 
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    All data from stations CB2.1 and 2.2 in the northern part of upper bay lie on 

the third quadrant (Fig. A.11), which can be explained by carbonate precipitation 

alone or seen as the combined results of carbonate precipitation and CO2 outgassing. 

When moving southward to the southern part of the upper bay and the middle bay, 

most of the data in the surface water fall on the second quadrant, indicating that CO2 

outgassing and/or CO2 removal via biological production are the main processes 

controlling the DIC and 13C-DIC of surface water. In contrast, the majority of data in 

the bottom water lie on the fourth quadrant, meaning that the DIC and 13C-DIC of the 

bottom water in the southern part of upper bay and the middle bay are primarily 

controlled by degradation of organic carbon. Data from the intermediate depths are 

distributed between the surface and bottom data, which is understandable as water is a 

continuum for mixing of dissolved chemical species.  

    These results are consistent with previous investigations (Kemp et al., 1997; 

Cai et al., 2017). For instance, Kemp et al. (1997) estimated the net ecosystem 

metabolism of three regions in the Chesapeake Bay along the land-sea gradient, and 

concluded that community respiration exceeded primary production in the upper bay, 

which was caused by the combined effects of allochthonous organic carbon input and 

high turbidity conditions that enhanced respiration and inhibited photosynthesis 

(Smith and Kemp, 1995). Cai et al. (2017) measured supersaturated pCO2 and 

undersaturated O2 in the northern regions of the bay, confirming that the CO2 

outgassing process prevailed in the upper bay surface water. Su et al. (2018, in 

preparation) found that the submerged aquatic vegetation (SAV) beds in the shallow 

regions along the bay, such as SAVs in the Susquehanna Flats, can work as biogenic 

CaCO3 factories to produce CaCO3 solids on a local scale. Thus, carbonate 
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precipitation and CO2 outgassing control the distribution of DIC and 13C-DIC in the 

northern part of the upper bay. In contrast to net heterotrophy in the upper bay, the 

integrated metabolism in the middle bay is nearly balanced and net autotrophy 

dominates in the lower bay (Kemp et al., 1997).  Given the two-layer structure in the 

water column in the middle bay in May (Schubel and Pritchard, 1986), the carbonate 

and oxygen vertical dynamics would be distinct, with pCO2 undersaturated and 

oxygen supersaturated in the surface water and an increasing DIC enrichment and 

oxygen deficit as depth increases in the water below the pycnocline. The underway 

pCO2 measurement in this cruise showed that the surface water in the middle bay is a 

weak sink of atmospheric CO2 (W-J. Cai unpublished data), which is consistent with 

previous published work (Cai et al., 2017). In the bottom water of the middle bay, 

oxygen is seasonally depleted due to the deep channel topography, water stratification 

and supply of labile autochthonous organic matter. Oxygen-based estimates of 

metabolism have demonstrated that bottom-layer net O2 consumption rates were 

highly correlated with surface-layer net O2 production rates (Smith and Kemp, 1995). 

Although Cai et al. (2017) concluded that carbonate dissolution can contribute up to 

70 % of the total amount of TA production in the middle bay in August 2013, few data 

points fell in the first quadrant, indicating that carbonate dissolution was not a major 

controlling process for DIC and 13C-DIC in the water column in early May, 2016. 

However, it is possible that some CaCO3 dissolution may shift the bottom data points 

from near vector MS to closer to vector MR (Fig. A.11). Further study is needed to 

resolve this issue. Long-term dissolved oxygen data have revealed that hypoxia occurs 

in the Chesapeake Bay from early June through September in almost every year with 

large biweekly variability (Murphy et al., 2011).  Considering the average winter-
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spring (January to May) Susquehanna River flow in 2016 was 20 % below the 50-year 

average (1967 to 2017), the onset timing of hypoxia/anoxia in the main channel would 

probably have occurred later than early June (Hagy et al., 2004). This is further 

confirmed by another cruise conducted during 6-10 June 2016, in which hydrogen 

sulfide was not detected in the main channel (W-J. Cai unpublished data). For our 

cruise in early May, it was too early to develop a severe and large hypoxic/anoxic 

zone in the bottom water of middle bay, which is consistent with a much weaker 

signal of carbonate dissolution relative to August. Therefore, DIC and 13C-DIC in the 

middle bay were primarily controlled by biological production and degradation of 

organic carbon in early May, 2016.  

 

Conclusions 

Our study demonstrates that simultaneous measurement of DIC and 13C-DIC 

by coupling a CO2 extraction device and CRDS can generate highly accurate and 

precise data, comparable to the traditional methods of NDIR for DIC analysis and 

IRMS for 13C-DIC analysis. Consequently, this approach provides efficient and 

economical measurements of these two parameters with a single instrument. Other 

advantages include the small sample volume requirement (3-4 mL), short 

measurement cycle (~11 min.), and easy handling. To date, the paired DIC and 13C-

DIC dataset remains limited (Quay et al., 2003; Becker et al., 2012; Becker et al., 

2016). Much more effort is needed to expand the temporal and spatial coverage of this 

database. By adding an automatic sampling module or changing the 4-port to 12-port 

distribution valve, our instrument can automatically measure up to eight or even more 

samples in each batch analysis without requiring any operator attention, which could 
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thus save time and labor during analyses. In addition, the advantages of easy handling 

and high stability indicate the system has the potential to conduct continuous 

shipboard measurements or be deployed in the field for a relatively long period. 

However, further testing is needed to confirm the potential of this technique. Using 

data of DIC and 13C-DIC from the Chesapeake Bay field survey on 4-6 May 2016, 

we conclude that DIC and its isotopic composition were primarily controlled by 

carbonate precipitation and CO2 outgassing in the northern regions of the upper bay, 

but by primary production and degradation of organic carbon in the southern parts of 

upper bay and the middle bay. This application provides new insight for distinguishing 

the main controls on DIC and 13C-DIC in estuarine and coastal environments. By 

improving the mode of sample introduction, the system offers the potential to expand 

the temporal and spatial coverage of paired DIC and 13C-DIC, facilitating future 

research into complex carbonate system questions across a wide range of aquatic 

settings. 
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